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Abstract

The formation of CaCO3 in the ocean is an important process affecting the exchange

of CO2 with the atmosphere, especially on longer timescales. Formation of CaCO3 in the

largest part of the open ocean is mostly done by planktonic organisms, coccolithophores,

foraminifera and to lesser degree pteropods. CaCO3 that is formed near the ocean surface

mostly sinks through the water column, often together with organic debris and dissolves at

depth where the solubility product of CaCO3 in its two main crystal forms (calcite and arag-

onite) increases due to the increase in pressure. Formation and dissolution of CaCO3 affect

both dissolved inorganic carbon and total alkalinity and hence CO2. For this reason, bio-

geochemical ecosystem models often include the cycling of CaCO3. Here the production

of CaCO3 is analyzed in the global biogeochemical model REcoM. In REcoM, biogenic

CaCO3 production is limited to phytoplankton only and is strictly proportional to the growth

of the small phytoplankton model compartment. It is assumed that, a constant fraction of

the small phytoplankton consists of coccolithophores and that these have a constant ratio

between CaCO3 and organic carbon. When the model is integrated over a thousand years

under a monthly climatological forcing, REcoM output shows that with these assumptions,

the alkalinity begins to deviate strongly with respect to the available observations. For the

standard set of parameters of the ecosystem model, a transfer of alkalinity is identified from

the ocean surface to the deep ocean, mostly in the depth range between 1700 m to 2000 m.

Changes in the freshwater or salinity distribution but more likely an unrealistic distribution

of CaCO3 production and dissolution in the model are possible explanations. In this study,

it is tested that whether changes in the parameterization of the CaCO3:POC ratio in the

model can improve the alkalinity distribution. A simple reduction in the ratio leads to a

much improved alkalinity distribution but with an export of CaCO3 of 0.343 Pg C yr−1

which is slightly lower than the estimation of [Berelson et al., 2007]. Furthermore, a more

complicated dependency of the CaCO3 : POC production rate on temperature, nutrients and

biomass suggested by [Aumont and Bopp, 2006] does not lead to a significant improvement

on alkalinity distribution. Formation of CaCO3 in the form of aragonite and dependency of

the dissolution of CaCO3 on seawater saturation state are neglected in REcoM.
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1 Introduction

1.1 Production and export of CaCO3 in the ocean

Calcium carbonate is one of the most common minerals on earth’s surface. Several crystal

forms of CaCO3 exist, of which the two most abundant are calcite and aragonite. In the ocean,

calcite can represent a significant fraction of shelf and deep sea sediments. The mineral CaCO3

is formed in the open ocean by biological processes and the precipitation of CaCO3 is mainly

done by three different types of phytoplankton and heterotrophic zooplankton [Sarmiento and

Gruber, 2006, chapter 9, p.362]. Coccolithophorids which are a group of photosynthetic uni-

cellular algae form an outer sphere made out of small calcite plates. In coccolithophorids, the

CaCO3 platelets (liths) are formed in special coccolith vesicles. After the formation of liths,

they are transported to the outside portion of the cell and stay within a coccosphere until they

are shed individually after the death of the cell or sometimes earlier [Sarmiento and Gruber,

2006, chapter 9]. Foraminifera which are unicellular amoeba-like organisms generally form a

shell made out of calcite and pteropods which are free-swimming snails produce a shell made

out of aragonite instead of calcite [Sarmiento and Gruber, 2006, chapter 9, p.362]. Evolution-

ary history is likely the key determinant for which mineral phase organisms precipitate because

surface waters are supersaturated with respect to both mineral phases [Sarmiento and Gruber,

2006, chapter 9,]. Some marine organisms such as foraminifera precipitate CaCO3 shells for

protection against enemies, for others the reason for calcification is still debated. The formation

of CaCO3 from Ca2+ and HCO−
3 produces aqueous CO2 and is hypothesized to be used as a

source of inorganic carbon during photosynthesis of coccolithophorids [Paasche, 1962, Sikes

et al., 1980, Sarmiento and Gruber, 2006]. [Zondervan, 2001] showed a very clear dependence

of calcification rates by coccolithophorids on the availability of aqueous CO2, with calcification

rates plummeting as the aqueous CO2 concentration increases. An excessive amount of CO2

produced by human activity is taken up by the ocean through atmosphere-ocean gas exchange

and results in more acidified oceans. Calcification in the ocean thus may be reduced in the fu-

ture, due to the decreasing ocean pH caused by the rise of CO2 in the atmosphere [Gattuso and

Hansson, 2011].

The global carbonate production within the open ocean, i.e. vertically integrated calcifica-

tion rate in the surface (euphotic layer) is estimated to be between 0.5 and 1.6 Gt of particulate

1
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inorganic carbon (PIC) yr−1, whereas the export, i.e. the vertical flux out of the productive upper

layer of the ocean, the so-called euphotic zone, is between 0.4 and 1.8 Gt PIC yr−1 [Berelson

et al., 2007]. The estimation is done by analyzing the CaCO3 rain ratio (the ratio between the

export of organic carbon and CaCO3) into sediment traps and dissolution on sea floor. On the

other hand the range of recent global estimates of organic matter production is 40-50 Gt of

particulate organic matter (POC) yr−1 whereas the export ranges between 10 and 15 Gt C yr−1

[Jin et al., 2007]. [Henson et al., 2012] estimated that the amount of POC export is about 5 Gt

C yr−1 but this is still debated. Her export estimation of POC was done by analyzing global

patterns in particle export efficiency, the proportion of primary production that is exported from

the surface ocean and transfer efficiency, the fraction of exported organic matter that reaches the

deep ocean. The removal or export of dissolved inorganic carbon occur from the upper ocean

either as CaCO3 or as particulate organic carbon (POC). The ratio between rate of CaCO3 ex-

port and rate of POC export defines the rain rate ratio [p.77 Zeebe and Wolf-Gladrow, 2001,

chapter 1]. The estimated range of the global rain ratio is between 1/4 to 1/14. Changes in rain

ratio possibly have contributed to glacial – interglacial CO2 change (the ‘rain- ratio hypothesis’)

[Archer et al., 2000].

1.2 Dissolution of CaCO3 in the ocean

CaCO3 particles that are produced biologically in the upper layers of ocean are potentially

subject to dissolution which is primarily driven by the state of saturation of water with respect

to the produced mineral phase (calcite and aragonite) [chapter 9, Sarmiento and Gruber, 2006,

p. 365] . The dissolution reaction equilibrium relationship of a specific CaCO3 mineral defines

the solubility product (KCaCO3
sp ),

KCaCO3
sp = [CO2−

3 ]sat × [Ca2+]sat (1)

[chapter 9, Sarmiento and Gruber, 2006, p.365] which has different value for calcite and arag-

onite. The degree of saturation (Ω) is defined as the ratio of the product of the solutes over the

product of the solutes at saturation (solubility product) [chapter 9, Sarmiento and Gruber, 2006,

p. 365]. For both CaCO3 mineral phases, the degree of saturation (Ω) is:

Ω =
[CO2−

3 ] × [Ca2+]

[CO2−
3 ]sat × [Ca2+]sat

=
[CO2−

3 ] × [Ca2+]

KCaCO3
sp

(2)

2
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[chapter 9, Sarmiento and Gruber, 2006, p.365] where the solubility product for aragonite and

calcite needs to be taken respectively. Ω values larger than one are an indication of over-

saturation and Ω values smaller than one an indication of under-saturation [Battaglia et al.,

2016]. With respect to both CaCO3 mineral phases, the upper ocean waters are generally

supersaturated and deep ocean waters are under-saturated. Relatively little dissolution there-

fore occurs in the upper ocean and substantial dissolution starts when CaCO3 particle enter the

under-saturated zones of the water column. The solubility products of both calcite and aragonite

depend strongly on pressure and relatively weakly on temperature [Berelson et al., 2007]. The

observed difference in the solubilities and CO2−
3 saturation concentrations between surface wa-

ter and deep ocean waters is about a factor of 3 [chapter 9, Sarmiento and Gruber, 2006, p. 368].

Generally aragonite has an average 50 percent higher solubility than calcite. Saturation hori-

zons are defined as the depth horizon that separates supersaturated waters from under-saturated

waters. The depth of the saturation horizons differs from ocean to ocean depending upon the

mineral solubility and variations in ambient CO2−
3 concentration.

Figure 1: A schematic illustration of the saturation horizons of calcite and aragonite in the

ocean and how they are related to the increase in the saturation concentration CO2−
3 with depth.

[p.25 Zeebe and Wolf-Gladrow, 2001, chapter 1]
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Dissolved Inorganic Carbon (DIC) increases in the deep ocean due to remineralisation of

POC (Particulate Organic Carbon); this causes older water in the deep Pacific to have a higher

DIC than in the relatively freshly ventilated deep Atlantic; increasing DIC decreases CO2−
3 , as

long as alkalinity does not change too much, so the deep water in the Pacific has lower CO2−
3

and is more corrosive for CaCO3 [Battaglia et al., 2016]. The saturation horizon with respect

to calcite is therefore deepest in the North Atlantic (more than 4500 m) and shallowest in the

North Pacific (less than 1000 m). For aragonite it lies at about 3000 m to 3500 m depth in the

Atlantic while for the Pacific, it is within the main thermocline and almost reaches the surface

in the North Pacific [Sarmiento and Gruber, 2006, chapter 9, p.368].

The CaCO3 particles produced near the surface start to dissolve once they start sinking

through the water column towards under-saturated water layers. An estimate of the dissolution

kinetics of CaCO3 when the water is under-saturated (Ω < 1) can be done by:

d[CaCO3]

dt
= −[CaCO3] × kCaCO3(1 − Ω)n, for Ω < 1 (3)

[chapter 9, Sarmiento and Gruber, 2006, p.377]. This equation is a first order reaction, where

[CaCO3] is the concentration of CaCO3 (Unit: mmol/m3), kCaCO3 is the dissolution rate con-

stant (Unit: day−1) and the exponent n (which is often assumed to be n = 1) represents an

apparent “order” of the reaction [Arvidson et al., 2003]. Carbonate mineral particles often sink

and settle fast with a sinking velocity of more than 100 m day−1 because of their high density

[Berelson et al., 2007]. A fraction of CaCO3 dissolves already in the upper 1000 m of ocean,

even in supersaturated waters with respect to calcite [Sarmiento and Gruber, 2006, chapter 9,

p.371]. One possible explanation is that during travel from water surface to depth, dissolution

occurs by corrosion driven by the saturation state of seawater, in connection with biological

transformation and microbial oxidation of organic matter in sinking material which creates an

acidic micro-environment conducive to dissolution [Alldredge and Cohen, 1987].

A little dissolution occurs already within the water column but most of the dissolution takes

place within the sediments. In the sediment, the dissolution of CaCO3 can also decouple from

the depth of the saturation horizon. Some dissolution occurs already at the upper limit of the

transition zone (so-called lysocline). Deeper, at the Calcite Compensation Depth (CCD) the

sediments have lost all the calcite due to dissolution [Sarmiento and Gruber, 2006, chapter

9, p.374]. Below the CCD, the dissolution of CaCO2−
3 in the sediment matches exactly the

deposition at the top of the sediment [Broecker and Takahashi, 1977]. The depth of the lysocline

4
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is broadly consistent with the depth of the saturation horizon. This consistency suggests that the

thermodynamic driving factor is the dominant factor determining CaCO3 preservation [p.376

Sarmiento and Gruber, 2006, chapter 9].

The ratio of particulate organic carbon to CaCO3 that is deposited on the top of sediments is

on average of the order of 1:1 or higher [Emerson and Bender, 1981, Archer, 1991]. This means

that enough CO2 is produced through organic matter remineralisation to potentially dissolve all

CaCO3 in the sediments, even above the saturation horizon.

1.3 Effects of formation and dissolution of CaCO3 on the global carbon

cycle

Formation and dissolution of CaCO3 affect the carbonate system in the ocean by changing dis-

solved inorganic carbon (DIC) and total alkalinity (TA). DIC represents the total concentration

of non-ionized CO2, HCO3
− and CO3

2− of the ocean water [Zeebe and Wolf-Gladrow, 2001,

chapter 1, p.27]. TA is the sum of carbonate alkalinity ([HCO3
−] + 2[CO3

2−]), borate alkalinity

([B(OH)4−]) and water alkalinity ([OH−] - [H+]), plus a small contribution from other ions

(nitrate, phosphate and silicate) [Zeebe and Wolf-Gladrow, 2001, chapter 1, p.29]. Both, the

pH and the concentrations of carbonate species in the ocean are governed by the distribution of

DIC and TA [Zeebe and Wolf-Gladrow, 2001, chapter 1, p.8]. The surface distribution of DIC

and alkalinity determine the partial pressure of CO2 in sea water and by that the CO2 exchange

with the atmosphere [Sarmiento and Gruber, 2006, chapter 9]

As shown in figure (2), invasion of CO2 into the ocean (e.g. from anthropogenic sources)

increases DIC and release of CO2 to the atmosphere decreases DIC. But TA remains unchanged

in both cases. This happens because in both processes the charge balance is not affected [Zeebe

and Wolf-Gladrow, 2001, chapter 1, p.7]. CaCO3 formation in contrast decreases both DIC and

TA in the ocean in a ratio of 1:2 [Zeebe and Wolf-Gladrow, 2001, chapter 1, p.7]. This happens

because, the precipitation of one mole CaCO3 reduces DIC by one mole and either reduces

CO2−
3 by one mole, or HCO−

3 by two moles [Zeebe and Wolf-Gladrow, 2001, chapter 1, p.76].

As a result, the system shifts to higher CO2 levels and lower pH. A reduction in DIC and a slight

increase in TA is caused by photosynthesis [Zeebe and Wolf-Gladrow, 2001, chapter 1, p.51].

The reason is that in addition to inorganic carbon, nutrients are taken up. The DIC variations

5
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Figure 2: Effect of various biogeochemical processes on DIC and TA and the resulting change

in equilibrium pH (dashed lines) and [CO2] (solid lines). [Zeebe and Wolf-Gladrow, 2001,

chapter 1, p.7]

caused by formation and dissolution of CaCO3 in the ocean amount to maximally about 100

µmol kg−1[chapter 9, Sarmiento and Gruber, 2006, p.366]. An increase in DIC results in a

decrease in CO3
2− and a decrease in DIC results in an increase in CO3

2− as long as alkalinity

remains more or less unchanged in both cases. But an increase in amount of CaCO3 will lead

to a decrease in alkalinity and a decrease in CaCO3 to an increase in alkalinity. The difference

between alkalinity and DIC is to first order equal to the CO3
2− concentration in the ocean.

6
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2 Model

2.1 Description of the model

The model that is used in this study for understanding CaCO3 formation and dissolution and

its consequences for the carbon cycle on a global scale is a combination of the Massachusetts

Institute of Technology general circulation model (MITgcm) [Marshall et al., 1997] and version

2 of the Regulated Ecosystem Model (REcoM). In this combination, MITgcm calculates the

physical state of the ocean, including the circulation and mixing of tracers. MITgcm is a nu-

merical model which is developed for the study of the ocean, atmosphere and climate for both

small and large scale processes due to its non-hydrostatic capabilities [Marshall et al., 1997].

It is known to operate efficiency on multi processor systems over a large range of processor

numbers and computer architectures [Losch et al., 2008]. The MITgcm ocean model is based

on the Boussinesq approximation and it conserves volume rather than mass [Stammer et al.,

2003]. Velocities, temperature and salinity are used as prognostic variables and tracers in the

ocean in this model [Adcroft et al., 2004].

REcoM is a relatively simple ecosystem model which describes the biogeochemistry in the

ocean including inorganic and organic forms of the main nutrients, two phytoplankton func-

tional types (diatoms and nanophytoplankton), one zooplankton and one detritus compartment

[Hauck et al., 2013]. REcoM adds several new biogeochemical tracers (e.g. concentrations of

DIC, TA, dissolved nutrients and the biomasses) and calculates the biological or geochemical

rates of change of the tracers. REcoM is based on the model by [Geider et al., 1998] that allows

phytoplankton to adapt their stoichiometry to light and temperature conditions and to nutrient

supply. The ratios of C:N and C:Chl are therefore variable in response to different growth

conditions [Hauck et al., 2013]. CaCO3 production is assumed to be a function of the gross

nanophytoplankton production.

As shown in figure (3), the model carries two phytoplankton groups containing carbon, ni-

trogen, chlorophyll and either calcium carbonate or silicate. Phytoplankton can either be grazed

by zooplankton or transformed into detritus through aggregation. Zooplankton biomass consists

of carbon and nitrogen pools. Aggregation, mortality and faecal pellets of the zooplankton also

produce detritus. Detritus, which contains organic carbon, nitrogen, biogenic silica and CaCO3

sinks. In the course of the sinking, the particulate organic matter is degraded by bacteria to

7
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Figure 3: Schematic sketch of the REcoM ecosystem model. Sources and sinks are shown by

arrows. Short arrows denote exchange with atmosphere and sediments. [Hauck et al., 2013,

supplement]

dissolved organic matter at a temperature dependent rate. Both biogenic silica and CaCO3 in

the detritus also dissolve during sinking at different rate. The sinking speed of detritus increases

linearly with depth [Kriest and Oschlies, 2008] and phytoplankton and diatoms particles sink-

ing speed is constant and set to zero in the present setup. Accumulation of sinking material is

allowed in one single sediment layer in the model. Remineralisation of organic detritus reduces

dissolved organic carbon (DOC) and dissolved organic nitrogen (DON). In the sediment layer,

further remineralisation of organic material and dissolution of silica and CaCO3 take place.

DIC and TA are the carbon system parameters [Hauck et al., 2013, supplement] as described in

section 1.3, and or used to calculate air-sea flux of CO2.

2.2 Model setup

A nearly global model configuration without the Arctic Ocean is used on a 2◦ longitude and

×(0.38 to 2◦) latitude grid. In the Southern Hemisphere, the latitudinal spacing is 2◦ times the

cosine of the latitude for a better resolution in the Southern Ocean. The resolution is increased

to a half degree around the equator to resolve the equatorial undercurrent [Aumont et al., 1999].

In vertical, the model has 30 layers with thicknesses increasing from 10 m at the surface to

8
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500 m below in a depth of 3700 m [Hauck et al., 2013]. The model is coupled with a ther-

modynamic and dynamic sea-ice model [Losch et al., 2010]. A parameterization of effects of

mesoscale eddies on the mean flow is applied by following [Gent and McWilliams, 1990] while

density-driven down-sloping flows on continental shelves are parameterized following [Campin

and Goosse, 1999]. The model is integrated from a state of rest over a thousand years. Initialisa-

tion of the model is done with the January salinity, temperature, nitrate and silicate fields of the

World Ocean Atlas 2009 (WOA09) [Locarnini et al., 2010, Antonov et al., 2010, Garcia et al.,

2010] and with mean alkalinity and preindustrial DIC fields [Key et al., 2004]. The initial field

for dissolved iron is obtained from PISCES output [Aumont et al., 2003] after applying a cor-

rection based on observed profiles [de Baar et al., 1999, Boye et al., 2001] to reduce a high iron

bias in the Southern Ocean [Hauck et al., 2013, supplement]. Climatological forcing fields of

the Common Ocean-Ice Reference Experiment (CORE) data set are used as atmospheric forc-

ing of the model. The forcing fields are six hourly 10 m winds, 2 m air temperature, humidity

and sea level pressure, daily downward long and short wave radiation fields and monthly pre-

cipitation [Large and Yeager, 2004]. The concentration of CO2 in the atmosphere is prescribed,

but varies in time over the course of a model integration, following the observed trend over the

period from year 1000 to 2000.

2.3 CaCO3 formation and dissolution in the model

In REcoM, the production of biogenic CaCO3 is limited to phytoplankton and is strictly pro-

portional to the growth of the small phytoplankton model compartment. It is assumed that a

constant fraction of the small phytoplankton consists of coccolithophores which have a con-

stant CaCO3 : organic carbon ratio. Formation of CaCO3 by heterotrophs, i.e. organisms that

use organic carbon from other organisms as food such as foraminifera or pteropods is neglected.

Calcification is therefore proportional to gross carbon fixation by nanophytoplankton. For the

purpose of the study a second parameterisation is used which is taken from [Aumont and Bopp,

2006] where the proportionality between Gross Primary Production (GPP) of nanophytoplank-

ton and calcification is modulated by a dependency on temperature, nutrient availability and

biomass. The calcite production ratio includes the ratio of CaCO3 producers to total nanophy-

toplankton and the CaCO3 : POC (Particulate Organic Carbon) ratio in coccolithophorids and it

is assumed to be 0.02 in the standard model setup. As shown in figure (3), the transformation of

9
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biogenic CaCO3 into detritus CaCO3 happens whenever small phytoplankton biomass is trans-

ferred to zooplankton and detritus during excretion, respiration, aggregation and grazing. The

aggregation function is assumed to be proportional to the abundance of phytoplankton and de-

tritus. The specific aggregation rates are constants for phytoplankton and detritus, which reflect

the roles of phytoplankton and detritus in the aggregation process [Hauck et al., 2013, supple-

ment]. Grazing is implemented as a sigmoidal function of prey density [Gentleman et al., 2003].

The contributions of grazing on nanophytoplankton and on diatoms to the total grazing flux are

calculated by their respective proportion to the total zooplankton food resource. They are cal-

culated in units of nitrogen biomass and converted to CaCO3 using the intracellular CaCO3 : N

ratio [Hauck et al., 2013, supplement]. CaCO3 in the detritus sinks together with the rest of the

detritus at the same vertically increasing sinking speed. Doing so, it is subject to dissolution. At

present in the model, dissolution does not depend on saturation. Instead it is described as a first

order process with a temperature dependent dissolution rate. The dissolution rate is constant in

such a way that the variation vertical flux of calcite scales with a vertical length scale of 3500

m [Yamanaka and Tajika, 1996].

10
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3 Analysis of model output

After integration of the model over a thousand years, the model results were plotted using MAT-

LAB. First, alkalinity is analysed. Alkalinity is strongly affected by formation and dissolution

of CaCO3 and at the same time there exist enough observations, so that the distribution from

model output can be compared with them. Unlike DIC, which is also affected by calcification,

TA is only weakly affected by net primary production (NPP) and has no gas exchange. The

model uses the gridded GLODAP observations (climatology) [Key et al., 2004] of alkalinity

as initial conditions. These are as taken as the best representation of real observations, for the

purpose of this analysis.

Figure 4: Decrease of global mean alkalinity over 1000 years model integration; The black solid

line represents mean average alkalinity decrease in the global ocean and red color represents

the seasonal cycle.

It is seen from figure (4) that, the globally averaged alkalinity decreases slightly by about

less than 0.18 mmol/m3 over the course of the model integration. When the integration starts,

the ecosystem model produces calcite that sinks. As long as it sinks it is still in the form of

calcite and taken out of alkalinity. That is why alkalinity initially is reduced quickly. Part

of this calcite sinks in the bottommost ocean layer and accumulates there. Compared to the

global averaged alkalinity of more than 2400 mmol/m3, the decrease is small and indicates that

the accumulation of CaCO3 in the sediments does not provide a large sink of alkalinity in the

model.
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Figure 5: Global average vertical profile of alkalinity; blue line denotes initial (1000 years

before) and black line denotes the final alkalinity profile, averaged over the last model year.

Figure (5) shows the globally averaged vertical profile of alkalinity from the beginning

and the end of the integration. From the profile, it is observed that, the initial conditions are

relatively homogeneous. Surface alkalinity concentration decreases by about 100 mmol/m3

over the course of the integration whereas it increases between 1000 m to 4000 m depth. The

strongest increase in alkalinity is observed between 1200 m to 2000 m depth. The model has

therefore shifted too much alkalinity from the surface into layers between 1000 m to 4000 m

depth.

Figure (6) displays the global surface alkalinity distribution and the differences between

beginning and end over a thousand years time period in the ocean. It is clearly observed from

figure (6) that, compared to the initial conditions at the surface alkalinity decreases more or

less everywhere within the oceans. There are massive reductions in the subtropical South At-

lantic and Pacific of about 200 to 300 mmol-eq/m3 and a slight decrease in the Indian Ocean.

Alkalinity decreases strongly within the region from 30◦ N to 30◦ S globally. The pattern that

alkalinity is highest in the subtropics and higher in the Atlantic than in the Pacific, however is

still visible in the final distribution. An unrealistic increase in alkalinity is observed near the

12
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Figure 6: Global distribution changes of alkalinity at the ocean surface over 1000 years of in-

tegration; initial alkalinity distribution in the ocean surface denoted by (a) whereas (b) denotes

after 1000 years; The surface alkalinity difference over 1000 years integration time in the ocean

is denoted by (c). A different colourbar is used for the alkalinity difference.

kara sea perhaps caused by the weak circulation in this part of the ocean model, caused by the

closed boundary at 80◦ N and the shallow water depth. In addition, the freshwater input into the

Arctic has been redistributed in the model over the closed boundary at 80◦ N.

The main factors affecting alkalinity at the surface are freshwater fluxes (evaporation, pre-

cipitation and river run-off) and calcification. The decrease of alkalinity could therefore be

connected to either a too strong freshwater input in the surface or a too strong calcification.

Since the model conserves alkalinity almost exactly, the decrease of alkalinity at the surface

must be accompanied by an increase at depth. The maximum alkalinity increase is found in

1730 m depth within the water column which corresponds to layer 21 (1730 m depth) within

the 30 model layers.
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Figure 7: Global distribution changes of alkalinity at 1730 meter depth in the ocean over 1000

years of integration; initial alkalinity distribution in 1730 m depth denoted by (a) whereas (b)

denotes after 1000 years; alkalinity difference over 1000 years integration time in the ocean is

denoted by (c).

Figure (7) shows the result of this shift of alkalinity from the surface into mid layers in

the ocean. While surface alkalinity decreases everywhere in the ocean, increases at depth are

stronger in the deep Pacific and Indian ocean. One possible explanation could be that the in-

crease is caused by calcite from sinking detritus being dissolved while the water moves with the

conveyor belt. The deep Pacific and the Indian Ocean contain the oldest water so that they have

the longest time to accumulate alkalinity from dissolution. The second possible explanation for

the observed result is that the, the total amount of calcification might be wrong and the model

has done therefore a too high dissolution within the water column. To investigate this further, a

good way is to look at the POC and CaCO3 export at 100 m depth.

For the organic carbon export shown in figure (8 a), there is a band of high productivity along

the equator due to upwelling. Enhanced productivity is also found near Namibia and Mauritania

in the Atlantic. The subtropical regions are oligotrophic i.e., nutrient poor so that there is not

much export of organic carbon. Enhanced productivity is also detected in the subpolar regions

in the Atlantic and the North Pacific, around Antarctica and throughout the north Indian Ocean
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Figure 8: Total organic carbon export at 100 m depth, (a) Particulate organic matter (POC)

and (b) CaCO3; two different colour-bar for better understanding.

mostly driven by diatoms. The calculated total export of organic carbon is 9.536 Pg C yr−1.

The formation and export of CaCO3 shown in figure (8 b) in the model is driven by small

phytoplankton. Due to their higher nutrient uptake affinity but lower maximal growth rate,

small phytoplankton has an advantage at lower nutrient conditions, while diatoms dominate

when nutrients are abundant. This pattern is reflected in the distribution of CaCO3 export.

The maximum export mostly occurs at the boundaries between high nutrient and low nutrient

conditions, e.g. at the boundaries of equatorial upwelling; and between 30◦ N to 40◦ N and 30◦

S to 40◦ S. The subpolar regions, where much POC export happens, are regions of less CaCO3

export. The maximum export of CaCO3 is found in the Indian Ocean. The model calculates a

total export of CaCO3 of 0.685 Pg C yr−1 which is quite satisfying with respect to the global

observations that are in a range between 0.4 and 1.8 Pg C yr−1 [Berelson et al., 2007].
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4 Experimental Simulation

4.1 Sensitivity experiments varying the calcification ratio

Two experimental model simulations are done to investigate possible causes of the alkalinity

shifting from surface to the mid layers by changing the CaCO3 production ratio (CR) which is

basically ratio of calcifiers to non calcifiers. In the new experimental sensitivity simulations this

ratio is changed from 0.02 mol/mol to 0.01 mol/mol and 0.03 mol/mol.

Figure 9: Global average vertical profile of alkalinity with different calcification ratio; From

left to right the order denotes calcification ratios of 0.01, 0.02 and 0.03; blue line denotes initial

(1000 years before) and black line denotes the final alkalinity profile.

Figure (9) shows different global average vertical profiles for alkalinity obtained from the

simulations with different CR. For CR = 0.01, the globally averaged vertical profile of alkalinity

is much closer to the initial. A slight decrease of alkalinity concentration at the surface is

observed which is about 20 mmol/m3 over the course of the 1000 years integration whereas

alkalinity increases between 1000 m to 3000 m depth. A maximum increase of alkalinity is

observed between 1000 m to 2000 m depth while a slight decreases of alkalinity concentration

is observed from 3000 m to 5500 m depth. From the observation it is clear that, still the model

is shifting alkalinity from the surface and bottom ocean to mid layers between 1000 m to 3000

m. On the other hand, the vertical profile obtained from the simulation data with CR = 0.03
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shows very high shift of alkalinity from surface to mid layer with a high alkalinity decrease at

the surface of about 160 mmol/m3, is stronger than in the reference run. For further analysis it

is needed to look at the global surface distribution and difference in alkalinity.

Figure 10: Global distribution changes of alkalinity at the ocean surface over 1000 years of

model integration time with different calcification ratios; Left column of images represent the

outcome of the model simulation with a calcification ratio 0.01 and the right column represents

CR = 0.03. The initial alkalinity distribution in the ocean surface before 1000 years denoted

by (a) whereas (b) denotes after 1000 years; surface alkalinity differences over a 1000 years in

the ocean is denoted by (c). A different colourbar is used for alkalinity difference.

Figure (10) represents the global surface distribution of alkalinity and alkalinity difference

after an integration of the model over 1000 years with CR = 0.01 and 0.03 respectively. From

figure (10) with CR = 0.01, it is clearly seen that, compared to the initial conditions at the
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surface alkalinity decreases slightly but not uniformly. In the Pacific, an increase is observed

in a range between 0◦ to 30◦ N about 20 mmol/m3 whereas decrease in alkalinity is observed

almost everywhere in a range from 0 mmol/m3 to 35 mmol/m3 with a maximum decrease near

30◦ S. About 50 mmol/m3 of increase in alkalinity is observed over the Indian Ocean and the

Bay of Bengal. For CR = 0.03, a very strong shifting of alkalinity from surface to mid layer

depth is observed in a wide range between 10 mmol/m3 to 300 mmol/m3 through all over the

global oceans because of much calcification is done by the model. The next step is to look at

the mid layer alkalinity at 1730 m depth.

Since the model conserves more or less alkalinity, any decrease of alkalinity at the surface

must be accompanied by an increase at depth. From figure (11) with CR = 0.01, it is clearly

observed that, the model is not shifting much alkalinity from the surface to the mid layer depth.

There are some increases in alkalinity over the Northern Indian Ocean along with the Bay of

Bengal and over a portion of the North Atlantic between 45◦ N to 60 ◦ N. The approximate

range of increase over those areas is between 10 mmol/m3 to 20 mmol/m3. There are more or

less no changes in alkalinity in between 0 ◦ S to 50 ◦ S but decrease of about 12-15 mmol/m3 is

observed in the Southern Ocean and in the North Pacific. On the other hand, the model output

with CR = 0.03 exhibits a strong alkalinity shift from surface to 1730 m depth with a pattern

that is similar to the reference run but with a higher amplitude.
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Figure 11: Global distribution changes of alkalinity at 1730 meter depth in the ocean over 1000

years of model integration time with different calcification ratios; The left column of images

represent the outcome of model simulation with calcification ratio 0.01 and the right column

represents CR = 0.03. The initial alkalinity distribution in the 1730 m depth before 1000 years

denoted by (a) whereas (b) denotes after 1000 years; alkalinity differences over a 1000 years in

the ocean is denoted by (c). A different colourbar is used for alkalinity difference.
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To continue with the model simulation with calcification ratio 0.01, next step would be to

look at the POC and CaCO3 export at 100 m depth.

Figure 12: Total CaCO3 export at 100 m depth with different calcification ratio; From left to

right images represents model simulation with CR = 0.01 and 0.03 respectively. A different

colourbar is used for better understanding.

For both sensitivity simulation with CR = 0.01 and 0.03, organic carbon export pattern

is identical because the calcification ratio of the model has no effect on POC export so that

the model conserves the amount of particulate organic carbon export of 9.536 Pg C yr−1. A

visualization of POC export is already shown in the previous chapter for reference run.

While organic carbon export is equal for different CR, CaCO3 export is different for different

calcification ratio. The formation and export of CaCO3 shown in figure (12) in the model is

driven by small phytoplankton. The maximum export mostly occurs at the boundaries between

high nutrient and low nutrient conditions, e.g. at the boundaries of equatorial upwelling; and

between 25◦ N to 40◦ N and 25◦ S to 40◦ S. The subpolar regions, where much POC export

happens, are regions of less CaCO3 export. The maximum export of CaCO3 is found in the

Indian Ocean. The model calculates a total export of CaCO3 of 0.343 Pg C yr−1 for CR = 0.01.

On the other hand, the export of CaCO3 for model simulation with CR = 0.03 is higher than

in the previous model simulation (12), may be a bit unrealistic because of high export value.

A wide band of high productivity is observed more or less in a range between 30◦ N to 30◦ S

because of strong calcification in the high nutrient boundaries. For the higher calcification ratio,

the model calculates the total export of CaCO3 of 1.028 Pg C yr−1.
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4.1.1 Basinwise analysis

Along with CaCO3 production and dissolution, the surface distribution of alkalinity in the ocean

is also affected by precipitation and evaporation [Millero et al., 1998]; riverine inputs of alka-

linity [Cai et al., 2010, Friis et al., 2003]; upwelling of high alkaline subsurface waters resulting

from dissolution of CaCO3 [Lee et al., 2006] and by biological productivity [Wolf-Gladrow

et al., 2007]. For a better understanding of the surface distribution of alkalinity the next step is

therefore an analysis of process contributions of evaporation, precipitation and river discharge

on the ocean alkalinity distribution.

The analysis of alkalinity distribution is done basinwise in this study, following [Fry et al.,

2015]. This analysis is performed here only for the reference run with a CaCO3 production

ratio (or CR) 0.02 and for the sensitivity model run with CR = 0.01. These two sensitivity

simulations are taken to account for different reasons. The reference simulation (CR = 0.02)

is the presently used setup of the model and represents present scenario between the model

and the global observation. On the other hand, the simulation with CR = 0.01 provides us a

better scenario for globally averaged vertical profile, surface distribution and mid layer depth

distribution of alkalinity compared to the reference model run. The sensitivity study with CR =

0.01 on the other hand has a quite low global export of CaCO3.

The freshwater flux effect (evaporation, precipitation and river discharge) was quantified

based on salinity. Figure (13 a, b and c) shows the surface ocean alkalinity distributions within

the Atlantic, Indian and Pacific basins as a function of latitude. All three basins from (13 a,

b and c) exhibit local maxima of alkalinity arround 30◦ N and 20◦ S which are the centres

of subtropical gyres. These maxima are result of the hydrological cycle driving substantial

excess of evaporation over precipitation in these areas. Net evaporation concentrates substances

dissolved in seawater and net precipitation dilutes seawater [Fry et al., 2015]. As alkalinity is

a weighted sum of different dissolved constituents, it is proportional to salinity concentration

[Zeebe and Wolf-Gladrow, 2001, chapter 1, p.29]. A salinity normalization on alkalinity (Alk1)

is then done to remove the effect of evaporation and precipitation (i.e.,the hydrological cycle

effect) by converting each alkalinity (Alk) measurement to its expected value at a salinity (S) of

35 using equation (4) [Postma, 1964, Millero et al., 1998].

Alk1 =
Alk × 35

S
(4)

21



4 EXPERIMENTAL SIMULATION Md Razib Vhuiyan

In this analysis, the model output is compared with the output from [Fry et al., 2015] as

global observations to investigate basinwise alkalinity distribution (Alk) and salinity normalized

alkalinity (Alk1).

Figure 13: The distribution of alkalinity (Alk) and normalized alkalinity (Alk1) in the three major

ocean basins. a, b and c show the observed alkalinity with colours indicating the salinity. d, e

and f show alkalinity with salinity normalization (Alk1). The red points indicating values more

than 20 µmol kg−1 over the 5◦ of latitude running mean. [Fry et al., 2015]

Both simulations of the model reproduce the general pattern of elevated alkalinity in the

center of the subtropical gyres. In the simulation with CR = 0.02, low alkalinity (Alk) below of

2300 µmol kg−1 is observed around the equator (fig. 14 a) in the Atlantic compared to global

observation. A lower alkalinity (Alk) is observed over 30◦ S of about 70 µmol kg−1 in the

Atlantic. For the Indian Ocean, lower alkalinity (Alk) is observed for CR = 0.02 throughout

the global oceans (fig. 14 b) due to much calcification and dissolution by the model. For the

Pacific, model output (fig. 14 c) shows decreased alkalinity (Alk) value compared to the global

observations with high value in lower lattitude and lower in high lattitude. Compared to figure

(13), the observed Alk (fig. 14 a, b and c) exhibits a north-south asymmetry in the distribution

in the Atlantic and in the Indian Ocean.
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Figure 14: The distribution of alkalinity (Alk) (µmol kg−1) and normalised alkalinity (Alk1) in

the major Ocean basin. (a, b, c) shows the Alk distributions for model simulation of 1000 years

integrated time with CR = 0.02, (d, e, f) denotes salinity normalized alkalinity (Alk1) with CR

= 0.02, (g ,h, i) shows alkalinity (Alk) distribution with CR = 0.01 and (j, k, l) shows salinity

normalised alkalinity (Alk1) distribution with CR = 0.01.
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After the salinity normalization on modeled (CR = 0.02) alkalinity data, a lower Alk1 figure

(14 d) is observed compared to figure (13) in the Atlantic. The decreases are maximal over

30◦ S (subtropic) of about 200 µmol kg−1 and minimal over the areas between 50◦ S and 50◦

N of about 30 µmol kg−1. The overall alkalinity (Alk1) distribution of the Atlantic shows

deficiencies compared to (fig. 13). For the Indian Ocean (fig. 14 e) compared to figure (13), a

massive decrease in Alk1 of about 150 µmol kg−1 is observed over a vast area in between 40◦

S to 20◦ N. For the Pacific, modelled global pattern of alkalinity (Alk1) (fig. 14 f) still looks

having deficiency of about 60-100 µmol kg−1 compared to figure (13). For the three ocean

basins, Alk and Alk1 profiles show defficiency in alkalinity which is maximal in the Atlantic

and minimal in the Pacific. A lower difference is observed for Alk1 (fig. 14 d, e and f) between

the Southern Ocean and low latitudes compared to figure (13 d, e and f) for modelled data with

CR = 0.02.

For the sensitivity simulation with CR = 0.01, overall alkalinity (Alk) distribution for the

Atlantic (fig. 14 g) looks much better compared to simulation with CR = 0.02. A deficiency

in alkalinity (Alk) in the lower lattitudes is observed compared to figure (13 a). For the Indian

Ocean (fig. 14 h), model output with CR = 0.01 shows almost similar alkalinity pattern com-

pared to figure (13 b) but with a slight decrease of approximately 10 - 20 µmol kg−1 throughout

the whole ocean basin. For the Pacific (fig. 14 i), model output with CR = 0.01 shows much

better alkalinity (Alk) than the previous one (CR = 0.02) compared to figure (13 c). A decrease

in Alk is observed in the North Pacific of about 30 µmol kg−1.

After the salinity normalization on simulation data (CR = 0.01), overall alkalinity (Alk1)

distribution of the Atlantic (fig. 14 j) shows slightly lower value compared to figure (13 d)

while regions between 40◦ N and 60◦ N has a bit lower value. For the Indian Ocean (14 k),

salinity normalized alkalinity (Alk1) distribution shows a better result with a little deficiency

in of about 20 - 30 µmol kg−1 in lower latitudes. For the Pacific (fig. 14 l), Alk1 pattern

looks much flatter in between 60◦ S to 40◦ N while decreases are observed in lower and higher

latitudes. Decreases in Alk1 (fig. 14 j, k and l) are observed in between the Southern Ocean and

lower latitude compared to figure (13). The deficiencies in Alk1 in the Atlantic is of about 50

µmol kg−1 while about 10 µmol kg−1 are observed the Indian and the Pacific respectively.

A prominent feature that is seen both in the global observations and in the model run is that

there is a split in the Alk - latitude relationship in the Northern Indian Ocean. This is partly
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caused by salinity differences between the Arabian Sea and the Bay of Bengal. But also the

normalising alkalinity of the riverine inflow towards the Bay of Bengal plays a role [Fry et al.,

2015]. The model is able to reproduce this pattern at least qualitatively.

Modelled alkalinity (both Alk and Alk1) distribution for the both simulations show defi-

ciences in the Southern Ocean compared to the observations except the Indian Ocean (fig. 14).

A possible explanation for this is that the circumpolar deep water has a too low alkalinity. The

Southern Ocean is a region of upwelling where the circumpolar deep water flow reaches to the

ocean surface carrying lower alkalinity. The model dissolves CaCO3 with a constant rate every-

where in the ocean. But there are differences in the dissolution of CaCO3 in the global oceans

especially in the Pacific and the Atlantic. In the Pacific, the dissolution depth is shallower be-

cause of higher dissolved carbon value while in the Atlantic dissolution occurs mostly in the

deep water. This is not reflected in the model.
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4.2 Experiment with modified calcite equation

After having the output from the model and analysing the plots, it is necessary to make new

experimental simulation with a new model setup which has temperature dependent calcification

to non calcification ratio as well as biomass and nitrogen limitation on Coccolithophores. The

rain ratio in reality is not constant, and it makes sense to investigate further whether a variable

ratio between calcification and POC production by small phytoplankton could give more realis-

tic results. These parameterisations are mainly based on the assumption that there is a constant

ratio of CaCO3 production to primary production of small phytoplankton clearly simplistic from

[Zondervan, 2007]. It is known that Coccolithophores are not very abundant neither in very olig-

otrophic waters nor in very low temperature; calcification reaches at maximum at intermediate

light level zone while decreases at either low light level or high light levels; Coccolithophores

are present at stratified water and grows maximum in mid-lattitudes in approx temperature of

10◦ C. Some models therefore make the CaCO3 : POC production ratio dependent on variables

like temperature, nutrient concentration etc [Aumont and Bopp, 2006, supplimentary material].

The parameterisation of new sensitivity runs with the model is following the PISCES model

which describes this ratio by:

RCaCO3 = R∗CaCO3
LN

limmax(0.0001, T
2+T

)max(1, p
2
) (5)

In equation (5), the ratio between CaCO3 formation and POC production in small phyto-

plankton is dependent on the nitrogen limitation term LN
lim, which varies between 0 (for nutrient-

limiting conditions) and 1 (for abundant nutrients), local temperature T in degree celcius and

small phytoplankton biomass P in mmol Nitrogen/m3 (mmol N/m3).

In this experiment, calcification ratio (CR) has been changed in to R∗CaCO3
for new param-

eterized calcite equation. Four new simulation is done with the calcification ratio (CR) 0.01,

0.02, 0.03 and 0.04 over a 1000 years of model integration time named as Exp 03, Exp 04, Exp

05 and Exp 06 consicutively. To validate the parameterisation based on assumption, first step

would be to analyse the global average vertical profile of alkailinity.

Figure (15) shows vertical distribution of alkalinity compared to the initial state. From

figure (15), it is clearly seen that model simulation with CR 0.01 (Exp 03) exhibits better result
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Figure 15: Global average vertical profile of alkalinity with modified calcite equation for differ-

ent calcification ratio and modified calcification equation; From left to right the order denotes

CR = 0.01, 0.02, 0.03 and 0.04; blue line denotes initial (1000 yeras before) and black line

denotes the present alkalinity profile.

than the others. For Exp 03, strong shift is happening in the surface of the ocean as well as

in the mid layed depth. Alkalinity is shifted from 300-500 m from the ocean surface to 900-

2200 m depth while a defficiency is observed from 3000- 5500 m depth. On the other hand,

the remaining three model runs (Exp 04, Exp 05 and Exp 06) exhibit much more transfer of

alkalinity to the deep ocean which is unrealistic. The average mean profile of alkalinity from

the different model simulations exhibits huge variations in the vertical distribution of alkalinity

throughout the global oceans. The variation increases with calcification ratio. To get a better

understanding on how these changes are distributed spatially, next step would be to look at the

surface distribution of alkalinity in the ocean.
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Figure 16: Global distribution changes of alkalinity at the ocean surface over 1000 years of

model integration time with modified calcite equation for Exp 03, Exp 04, Exp 05 and Exp 06;

The topmost image represents the initial alkalinity distribution in the ocean surface before 1000

years, the left column images represent the final alkalinity distribution after 1000 years and the

right column of images represent surface alkalinity differences over a 1000 years in the ocean.

A different colourbar is used for the alkalinity difference for better understanding.
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Figure (16) shows the distribution of alkalinity and the differences between initial condition

and after 1000 years at surface in the ocean for Exp 03, Exp 04, Exp 05 and Exp 06. As it is seen

that Exp 03 provides better vertical profiles among all these four sensitivity experiment, it would

be a wise decision to look at the ocean surface distribution of alkalinity for Exp 03. In the plot

for Exp 03, decrease in alkalinity at surface in the ocean is observed more or less everywhere

except in the North Atlantic, northern part of the Indian Ocean and in the subtropical Pacific.

For the Pacific, alkalinity decreases in a wide range up to 130 µmol kg−1 and an increase is

observed in 0◦ to 30◦ N of about 30 µmol kg−1. For the Atlantic, strong decreases and increases

in alkalinity are observed. the Southern part of the Atlantic exhibits strong decrease of about

130 µmol kg−1 while an even stronger increase is observed from 15◦ S to 70◦ N up to 150 µmol

kg−1. For the Indian Ocean, decreases in alkalinity are observed in southern region in a range

upto 30 µmol kg−1 while a strong increase observed in the north Indian Ocean along with Bay

of Bengal of about a range up to 120 µmol kg−1. About a 50 µmol kg−1 decrease in alkalinity

is observed in the Southern Ocean. For the other sensitivity experiments (Exp 04, Exp 05 and

Exp 06) with a higher calcification ratio, the final surface distribution of alkalinity becomes

more and more unrealistic. These runs are therefore not considered for further analysis. Since

the model conserves alkalinity, an overall decrease of alkalinity at the ocean surface must be

compensated by an increase at mid layer depth, or viceversa.
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Figure 17: Global distribution changes of alkalinity at 1730 meter depth in the ocean over 1000

years of model integration time with modified calcite equation for Exp 03, Exp 04, Exp 05 and

Exp 06; The topmost image represents the initial alkalinity distribution, the left column images

represent the final alkalinity distribution and the right column of images represent alkalinity

differences over 1000 years. A different colourbar is used to show alkalinity difference for

better understanding.
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Figure (17) represents the global distribution of alkalinity and the changes of alkalinity at

1730 m depth in the ocean for Exp 03, Exp 04, Exp 05 and Exp 06. Following further analysis

of Exp 03, the final distribution of alkalinity at 1730 m depth shows an increase of alkalinity in

a minimal range up to 40-50 µmol kg−1 along the southern subtropical regions of about 0◦ S to

60◦ S. For the Pacific, a decrease in alkalinity is observed in its northern part of a range up to

20-30 µmol kg−1 while an increase is observed in the South Pacific. In the Atlantic, an increase

in alkalinity happens everywhere in a wide range of about 10-50 µmol kg−1. A slight increase

is observed over the Indian Ocean along with the Bay of Bengal which is mostly less than 20

µmol kg−1. Final alkalinity distributions from Exp 04, Exp 05 and Exp 06 exhibit unrealistic

scenerios and are not considered for further investigations. To analyse more, the next step would

be to look at export of CaCO3 at 100 m depth in the ocean.

Figure 18: Total organic carbon export at 100 m depth with modified calcite equation for dif-

ferent calcification ratio.

Figure (18) represents global distribution of CaCO3 export at 100 m depth in the ocean with

different CR. In the model, production and export of CaCO3 is driven by small phytoplankton

that have higher nutrient uptake capacity but with a lower maximal growth rate. For a lower

nutrient condition, small phytoplankton has an advantage while nutrient abundant conditions
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are mostly dominated by diatoms. This mechanism is well reflected in the distribution pattern

of CaCO3 export in the ocean.

Figure (18 a) denotes the distribution of CaCO3 (with CR = 0.01) export in the global ocean

at 100 m depth. Maximum export is observed at the boundaries of equatorial upwelling, be-

tween between between 25◦ N to 40◦ N and 25◦ S to 40◦ S ; which are mostly the boundaries

between high and low nutrient conditions. The subpolar regions exhibit less CaCO3 export de-

spite being an area of high POC export while the Indian Ocean exhibits the largest export of

CaCO3. The model calculates a total export of CaCO3 of 0.190 Pg C yr−1 whcih is a low value

compared to the global observations based estimate [Berelson et al., 2007].

Figure (18 b) exhibits the distribution of CaCO3 (with CR = 0.02) export in the global ocean

at 100 meter depth. This export distribution exhibits the same pattern as like as figure (18 a) but

with a higher export value while export is maximum in the Indian Ocean. The total calculated

amount of CaCO3 export from the model is 0.379 Pg C yr−1.

As these sensitivity analysis simulations contain same calcite equation but with different CR

value, figure (18 c and d) ( CR = 0.03 and 0.04 respectively) exhibit the same pattern but with

higher export value due to higher calcification ratio. The model calculated total export value for

CaCO3 is 0.569 Pg C yr−1 (for CR = 0.03) and 0.758 Pg C yr−1 (for CR = 0.04).

The analysis of the alkalinity distribution of surface and depth, as well as the CaCO3 export,

shows that using a more complicated parameterization of the calcite equation does not improve

the model results. The best model run (with CR = 0.01) leads to an average vertical profile of

TA which is close to the observations, but there remain large positive and negative deviations

from TA observed in the horizontal.
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5 Summary and discussion

In this study, seven different model runs are performed over a period of 1000 years of integration

time. Initially, a reference model run was perfomed without changing the existing standard

setup to look upon the globally averaged vertical profile of alkalinity compared to the global

observation (GLODAP). The observation from this reference run (fig. 19 a) compared to global

observations is that alkalinity is shifted from the ocean surface to depth between 1000 m to

5000 m. Two different experimental model runs varying the calcification ratio (CR) have then

been performed to validate the explanation that the model is in existing setup is doing much

calcification and dissolution within the water column in the global ocean. Exp 01 and Exp 02

are performed with CR = 0.01 and 0.03 respectively and compared to the global observations

(fig. 19 a). It is seen from (fig. 19 a) that Exp 01 (CR = 0.01) shows a much better profile than

the reference run and Exp 02 compared to the global observations.

Figure 19: Global average vertical profile of alkalinity varying CR compared to global obser-

vation (blue line); (a) shows alkalinity profile varying CR and (b) shows alkalinity profile with

modified calcite equation, temperature dependency and different CR. Blue line represents the

GLODAP data as global observation.
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Four new model simulations (Exp 03, Exp 04, Exp 05 and Exp 06) with a modified calcite

equation which is carrying new parameterisations for the rain ratio exhibit differences in glob-

ally averaged vertical profile of alkalinity (fig. 19 b). Compared to the global observations, Exp

03 provides a better alkalinity profile among the four experiment with less shift of alkalinity

from the Ocean surface to the mid layer depth. This shift of alkalinity is getting stronger with

an increase in CR for Exp 04, Exp 05 and Exp 06.

Experiment name RMS Value Calcification Ratio (CR) CaCO3 export (Pg C yr−1)

Reference Run 60.566 0.02 0.685

Exp 01 7.316 0.01 0.343

Exp 02 102.298 0.03 1.028

Exp 03 9.534 0.01 0.190

Exp 04 27.829 0.02 0.379

Exp 05 52.596 0.03 0.569

Exp 06 77.770 0.04 0.758

Table 1: Numerical description of the seven different model run.

Exp 01 exhibits the minimal root mean square (RMS) value (table 1) for the difference be-

tween the globally averaged vertical alkalinity profile and the global observations. On the other

hand Exp 03 shows a minimum RMS value (table 1) among the four experimental simulations

with a modified calcite equation. Exp 04, 05 and 06 exhibits higher RMS value almost in an

order of magnitude respectively compared to Exp 03.

As the three different model run (reference, Exp 01 and Exp 02) carries different CR value,

Exp 01 with the lowest CR value of 0.01 shows the lowest value of CaCO3 export among the

three model run (table 1). Not surprisingly, a linear relationship is observed in between CR

value and CaCO3 export for these three model runs because changes in calcification in the

model do not affect the productivity of the small phytoplankton.

In an analogous way, Exp 03 shows the lowest value of CaCO3 export (table 1) among the

four seperate model run (Exp 03, 04, 05 and 06) because of the lowest CR value set in the

model. Here also a linear relationship is observed in between CR value and CaCO3 export for

these four different experimental model run. Exp 04, 05 and 06 exhibits higher CaCO3 export

value (0.379, 0.569 and 0.758 of Pg C yr−1 respectively) compared to Exp 01.
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Furthermore, a basinwise anlysis is done to investigate the hydrological cycle effect on

distribution of alkalinity in the global ocean by normalising alkalinity based on salinity. The

alkalinity distributions (fig. 14) for the reference run and Exp 01 were compared to a global ob-

servation data set (fig. 13). The distribution of alkalinity (both Alk and Alk1) for Exp 01 shows

much better distribution than the reference run while comparing to the global observations.

From figure (19 a) and (19 b) it is undoubtedly clear that, Exp 01 and Exp 03 provide the

best alkalinity profile among the seven different model runs. These two simulations have a

reduced CR value (0.01) but a different calcite equation. As Exp 01 and Exp 03 have a lower

production of CaCO3 compared to the reference run (table 1), it is necessary to investigate how

this reduction of CaCO3 affects the carbon cycle. It is expected that a reduction in alkalinity

at the surface will affect the carbon uptake by the ocean because at lower surface alkalinity for

the same pCO2, less carbon uptake will happen. An analysis of the global average DIC for the

reference run, Exp 01 and Exp 03 from year 1000 (start of the model run) to year 2000 (end of

the model run) is shown in figure (20).

Figure 20: Global average concentration of DIC for three different model runs with different

calcification ratio (both in magnitude and pattern) over 1000 years of integration time.

An rapid initial drop of DIC (i.e. some outgassing of CO2 from the ocean into the atmo-

sphere) by almost the same amount of 3 mmol m−3 which is 49.6 Pg of carbon ( 1 mmol m−3

= 16.53 Pg C) in the reference run, Exp 01 and Exp 03 is observed from figure (20). A possible

explanation for this decrease is that the calculated pre-industrial DIC used in the model is only
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a rough estimation; there is a bit too much DIC near the ocean surface for the given alkalinity

and atmospheric pCO2 of 280 ppm. In all three model runs also a rapid increase of DIC from

year 1775 towards year 2000 (fig. 20) is observed which is caused by the increasing CO2 in the

atmosphere from fossil fuel burning and deforestation, leading to uptake of CO2 in the ocean

(the so-called ’anthropogenic carbon’).

The three runs differ most in their long-term trend in DIC. In the reference run, DIC de-

creases (fig. 20) which is obvious as because of the decrease in surface alkalinity (as alkalinity

is transported from the ocean surface to the mid layers depth (fig. 5) in the ocean). At lower

surface TA, the ocean can hold less DIC for the same amount of CO2 in the atmosphere. In Exp

01 and Exp 03 this does not happen; in Exp 01, the ocean seems to stay close to equilibrium

because surface alkalinity stays almost constant (fig. 10 c). In Exp 03 there are some regions

where surface alkalinity becomes to high at the end (fig. 10 c) and probably this leads to the

observed slow increase in DIC as well.

To investigate furthermore, an analysis of annual average surface distribution of the sea to

air CO2 flux for the year 2000 is done for the reference run, Exp 01 and Exp 03 shown in figure

(22). In this analysis, model results are compared with one of the best global observation of

mean climatological mean annual sea-air flux for the year 2000 from [Takahashi et al., 2009],

which is shown in figure (21).

Figure 21: Climatological mean annual sea-air CO2 flux for the year 2000. [Takahashi et al.,

2009]
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The patterns that are obtained from the different model runs (fig. 22), qualitatively are not

so different compared to figure (21). The features of the patterns are following:

Figure 22: Annual average surface distribution of CO2 flux with different calcification ratio;

top left image shows the distribution for the reference run, top right images shows EXP 01 and

image at the bottom shows Exp 03.

In the reference run, strong outgassing (ocean to atmosphere) is observed in the tropical

Atlantic, North West Indian Ocean and in the Southern Ocean and the strongest outgassing is

observed in the tropical Pacific Ocean. Strong uptake of CO2 is observed in the North Atlantic,

North-West Pacific and in the belt around the Antarctica. All theses features qualitatively agree

with figure (21).

In the Exp 01 (fig. 22), a similar pattern is observed but with a stronger uptake of CO2 and

weaker outgassing compared to the reference run which also agree with figure (21).

In the Exp 03 (fig. 22), an almost identical pattern is observed compared to the reference

run but with stronger uptake of CO2 and less outgassing.
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6 Conclusions

The production of CaCO3 in the ocean and its dissolution within the water column are important

processes that have a direct impact on dissolved inorganic carbon and alkalinity and hence CO2

exchange between the ocean and the atmosphere. Production and dissolution of CaCO3 is

studied by using the global biogeochemical model (REcoM) which describes these processes in

a relatively simplistic way. After integrating the model over a thousand year under a monthly

climatological forcing, strong deviation in global alkalinity distribution in the ocean is identified

with respect to the available observations when using the reference set of parameters of the

model. In this case, the model transfers alkalinity from the ocean surface to the deep ocean,

mostly in the depth range arround from 1700 to 2000 m. There are several possible explanations

for that; changes in the distribution of freshwater or salinity, but more likely an unrealistic

distribution of CaCO3 production and dissolution in the model.

In this study it is tested whether an improvement in the modeled alkalinity distribution can

be reached by changing the parameterization of the CaCO3 : POC production ratio in the model.

It is shown that a simple reduction in the ratio leads to a much improved alkalinity distribution.

A more complicated dependency of the CaCO3 : POC production rate on temperature, nutrients

and biomass as suggested by [Aumont and Bopp, 2006] does not lead to a significant improve-

ment.

The model run (Exp 01) that gives the best fit to the observed alkalinity distribution, however

has a global export of CaCO3 that is slightly lower than the estimation of [Berelson et al., 2007].

One aspect that is completely neglected in the current model, is the formation of CaCO3 in

the form of aragonite. It could be that the inclusion of aragonite, which dissolves more easily

in the water column, leads to increased CaCO3 export without changing alkalinity too much.

Another aspect which has not been studied here is the dependency of the dissolution of CaCO3

on seawater saturation state. The model so far neglects this dependency. To study the effect of

this would be worthwile.
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