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Abstract Iron is a key micronutrient for marine biota and potentially one of the main drivers of ocean
feedback to changing climate. There is however no consensus on the relative role of different external iron
sources to the ocean, hampering our ability to predict how the oceanic iron cycle and biological carbon pump
will react to climate change. For the last two decades, stable iron isotopes have been increasingly used in field
studies to track contributions of different iron sources and modeling studies started to help interpreting isotope
observations. However, measured isotopic compositions of iron sources can vary substantially, and the isotopic
signatures of different sources can overlap, leading to high uncertainty in constraining the magnitude of the
sources. This study aims to examine the sensitivity of seawater iron isotopes to the uncertainty in the
sedimentary source. An existing box model of the marine carbon cycle is extended with a description of the
cycle of iron and its stable isotopes. Experiments have been done with variable isotopic end‐member signature
and strength of the sedimentary source, and fractionation through biological uptake and binding to organic
ligands. The model results reveal the necessity to consider spatially distinct isotopic end‐member signatures for
the sedimentary source and fractionations so as to reproduce observed spatial gradients of seawater iron isotopic
composition. By assuming a sedimentary input of 7.5–15 Gmol Fe yr− 1, the model is able to reproduce observed
concentrations of dissolved iron and its isotopes in large ocean regions, providing useful constraints for complex
global biogeochemistry models.

Plain Language Summary Iron is essential for marine life and plays a key role in how oceans
respond to climate change. However, scientists are still unsure about the relative importance of different sources
of iron to the ocean, making it difficult to predict how the iron supply and biological activity in the ocean to store
carbon will change with climate. Over the past 20 years, researchers have used iron isotopes to track these
sources, but overlapping and variable isotope signatures create uncertainty. This study used a box model to
explore how uncertainties in iron and iron isotopes from sediments affect seawater iron isotopes, and to make a
first‐order estimate of the global sedimentary input of iron. The simple box model matches observed iron levels
and isotope compositions in the main ocean regions with a sediment input of iron of 7.5–15 Gmol per year,
offering insights for more complex global models.

1. Introduction
Iron is an essential micronutrient for ocean biota, and its distribution strongly affects the magnitude of primary
productivity andwith it the carbon uptake in the ocean.Whilewe are slowly obtaining a picture of the present global
distribution of dissolved iron (DFe) in the ocean, there is still no consensus on the mechanisms behind this dis-
tribution, especially on the relative role of different external iron sources to the ocean. The main sources of iron for
the open ocean include dust deposition (Duce & Tindale, 1991), marine sediments (Elrod et al., 2004), rivers (de
Baar & de Jong, 2001) and hydrothermal vents (Elderfield & Schultz, 1996; Tagliabue et al., 2010). A number of
other sources are also known and may be important locally, for example, volcanic ash (Hamme et al., 2010), non‐
lithogenic aerosol deposition, for example, from biomass burning (Guieu et al., 2005), submarine groundwater
discharge (Windom et al., 2006), icebergs (Raiswell, 2011), sea ice (Lannuzel et al., 2010), and subglacial melt-
waters (Gerringa et al., 2012). Several sources are also altered by human activities, for example, shipboard aerosols,
which both act as direct iron input and alter iron solubility in bulk aerosols (Hamilton et al., 2020; Ito, 2013).

There is still considerable uncertainty in the estimates of all external iron sources to the ocean, and some of the
flux estimates may not be mutually exclusive, for example, iron from glacial runoff or icebergs can be double
counted as sedimentary input, if it is released from particles only after deposition on the sea floor. The largest
uncertainty concerns one of the largest fluxes, namely sediment input, for which estimates vary by several orders
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of magnitude. This uncertainty is reflected also in present models of the iron cycle in their different assumptions
on iron sources (Somes et al., 2021; Tagliabue et al., 2016). While all models are tuned by changing the loss
processes of iron, for example, through scavenging, that is, adsorption onto particles, to arrive at iron concen-
trations comparable to observations, the resulting residence times of iron vary over one order of magnitude
between models, which substantially limits our understanding of the marine cycle of iron. Moreover, some of the
external sources of iron (e.g., dust and riverine input) are predicted to change strongly with ongoing climate
change (Kohfeld & Ridgwell, 2009; Martínez‐García et al., 2014; Robinson et al., 2014; Wehrmann et al., 2014),
while others might not (e.g., hydrothermal vents). The uncertainty of how relevant the specific sources are, is
therefore severely hampering our ability to prognose how the oceanic iron cycle and biological carbon pump will
react to climate change.

For the last two decades, stable isotopes of iron have been used to identify the relative contribution of different
sources of iron to the ocean. This is based on observations that the external iron sources differ in their stable
isotope compositions, the end‐member signatures as they enter seawater, which contain information on their
origins and history. Recent analytical advances enable resolving variations in the isotopic end‐member of iron
sources and of iron in seawater, which can in principle be used to infer the relative contribution of different iron
sources. Iron has four naturally occurring stable isotopes:54 Fe (5.85%), 56Fe (91.75%), 57Fe (2.12%) and 58Fe
(0.28%). Iron isotopic composition is commonly reported in terms of the ratio between the twomost abundant iron
isotopes (56Fe/54Fe), and measured using Multi‐Collector‐Inductively Coupled Plasma‐Mass Spectrometry (MC‐
ICP‐MS). The δ56Fe value is determined by normalizing the isotope ratio in samples to the ratio of the IRMM‐014
reference standard (Dauphas et al., 2017):

δ56Fe = (

56Fe/55Fesample
56Fe/54Festandard

− 1) ⋅ 103 (1)

Generally in marine environments, δ56Fe varies in a range of ∼4‰, with marine sedimentary rocks and bulk
aerosols at ∼0‰ and lighter isotopic signatures in DFe influenced by redox chemistry (e.g., in hydrothermal vent
fluids and reducing sediment pore waters) (Beard & Johnson, 2004). A number of studies give detailed iron
isotope signatures from hydrothermal vents (Beard et al., 2003; Bennett et al., 2009; Severmann et al., 2004),
sedimentary source (e.g., Henkel et al., 2016; Homoky et al., 2009, 2013; John et al., 2012; Severmann
et al., 2010), aerosol input (Beard et al., 2003; Mead et al., 2013; Waeles et al., 2007), and riverine input (e.g.,
Bergquist & Boyle, 2006; Escoube et al., 2009, 2015). Based on this knowledge of source end‐member signatures,
some regional studies attempted to discriminate between iron from different sources from observed seawater
δ56Fe (e.g., John & Adkins, 2012; Labatut et al., 2014; Radic et al., 2011) and similar mass balance approaches
were also applied to quantify contributions of different iron sources to one North Atlantic section (Conway &
John, 2014). Assuming two dominant iron sources for each defined region, Conway and John (2014) made es-
timations of the contribution of each single source in the region by considering the physical mixing of the two
sources with their unique end‐member compositions, the so‐called “two‐component mixing” method.

Using stable isotopes to trace iron sources in natural systems, however, has shown some limitations. One obvious
problem with the “two‐component mixing” method is that with just one isotope measurement only two sources
can be discriminated, so assumptions have to be made which two sources are dominant. Further, the end‐member
signatures of some iron sources can hardly be distinguished from each other (e.g., dust with ∼0.1‰ and riverine
input with a range from − 0.6 to +0.4‰); while in seawater, the isotope signatures of DFe is additionally changed
by fractionating processes such as redox reactions, solid–solute reactions, and ligand stabilization reactions, both
in their formation regions (e.g., dust source and subsequent atmospheric processing) and during their introduction
into seawater (e.g., dust solubilization in surface waters) (Fitzsimmons & Conway, 2023). For example, binding
with organic ligands stabilizes DFe against hydrolysis and precipitation and allows its concentrations to exceed
inorganic solubility limitations (Hunter & Boyd, 2007; Liu &Millero, 2002). Here, heavy isotope enrichment has
been observed in organically complexed species compared with free aqueous species of iron (e.g., Dideriksen
et al., 2008; Morgan et al., 2010). Biological uptake by phytoplankton can also contribute to iron isotope frac-
tionation, leading to enrichment of heavier isotopes in surface seawater (Ellwood et al., 2015). One clear indi-
cation for the contribution of fractionation processes is that the observed seawater δ56Fe is mostly heavier than its
sources (e.g., Conway & John, 2014; Conway & John, 2015; Radic et al., 2011). Therefore, a modeled system
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considering both different end‐member signatures of iron sources, fractionation processes and physical mixing of
isotopic signals can certainly help to explain observations of iron isotopes (e.g., König et al., 2021; König
et al., 2022).

Well‐defined source end‐members are the prerequisites for both the two‐component mixing method andmodeling
studies. However, end‐member signatures of some iron sources have been reported with large variations and even
different signs have been found for the sedimentary iron source (Homoky et al., 2009, 2013; Klar et al., 2017;
Severmann et al., 2006). Microbial dissimilatory iron reduction (DIR) is a common process driving the iron
dissolution from marine sediments and results in an enrichment of the lighter isotope in aqueous ferrous iron and
thus a relatively strong negative δ56Fe in benthic iron flux (− 0.9‰ to − 3.3‰) (e.g., Beard et al., 2003; Crosby
et al., 2005, 2007; Severmann et al., 2006). Measurements of benthic iron fluxes have shown that DIR could be the
dominant iron source to the coastal ocean and beyond (e.g., Elrod et al., 2004; Severmann et al., 2010). Consistent
with a strong role of reductive processes, Elrod et al. (2004) found a clear correlation between the iron flux from
sediments and the oxidation rate of organic matter. Another process, non‐reductive dissolution, observed in
oxygenated sediments and often related to sediment resuspension, has been proposed to have the opposite effect
on δ56Fe and cause the enrichment of the heavier isotope in DFe pool and a slightly positive δ56Fe (+0.4‰) of the
sedimentary iron source (e.g., Homoky et al., 2013; Radic et al., 2011). Furthermore, some studies suggest that
production of iron colloids from lithogenic weathering fuels sedimentary iron supply away from low‐oxygen
systems, with a nearly neutral isotopic signature of +0.07± 0.07‰ (e.g., Homoky et al., 2021). Thus, various
source end‐member signatures of the sedimentary iron have been reported between the DIR and non‐reductive
source and factors controlling its variations are still uncertain (Homoky et al., 2016). Henkel et al. (2018)
pointed out that multifold factors are involved in altering iron isotopic compositions in pore water, including the
amount of reducible Fe oxides and organic matter, the isotopic composition of the primary and secondary ferric
substrates, sedimentation rates, and physical reworking (bioturbation, ice scraping). Therefore, how sensitive the
seawater δ56Fe is to these variations in the sedimentary iron source is crucial for our attempt to use iron isotopes to
constrain the ocean iron sources and the residence time of iron.

In this study, we investigated the sensitivity of the isotopic composition of seawater DFe to the isotopic
composition and strength of sedimentary input into the ocean. The marine cycles of iron and stable iron isotopes
were described in an ocean box model, considering three external iron sources (dust, sediment and hydrothermal
vents), and biological uptake and organic complexation as fractionation processes. The isotopic signal of the
sedimentary iron input was varied in sensitivity experiments to represent the DIR and/or non‐reductive source. In
addition, the sedimentary flux of iron was varied over two orders of magnitude (which is approximately the range
used in different global ocean biogeochemical models), while keeping the iron concentrations in each ocean box
close to observations by co‐varying the rate of scavenging loss of iron. With the three distinct ocean boxes, the
model is able to roughly estimate contributions of different iron sources to the large ocean regions, allowing us to
investigate and give hints whether the sedimentary input of iron can be constrained with the help of the available
measurements of iron isotopic composition despite the uncertainty in end‐member signatures of iron sources.

2. Methods
2.1. Model of Fe

In this study we used the box model of the ocean carbon cycle (Figure 1) originally developed by Sarmiento and
Toggweiler (1984), extending the model with a description of the ocean iron cycle. The ocean is divided into three
boxes: the low‐latitude surface box (BoxL), the high‐latitude surface box (BoxH) and the deep‐ocean box (BoxD).
BoxL is 100 m thick and covers the surface area between 50°N and 50°S, roughly about 85% of the total ocean
surface area; BoxH has a thickness of 250 m and covers the high‐latitude regions north of 50°N and south of 50°S.
Exchange between the ocean boxes includes the thermohaline overturning, mixing at the high latitudes and
sinking of organic particles from the two surface boxes into the deep‐ocean box. The volumes and exchange
fluxes are taken from Sarmiento and Toggweiler (1984).

The iron model considers three external sources of DFe namely dust deposition, hydrothermal vents and marine
sediments. The input of DFe into each box was prescribed based on a previous and more complex box model of
the marine iron cycle (Völker & Ye, 2022). The input fluxes from different sources are listed in Table 1 for the
reference experiment, together with the volumes of each box.
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DFe in seawater is consumed by photosynthetic production of organic biomass and recycled by degradation of
organic material. Both processes are represented in the model proportional to carbon consumption and release,
assuming a ratio of 1 μmol m− 3 Fe: 200 mmol m− 3 C (Table 2), a typical value obtained from radiolabeled
phytoplankton uptake experiments (King et al., 2012). DFe is consumed in the two surface boxes and reminer-
alized in the deep ocean box. The rate of change of DFe in each box is calculated considering the biological
processes, exchange between ocean boxes and the removal by particle adsorption. Free iron (Fe’), that is, not
bound by organic ligands, is scavenged by sinking particles. As concentrations of sinking particles can not be
represented adequately in a simple box model, we make the assumption that the effective rate of scavenging is 100
times as high in the surface boxes as in the deep ocean box. The fraction of Fe’ in DFe is calculated by assuming a
constant concentration of organic ligands of 1 μmol m− 3 (Table 2). An example of calculating Fe’ in BoxL (Fe’L)
is given in Equation 5.

The equations for DFe in each box are

d
dt
DFeL =

1
VL
(Tr ⋅ (DFeD − DFeL) − PL ⋅ rFe2C + SL) − RL (2)

d
dt
DFeH =

1
VH
(Tr ⋅ (DFeL − DFeH) +M ⋅ (DFeD − DFeH) (3)

− PH ⋅ rFe2C + SH) − RH

d
dt
DFeD =

1
VD
(Tr ⋅ (DFeH − DFeD) − M ⋅ (DFeD − DFeH) (4)

+ (PL + PH) ⋅ rFe2C + SD) − RD

where DFe stands for the dissolved iron concentration, and the
subscripts L,H ,D represent the three model boxes. V is the volume of a specific

box, Tr the total volume flow from one to another box through overturning
(red arrows in Figure 1) and M the total volume flow due to high‐latitude

Figure 1. The ocean box model and fluxes between the boxes used in this study. The thickness of BoxL and BoxH are 100 and
250 m, respectively, and the volumes of the three boxes are given in Table 1.

Table 1
Properties of the Ocean Boxes and the External Sources of Iron

Box Volume (m3) Iron source Input (mol Fe year− 1)

BoxL 3.06 × 1016 Dust 8.2 × 108

Hydrothermal vents 4.5 × 104

Sediments 1.7 × 108

BoxH 1.35 × 1016 Hydrothermal vents 5.5 × 105

Sediments 1.4 × 108

BoxD 1.32 × 1018 Hydrothermal vents 8.5 × 108

Sediments 4.4 × 108

Note. Dust and hydrothermal source of iron are kept identical between model
experiments, while only the reference sedimentary input is listed in the table
(referred to as “1X” in figures).
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mixing (the green arrow in Figure 1). The term P describes the biological carbon fixation into biomass and thus is
a removal of iron from the surface boxes and a gain in the deep box which is calculated from the carbon flux to
iron flux with rFe2C, the Fe:C ratio mentioned above. S stands for the sum of iron input from all external sources
and R the removal of iron by particle scavenging. The latter is calculated from the free iron (Fe’) concentration in
each box and a constant scavenging rate which is 100‐fold higher in the surface boxes than in the deep ocean box.
An example of calculating the scavenging loss of DFeL is given in Equation 5 and the scavenging loss of DFeD is
calculated using rscav/100.

RL = rscav ⋅ FeĹ

A =
Lig − DFeL + Kcond

2

FeĹ = − A +
̅̅̅̅̅̅̅̅̅̅̅̅̅̅̅̅̅̅̅̅̅̅̅̅̅̅̅̅̅̅̅̅̅̅̅

DFeL ⋅Kcond + A2
√

(5)

2.2. Model of 56Fe

The cycle of 56Fe in DFe (DFe56) is described in an analogous way to DFe in the model, but with additional
processes changing DFe56 concentrations, the so‐called “fractionation”. Considering fractionation by biological
uptake and organic complexation with ligands, the equations of DFe56 in each box look like:

d
dt
DFe56L =

1
VL

(Tr ⋅ (DFe56D − DFe56L ) − PL ⋅ rFe2C ⋅ r56L ⋅ αupt + S56L ) −
RL ⋅ r56L
αcomp

(6)

d
dt
DFe56H =

1
VH

(Tr ⋅ (DFe56L − DFe56H ) +M ⋅ (DFe56D − DFe56H ) − PH ⋅ rFe2C ⋅ r56H ⋅ αupt + S56H ) −
RH ⋅ r56H
αcomp

(7)

d
dt
DFe56D =

1
VD

(Tr ⋅ (DFe56H − DFe56D ) − M ⋅ (DFe56D − DFe56H )+ (PL ⋅ rFe2C ⋅ r56L + PH ⋅ rFe2C ⋅ r56H )

⋅ αupt + S56D ) −
RD ⋅ r56D
αcomp

(8)

The superscript 56 denotes the concentration of 56Fe (e.g., DFe56L ), the ratio of 56Fe to total DFe (e.g., r56L ) or the
external source of 56Fe (e.g., S56L ) in each ocean box. Fractionation by biological uptake and organic complexation

Table 2
Parameters Used in the Box Model

Symbol Description Unit Value References

δ56Fedust δ56Fe of dust ‰ +0.10 A, B

δ56Fehydro δ56Fe of hydrothermal vents ‰ − 0.50 C, D, E

δ56Fesed δ56Fe of reductive sediments ‰ − 3.00 F

δ56Fenonsed δ56Fe of non‐reductive sediments ‰ +0.30 G, H, I

rFe2C Fe to C ratio in biomass μmol:mmol 1:200 L

rscav Scavenging rate constant day− 1 min. 0.055

max. 3.2

Kcond Conditional stability constant μmol− 1 m3 200

Lig Ligand concentration μmol m− 3 1.0

αupt Fractionation factor by biological uptake +0.99974 J

αcomp Fractionation factor by organic complexation +1.0001 K

Note. A: Waeles et al. (2007); B: Chen et al. (2020); C: Rouxel et al. (2008); D: Bennett et al. (2009); E: Nasemann
et al. (2018); F: Severmann et al. (2010); G: Radic et al. (2011); H: Homoky et al. (2013); I: Scholz et al. (2014); J: Ellwood
et al. (2015); K: sensitivity studies based on Dideriksen et al. (2008); L: King et al. (2012).
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are taken into account through αupt and αcomp, respectively. The inverse of αcomp is considered for the fractionation
by scavenging since Fe that is not bound to organic ligands undergoes scavenging. Details of parameter choices
are given below.

The model simulates the concentrations of dissolved 56Fe (DFe56) and the sum of all Fe isotopes (DFe). For
comparison with observed δ56Fe (defined as Equation 1) we therefore have to calculate δ56Fe out of the ratio
between modeled DFe56 and total DFe concentration, r56, from:

δ56Fe =
r56 (1 + r56std + r57std + r58std) − r56std
r56std − r56 (r56std + 3r57std/2 + 2r58std)

, (9)

where r56std, r57std and r58std are reference isotopic ratios of
56Fe, 57Fe and 58Fe to 54Fe, respectively. This relation is

derived in the appendix (Section Appendix A) under the assumption of mass‐dependent fractionation for the
different iron isotopes (e.g., Dauphas et al., 2017).

2.2.1. Isotopic End‐Member Signatures of Fe Sources

A 56Fe fraction of 0.917517 is applied in the model as the initial value of 56FeDFe in all three ocean boxes,
corresponding to the value of the reference material IRMM‐014 with a δ56Fe of 0‰ (Dauphas et al., 2017). The
three considered external sources in our model have isotopic compositions that significantly differ from this
average ratio and the corresponding references are given in Table 2.

The measured end‐member composition of dust varies between 0‰ ∼ +0.3‰(Abadie et al., 2017; Chen
et al., 2020; Waeles et al., 2007); that of hydrothermal source exhibits a larger range from − 1‰ to − 0.1‰
(Bennett et al., 2009; Nasemann et al., 2018; Severmann et al., 2004); and the largest variability is found in
sedimentary sources from the strongly light reductive signatures around − 3‰ ∼ − 1‰ (Abadie et al., 2017;
Conway & John, 2014; Severmann et al., 2010), to the slightly positive values (up to +0.4‰) of DIR sources
(Conway & John, 2014; Homoky et al., 2013; Klar et al., 2017; Radic et al., 2011; Scholz et al., 2014) which are
close that of the dust source. A set of sensitivity experiments were conducted (Table S1 in Supporting Infor-
mation S1) to examine how the variability in the measured isotopic compositions of source end‐members affects
the isotopic composition in seawater. The source end‐member compositions used in the standard experiments
represent roughly the averages of the measurements.

2.2.2. Fractionation by Biological Uptake

Differences of δ56Fe between particulate Fe (PFe) and DFe in the euphotic zone have been reported to be in
the range of − 0.13‰ to − 1‰ in field studies (Ellwood et al., 2015, 2020; Radic et al., 2011; Sieber
et al., 2021). Ellwood et al. (2015) found a time‐dependent change in δ56Fe of DFe and PFe across stages
associated with the progression of the annual spring bloom: while DFe is isotopically lighter than or similar to
PFe during the winter mixing and the onset of spring blooms, at the peak of blooms δ56Fe of PFe is
significantly lighter than in the dissolved iron pool (Δδ56FePFe− DFe = − 0.26‰), demonstrating the maximal
effect of isotopic fractionation by biological uptake. Therefore, we assumed in this study that biological
uptake changes δ56Fe by 0.99974 (i.e., 1− 0.26‰).

2.2.3. Fractionation by Organic Complexation

A fractionation of 0.6‰was measured in the laboratory experiments between inorganic Fe(III) and Fe(III)‐ligand
complexes with a strong model ligand DFOB (desferrioxamine B) (Dideriksen et al., 2008). A strong positive
correlation between fractionation factors and the iron‐binding affinity of ligands have been found by (Morgan
et al., 2010). We conducted sensitivity simulations by varying the fractionation by organic complexation between
±100% from 0.6‰ and found better model‐data matches with weaker fractionations, indicating that most of
natural ligands might have lower iron‐binding affinities than DFOB. Results of some tuning experiments are
shown in (Table S1 and Figure S8 in Supporting Information S1). Therefore, we assumed that iron bound with
ligands becomes isotopically 0.1‰ heavier than Fe’; scavenging only removes the lighter Fe’ and thus changes
the isotopic composition of total DFe by − 1

1.0001 (Equations 6–8, Table 2).
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A constant ligand concentration of 1 μmol m− 3 is used in the standard ex-
periments, while a set of sensitivity experiments were performed with ligand
concentration ranging from typical deep‐ocean ligand concentrations of 0.6
and 1 μmol m− 3 which are commonly assumed in global iron models, to
higher values of 1.5 and 2.0 μmol m− 3 which are still within the range of
measured ligand concentrations (Gledhill & Buck, 2012). Details of these
experiments are shown in Figure S8 in Supporting Information S1.

2.3. Model Experiments

Due to very different isotopic end‐member signatures between the reductive
and non‐reductive sediment source, and the high uncertainty in the strength of
the sedimentary iron into the ocean, nine sets of sensitivity simulations with
differing isotopic end‐member signature of the sedimentary iron were con-
ducted in this study: three with a reductive sediment source (experiment
names containing “r”), three with a non‐reductive source (experiment names
containing “nr”) and three with a reductive source for the surface ocean boxes
BoxL and BoxH and a non‐reductive source for the deep ocean box BoxD
(experiment names containing “sr”) (Table 3).

For each assumption on the isotopic end‐member signature of the sediment source, we performed three sub‐
studies: one without any fractionation effects in the water column, one with biological fractionation (experiment
names containing “b”), and one with fractionation during biological uptake and through organic complexation
(experiment names containing “bc”). In each of these nine experiment groups we then varied the strength of the
sedimentary source by multiplying it with a factor ranging from 1 to 200 in 8 steps, leaving the strength of the
other Fe sources constant. As the strengthening of the sediment source would otherwise lead to overly large DFe
concentrations, we also varied the scavenging rate to keep DFe concentrations in each box close to observations
(also see Section 2.4). The detailed factors are given in Table 4.

Existing measurements of iron isotopic composition in marine sediments show that, while reductive sedimentary
sources are often found where organic carbon supply is high, for example, in marginal shelves and under pro-
ductive upwelling regions (Fitzsimmons & Conway, 2023; Henkel et al., 2018; Homoky et al., 2009; Severmann
et al., 2006, 2010), non‐reductive signals are rather reported in oxic sediment pore waters which may dominate in
deeper parts of the ocean (Fitzsimmons & Conway, 2023; Homoky et al., 2009, 2011, 2013; Labatut et al., 2014).
Exceptions are found in shallower waters with low biological productivity and in the Oxygen Minimum Zones
(OMZs) with intermediate water depths. Low biological productivity leads to less oxygen consumption by oxic
degradation of organic matter and thus, sediments could be a non‐reductive input of iron (Labatut et al., 2014).
Some OMZs are distributed from the mesopelagic to a part of the bathypelagic zone. Sedimentary iron there keeps
its reductive signals also in deep waters (Staubwasser et al., 2006). Therefore, in the last three sets of experiments,
we assume a non‐reductive sedimentary source for BoxD and a reductive source for the two surface boxes. Results
from a previous modeling study by König et al. (2021) also show that sediments generally supply isotopically
light Fe into the upper ocean but heavier ones deeper in the water column. During the model‐data comparison
(Section 2.4), we were aware that deeper OMZs are included in the eastern part of GEOTRACES cruise GP16 in
the tropical Pacific Ocean, although the observed seawater δ56Fe in the deep ocean is dominated by open ocean
samples. Our assumption of a non‐reductive sedimentary input into BoxD can therefore not represent iron sources
from those deeper OMZs. Yet, observations in the eastern part of GP16 were not excluded in the model‐data

Table 3
Experimental Groups in This Study

Exp. Sedimentary δ56Fe (‰) Fractbio Fractcompl

Rr − 3.0 No No

Rrb − 3.0 Yes No

Rrbc − 3.0 Yes Yes

Rnr +0.3 No No

Rnrb +0.3 Yes No

Rnrbc +0.3 Yes Yes

Rsr − 3.0 (BoxL) No No

− 3.0 (BoxH)

+0.3 (BoxD)

Rsrb same as Rsr Yes No

Rsrbc same as Rsr Yes Yes

Note. Considered fractionation processes are shown in columns under
“Fractbio” and “Fractcompl”.

Table 4
Factors by Which the Strength of the Sedimentary Iron Source Was Multiplied in the Sensitivity Experiments, and the
Corresponding Scavenging Rate in the Upper Model Boxes

Abbreviation 1X 2X 5X 10X 20X 50X 100X 200X

Sediment factor 1 2 5 10 20 50 100 200

Scavenging rate (day− 1) 0.055 0.073 0.12 0.195 0.34 0.8 1.6 3.2

Note. Scavenging rate in the lower box was always 1% of that in the upper boxes.
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comparison, since we rather compared with the median of data sorted to the deep‐ocean box which may not be
strongly affected by the small number of lighter isotopic compositions along GP16 (Figure S2 in Supporting
Information S1).

Each experiment was run for 10,000 years to ensure that DFe and 56Fe reach their equilibrium concentrations.

2.4. Model‐Data Comparison

For model validation, measured concentrations of DFe and iron isotopic composition δ56Fe were taken from
GEOTRACES, 2021 and other previous studies by Conway and John (2015); Fitzsimmons et al. (2015); John and
Adkins (2012); Kurisu et al. (2024); Labatut et al. (2014); Lacan et al. (2008); Radic et al. (2011); Sieber
et al. (2021); Zhang et al. (2021) (Figure S1 in Supporting Information S1, Table S3). The lowest values are found
in the high‐latitude North Pacific, close to coasts where the reductive sedimentary source probably dominates, and
in the deep North Atlantic close to the Mid‐Atlantic Ridge (Conway & John, 2014), while the highest values were
measured in the surface Southern Ocean around the Antarctica and in the eastern equatorial Pacific which might
be strongly influenced by local iron sources such as meltwater (Sieber et al., 2021) and dust deposition (John
et al., 2018). All data are sorted into the three model boxes, defined by latitude, longitude and water depth, ac-
cording to the expansion of the model boxes (Section 2.1). Median, 10th and 90th percentile of δ56Fe were
calculated for each box and plotted along the entire range of observations in Figure 5.

For each magnitude of the sedimentary iron source prescribed in the model, 11 tuning runs were conducted
varying the scavenging rate. The criterion to determine the “best” source strength‐scavenging rate pair is that the
modeled DFe concentration in each box is between the 40th and 60th percentile of the measurements. If more than
one tuning run fulfills this criterion, the one whose DFe concentrations are closer to the median of observations
was chosen. The 40th and 60th percentile, and the median of observed DFe sorted to BoxL are 0.16, 0.26, and 0.20
μmol m− 3; to BoxH: 0.24, 0.46, and 0.34 μmol m− 3; and to BoxD are 0.51, 0.65, and 0.57 μmol m− 3, respectively.
The outcome of that exercise is documented in the lower row in Table 4.

3. Results and Discussion
3.1. Role of the Sediment Isotopic Composition

We first analyze the effects of reductive versus non‐reductive sedimentary sources in the set of experiments
without fractionation in the water column, so that the differences between the experiments can only be explained
by the different end‐member signatures of the sedimentary source. Figure 2 compares how δ56Fe evolves in the
three ocean boxes with changing total sedimentary source in the experiments Rr, Rnr and Rsr, assuming different
isotopic compositions of the sedimentary source end‐member (Table 3).

Assuming the sedimentary source to be purely reductive (Rr, the solid line with “×” in the three subfigures), the
values of δ56Fe are very similar in all three boxes, and change from a mixture of the isotopic signals between
sedimentary and dust source, for low sedimentary source strength, to a uniform ocean representing only the end‐
member signature of the sediment at high sedimentary source. Only BoxL (in the left subfigure) shows slightly
heavier δ56Fe values with low to medium sedimentary sources (1–5 fold source enhancement). There, the dust
source with a much heavier isotopic composition contributes at a higher or comparable rate to the sedimentary
source, whereas no dust source is considered in BoxH and BoxD.

Although the values of δ56Fe are much higher than in Rr, the qualitative picture is similar (Rnr, the solid line with
“◦” in the three subfigures, assuming a purely non‐reductive sediment iron source): the three ocean boxes show
almost uniform values of δ56Fe which evolve from a mixture of the isotopic signals of the dust and sediment
source at low sedimentary iron fluxes, to a pure reflection of the sedimentary source at high sedimentary input.

It is only when assuming a mixture of reductive and non‐reductive sedimentary sources (Rsr, the solid line with
“▵” in the three subfigures) that we find significant differences in the isotopic values of the three boxes. The
sedimentary input into BoxD is assumed to be non‐reductive, thus δ56Fe in BoxD are the highest, close to the
values in Rnr. BoxL and BoxH shows a declining trend with the source strength, explained by the increasing
contribution of reductive sediments in these two boxes. Values in BoxH are higher than in BoxL, mainly driven by
the mixing between BoxH with reductive sediments and BoxD with non‐reductive sediments.

Global Biogeochemical Cycles 10.1029/2024GB008373
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3.2. Role of Biological Fractionation: Rnr versus Rnrb, and Rsr versus Rsrb

How fractionation by biological uptake affects δ56Fe can be easily seen when comparing Rnr and Rnrb (Figure 3a,
lines with “◦” and those with “×”), since all three boxes in Rnr have near‐zero values, serving best as a reference.
Biological fractionation creates large inter‐box variability with BoxL > BoxH > BoxD. Lighter isotopes are
preferentially taken up by phytoplankton in surface boxes and thus more heavier isotopes are left in seawater,
resulting in a higher δ56Fe. In the deep ocean box organic matter is remineralized, releasing more lighter isotopes
and decreasing δ56Fe in BoxD. Values in BoxH lie between BoxL and BoxD, affected by the mixing between BoxH
and BoxD. The large inter‐box variability converges with increasing sedimentary source until the effect of bio-
logical fractionation is negligibly small compared to that of the sedimentary input. Thus, δ56Fe in all three boxes
become closer to those in Rnr without biological fractionation.

Patterns in Rsr and Rsrb look more complex (Figure 3b). Ignoring biological fractionation (Rsr), δ56Fe in the three
boxes diverge from the initial near‐zero values with the increasing source strength; while biological fractionation
creates large inter‐box differences in sensitivity simulations with lower sedimentary sources which decrease with
increasing source strength, similar to the effect of biological fractionation in Rnrb. With higher sedimentary
sources, values in all ocean boxes are getting closer to those in Rsr. Therefore, the different patterns in Figures 3a
and 3b are mainly driven by the different isotopic composition of sediments in different ocean boxes.

3.3. Role of Fractionation by Organic Complexation: Rnrb versus Rnrbc, and Rsrb versus Rsrbc

Assuming non‐reductive sediments in all three boxes and considering biological fractionation (Rnrb), δ56Fe starts
with positive values in BoxL and negative values in BoxH and BoxD when sedimentary sources are low, and
converges to values slightly above +1‰with increasing source strength. These features have been already
discussed in the last chapter (Section 3.2, Figure 3). Comparing Rnrb (Figure 4a, lines with “◦”) with Rnrbc

(Figure 4a, lines with “×”), one can easily see that the fractionation by organic complexation shifts δ56Fe
completely into the positive range and the magnitude of the shifts is larger at lower source strengths (up to 6‰)
and reduces to around 2‰ at a 200‐fold enhancement of the sedimentary source.

Heavier iron isotopes are preferentially bound in organic complexes, resulting in a higher scavenging loss of
lighter isotopes. This fractionation process moves isotopic compositions throughout the water column into
positive direction, not like biological uptake which acts in the surface and deep open in opposite directions. Thus,
with strong sedimentary sources, even though the non‐reductive source signal dominates in all ocean boxes, the
converged δ56Fe values in Rnrbc are higher than those in Rnrb. Furthermore, the fractionation through organic
complexation reduces the inter‐box variability in simulations with lower sedimentary sources: for example, in the
simulation with the initial source strength, δ56Fe in the three boxes span over 7‰ in Rnrb, while in Rnrbc they vary
from +0.9‰ to +4.8‰. The scavenging of free iron ions in our model is highest in BoxH (Table S2) due to the
highest iron concentrations and the applied higher scavenging rate for surface boxes (Table 2), representing the
higher particle load and reactivity there. Therefore, δ56Fe in BoxH is most fractionated through organic
complexation or rather scavenging (Table S2) which strongly influences δ56Fe in BoxD by mixing. With the
convergence of three ocean boxes with the increasing source strength, differences in the inter‐box variability
between Rnrb and Rnrbc also vanish.

Figure 2. δ56Fe in the low‐latitude surface box BoxL, high‐latitude surface box BoxH and deep‐ocean box BoxD in the
experiments Rr , Rnr and Rsr (see experiment names in Table 3). The X‐axis shows the enhancement factor of the sedimentary
source.
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Considering different end‐member signatures of the sedimentary source introduces a bit higher complexity in the
comparison of Rsrb and Rsrbc (Figure 4b). However, comparing Figure 4b with Figure 3b, one reveals that the “X”‐
form evolution between the surface boxes and the deep one is already featured by biological fractionation. The
fractionation through organic complexation just introduces an offset between Rsrb and Rsrbc in each ocean box
which remains in all simulations. The reason for the offsets has been mentioned in the last paragraph.

3.4. Constraints on the Sedimentary Iron Source

One of the key questions in the research field of marine iron isotopes is whether we can better constrain strengths
of external iron sources into the ocean based on measured isotopic compositions and understanding of frac-
tionation processes. To this end, model results of the three experiments considering both fractionation through
biological uptake and organic complexation but different end‐member signatures of the sedimentary source (Rrbc,
Rnrbc and Rsrbc in Figure 5) have been compared with ranges and median values of measured iron isotope con-
centrations (Section 2.4).

Assuming a reductive sediments source, δ56Fe in Rrbc vary within the total ranges of observations when the
sediment source is enhanced by 50 times and above. However, all three ocean boxes show only negative δ56Fe
values and BoxD always has lower values than BoxH , disagreeing with the observed medians.

Non‐reductive sediments (Rnrbc) shift δ56Fe in all boxes into the positive range. With smaller sedimentary
sources, δ56Fe in BoxD is within the range of observations, while the surface boxes show too heavy isotopic
compositions. All the values become closer to about 3‰ with increasing sedimentary input and with 200 times
enhanced sediments they are still beyond the observed ranges. This indicates that extremely high sedimentary
sources are necessary to force δ56Fe to the observed lower values. With that, however, the inter‐box variability
would vanish completely.

Figure 3. Comparison of δ56Fe in the low‐latitude surface box BoxL, high‐latitude surface box BoxH and deep‐ocean box
BoxD in the experiments: (a) Rnr and Rnrb, (b) Rsr and Rsrb, to illustrate the role of biological fractionation in changing the
seawater iron isotopic composition. The X‐axis shows the enhancement factor of the sedimentary source.

Figure 4. Comparison of δ56Fe in the low‐latitude surface box BoxL, high‐latitude surface box BoxH and deep‐ocean box
BoxD in the experiments: (a) Rnrb and Rnrbc, (b) Rsrb and Rsrbc, to illustrate the role of fractionation by organic complexation
in changing the seawater iron isotopic composition. The X‐axis shows the enhancement factor of the sedimentary source.
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In simulations of Rsrbc with the medium‐size sedimentary input (from 10‐fold to 20‐fold, corresponding to 7.5–
15 Gmol yr− 1), the model achieved a pattern with all values within the observed ranges and lower values in BoxH
than in the other two boxes. The latter can be only explained by the combined effect of different end‐member
signatures of the sedimentary source, mixing between BoxH and BoxD and fractionation processes. The end‐
member signature of the sedimentary source to BoxH is strongly negative, as one can clearly see in Rsr. Bio-
logical uptakes works against the negative source signal and drives δ56Fe in both surface boxes to the positive
ranges, while remineralization releases lighter iron isotopes in BoxD, which has already been discussed in Section
3.2. The high‐latitude mixing brings isotopically lighter waters from BoxD to BoxH which lowers δ56Fe in BoxH
comparing to BoxL. Different to Rsrb, scavenging preferentially removes iron with lighter isotopic compositions
and acts against the negative trend in BoxD. This inter‐box variability can only be retained as long as it is pre-
dominantly determined by fractionation processes, not by the end‐member signatures of the sedimentary source.
Therefore, the best model‐data match is found in a relatively narrow range of the source strength.

This range of sedimentary iron input is constrained under the assumption of fixed end‐member signatures of dust
and hydrothermal source and their source strengths. Additional sets of experiments (Table S1 in Supporting
Information S1) with a fixed end‐member signature of sedimentary source but varying signatures of the other two
sources show that our estimation of the strength of sedimentary iron input is rather robust against the variability in

Figure 5. Comparison of δ56Fe (‰) in three sets of simulations considering a reductive sedimentary source (Rrbc), a non‐
reductive sedimentary source (Rnrbc) and both reductive and non‐reductive sedimentary source (Rsrbc) with measurements
(“obs”) as white boxes. The X‐axis shows the enhancement factor of the sedimentary source from 1 to 200. Observations were
sorted into the three model boxes (Section 2.4). The 10th and 90th percentile of each model box are shown as vertical bars and
the total range as whiskers. The median values are marked by the horizontal line within the bars.
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end‐member signals of dust and hydrothermal source (Figure S3 and Figure S4 in Supporting Information S1).
The constrained sedimentary source is yet sensitive to the end‐member signal of the sedimentary source (Figure
S5 and Figure S6 in Supporting Information S1). Assuming less heavier non‐reductive sedimentary source
(+0.0‰ and +0.1‰) to the deep‐ocean box results in a wider range of constrained sedimentary input between
7.5 and 37.5 Gmol yr− 1; while assuming a less negative isotopic composition for the reductive sediment input to
the surface oceans (− 2.4‰ and − 1.8‰), δ56Fe values remain within the observed range only in simulations with
20‐fold sedimentary input or 15 Gmol yr− 1 and those with smaller sedimentary input have too high δ56Fe in BoxL.
This high sensitivity suggests that further constraining should be done in studies considering the spatial variability
in the end‐member signature of the sedimentary iron input and in strengths of different iron sources as well as
mechanisms determining these variabilities.

The constrained range of the sedimentary input remains unchanged among all experiments with different ligand
concentrations, except for the experiment with the lowest ligand concentration (0.6 μmol m− 3) (Figure S7 in
Supporting Information S1). In that experiment, a relatively low scavenging rate is required due to the low binding
capacity of ligand, which failed to keep DFe concentration in BoxH within the observed range when the sedi-
mentary input is increased by over 5 times.

4. Conclusions
Each of the nine sets of experiments, differing in the chosen isotopic signal of the sediment and the absence or
presence of the two fractionation processes considered, demonstrates a clear dependency of seawater δ56Fe on the
strength of the sedimentary source and the corresponding scavenging rate. A convergence of the isotopic signal to a
sediment‐dominated value is found in all experiments with high source strengths. Generally, source strengths and
end‐member signatures create the framework for seawater δ56Fe and fractionation and loss processes intensify
spatial gradients which are important to be compatible with observed distributions of isotopic composition.

Assuming that the experiment sets that take into account both fractionation through biological uptake and organic
complexation can best represent processes driving the cycle of iron isotopes in the real world (consistent with the
findings in König et al., 2021; König et al., 2022), our results indicate that spatially variable end‐member sig-
natures of the sedimentary source are necessary to reproduce the observed range and inter‐box variability of
δ56Fe, particularly for the high‐latitude surface regions that are strongly influenced by mixing with the deep ocean
and the biological fractionation taking place in the low‐latitude surface ocean.

In comparison with observed seawater isotopic compositions, the best model‐data match has been found in those
simulations of Rsrbc that have a 10‐ to 20‐fold increase of the sedimentary source relative to our reference
simulation. This suggests a global sedimentary input of DFe between 7.5 and 15 Gmol yr− 1 and scavenging rates
of 0.20–0.34 day− 1 in surface waters, resulting in a residence time of 1–2 years. The numbers for sedimentary
input are within the range of assumptions made in global models (<1–200 Gmol yr− 1) but lower than that many
models assumed (around 100 Gmol yr− 1) (Somes et al., 2021; Tagliabue et al., 2016). The residence time in
surface waters is within the range of measurement‐based estimates from months to a few years (Black
et al., 2020).

Since this simple box model only takes into account three ocean boxes, it obviously cannot reproduce isotopic
gradients within individual ocean basins that have been the focus of many observational (e.g., Conway &
John, 2014; Conway & John, 2015) and modeling (König et al., 2022) studies. Both due to the spatial simpli-
fication and the additional simplifications involved, namely the consideration of only three external iron sources,
and simplifications in the representation of biological processes that are necessary in box models (e.g., a complete
consumption of nutrients in BoxL), the modeled cycling of iron and its isotopes differs from that in more complex
global biogeochemistry models and observations. A further limitation of our approach is that all scavenging is
assumed to be irreversible. Reversible scavenging has been shown to transport isotopic signals from the surface
downward for lead and zinc (Lanning et al., 2023; Sieber et al., 2023), and is likely to do the same for iron. A
description of reversible scavenging, however, requires a description of vertical particle distributions (Roshan
et al., 2020; Weber et al., 2018), which would introduce a number of additional assumptions into our model.
Therefore, the optimized range of the sedimentary sources and scavenging rates resulted in this study needs to be
further explored in full ocean biogeochemical models which also contain some description of particle (both biotic
and abiotic) cycling.

Global Biogeochemical Cycles 10.1029/2024GB008373

YE AND VÖLKER 12 of 16

 19449224, 2025, 5, D
ow

nloaded from
 https://agupubs.onlinelibrary.w

iley.com
/doi/10.1029/2024G

B
008373 by A

lfred W
egener Institut F. Polar- U

. M
eeresforschung A

w
i, W

iley O
nline L

ibrary on [11/08/2025]. See the T
erm

s and C
onditions (https://onlinelibrary.w

iley.com
/term

s-and-conditions) on W
iley O

nline L
ibrary for rules of use; O

A
 articles are governed by the applicable C

reative C
om

m
ons L

icense



Moreover, the assumption made of a uniform isotope signal of the sediment source signals within the different
ocean boxes is strongly simplified and ignores spatial gradients caused for example, by productivity gradients,
that, however, cannot be represented in a box model. A more realistic description based on processes regulating
the source signals (e.g., the bottom water oxygen concentrations and sedimentary redox processes, such as
represented in Dale et al. (2015)) is desirable in complex global models and might lead to optimal pairs of the
sedimentary source strength and scavenging rate that are different from the ones obtained here. Nevertheless, the
procedure established in this study (based on model‐data comparison of iron isotopes) can be used to optimize or
constrain the pair of the sedimentary source and scavenging rate in global iron models, helping to reduce un-
certainties in assumed source strengths (Tagliabue et al., 2016). With this, an inter‐model comparison could focus
more on inneroceanic processes affecting the iron cycle in models, and reduce the strong dependency of model
outcomes on difference in assumption on the strength of iron sources between models.

Appendix A: Calculation of δ56Fe from Box Model Results

In the model, we have concentrations of Fe and 56Fe. From these values we want to calculate δ56Fe. The problem
is that this quantity is related to the ratio of the two isotopes r56= 56Fe /54Fe, and not to the ratio R56= 56Fe/FeT ,
where FeT=

54Fe+ 56Fe+ 57Fe+ 58Fe is the sum of the concentrations of all stable Fe isotopes.

To get from R56 to r56 we use first the definition of FeT through

FeT =
54Fe + 56Fe + 57Fe + 58Fe

= 54Fe ⋅ (1 + r56 + r57 + r58)

= 54Fe ⋅ (1 + (1 + δ56Fe) ⋅ r56std + (1 + δ57Fe) ⋅ r57std + (1 + δ58Fe) ⋅ r58std)

(A1)

where αn = 1 + δnFe = rr/rn
std is the isotopic ratio of a sample (for an isotope with atomic weight n) divided by

the isotopic ratio of the standard.

In the next step we use the fact that isotopic fractionation for iron isotopes is usually mass dependent, so
δ57Fe = 3/2 ⋅ δ56Fe and δ58Fe = 2δ56Fe, to obtain

FeT =
54Fe ⋅ (1 + r56std + r57std + r58std + δ56Fe ⋅ (r56std +

3
2
r57std + 2r58std)) (A2)

an equation that now only contains the two unknowns 54Fe and δ56Fe.

The required second equation comes from combining the two definitions of isotopic ratios R56 and r56: We have

56Fe = FeT ⋅R56

= 54Fe ⋅ r56 = 54Fe ⋅ (1 + δ56Fe) ⋅ r56std
(A3)

which we can use to write FeT =
54Fe ⋅ (1 + δ56Fe) ⋅ r56std /R56. Inserting this into Equation A2 and canceling out

the concentration of 54Fe we obtain a single equation for δ56Fe:

(1 + δ56Fe) r56std = R56 ⋅ (1 + r56std + r57std + r58std + δ56Fe ⋅ (r56std +
3
2
r57std + 2r58std)), (A4)

and the solution to this is

δ56Fe =
R56 ⋅ (1 + r56std + r57std + r58std) − r56std
r56std − R56 ⋅ (r56std + 3r57std/2 + 2r58std)

(A5)
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Data Availability Statement
The source code of the box model used for this manuscript is archived on Zenodo (Ye, 2025a). Model output
(Table S2) and additional observational data collected from publications (Table S3) are also available on Zenodo
(Ye, 2025b).
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