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Abstract
Volcanic tremor has attracted considerable attention by seismologists because of its potential value as a tool for
forecasting eruptions and better understanding the physical processes that occur inside active volcanoes. However,
unlike tectonic earthquakes where the dominant source process is brittle failure of rock, the driving mechanism of
tremor seems to involve complex interactions of magmatic fluids with the surrounding bedrock. These interactions are
responsible for the following distinct characteristics found in volcanic tremor recorded at many volcanoes worldwide:
(a) the onset of tremor may be emergent or impulsive, with its amplitude showing in many cases a direct relationship
to the volcanic activity; (b) in the frequency domain the spectra consist of a series of sharp peaks in the band 0.1^7
Hz, representing either a fundamental frequency and its harmonics, or a random distribution, while quite often they
exhibit temporal variations in their content; (c) the depth of the source can vary considerably from one volcano to
another in the range of a few hundred metres to 40 km; (d) tremor may occur prior to and/or after eruptions with a
duration that ranges from several minutes to several days or months. The methods used to study tremor include
spectral analysis using both the Fast Fourier Transform and the Maximum Entropy Method, polarisation analysis of
the wavefield and methods that make use of array data to deduce the backazimuth and type of the seismic waves as
well as the location of the source. Visual and/or recorded acoustic observations of the ongoing volcanic activity have
assisted in many cases to further constrain proposed physical mechanisms for the generation of tremor. The models
suggested as possible sources of tremor can be grouped as follows: (a) fluid-flow-induced oscillations of conduits
transporting magmatic fluids; (b) excitation and resonance of fluid-filled cracks; (c) bubble growth or collapse due to
hydrothermal boiling of groundwater; (d) a variety of models involving the oscillations of magma bodies with
different geometries. It has been proposed by many authors that the source of tremor is not unique and may differ
from one volcano to another, a fact that adds more difficulty in the source modelling efforts. As data quality,
computer power and speed are improving, it may be possible in the near future to decipher and accurately model
tremor source processes at different volcanic environments.
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1. Introduction
Since the beginning of seismic observations
near active volcanoes by Omori in 1912, interest
in the study of a particular type of seismic signal
called volcanic tremor, that occurs prior to and
after eruptions, has been growing steadily. The
quest for insight into the processes that take place
during eruptions, as well as the social bene¢ts
stemming from their forecasting in densely populated volcanic areas, are the primary reasons for
such a growth (Aki, 1992). However, from a quite
early stage seismologists realised that the study of
volcanic tremor is far more complicated than the
study of signals generated by sources such as
shear faulting or man-made explosions.
Trying to analyse and understand the physical
mechanism of the source of tremor has proved to
be a very di⁄cult task. Complexities arise from
the fact that a volcano essentially represents the
place of interaction between materials of di¡erent
physical properties : magmatic £uids, the surrounding bedrock, and exsolved gases when ascending magma reaches shallow depths in the
crust. Thus a number of candidate mechanisms
or even a combination of them may be generating
volcanic tremor. Depending on the eruptive activity of the volcano, and the £ow regime and chemical composition of magma, the characteristics of
these sources may be expected to change in time
and/or space. These factors put constraints on the
applicability of proposed mechanisms to individual volcanoes and indicate that there may not be
a stationary, unique source even in the same volcano (McNutt, 1986; Yamaoka et al., 1991; Sherburn et al., 1999).
Another point of di⁄culty is the uncertainty
regarding the relationship between tremor and
the di¡erent kinds of volcanic earthquakes that
occur during eruptions. The fact that one class
of these earthquakes, known as low-frequency
events, has similar waveforms and spectra to volcanic tremor led researchers to believe that tremor
may be a superposition of such events (Fehler,
1983). However, that proposition has not resolved
the problem of what common source mechanism
generates both phenomena. Furthermore, it is
well known that very di¡erent physical processes

in a volcano may produce quite similar results
(Schick, 1992). This has been con¢rmed also by
theoretical modelling in the frequency domain of
observed spectra of tremor and low-frequency
events where it was found that many physical
mechanisms could explain them equally well
(Nishimura et al., 1995).
In this article we present a review of the methods and source modelling that have been used to
study and explain characteristics of volcanic tremor recorded at a number of volcanoes worldwide
(Fig. 1). In the ¢rst part we describe the general
features of tremor signals derived from observations and then we embark on an analysis of the
individual methods applied in order to extract
useful information about their origin. In the second part, we discuss the e¡orts to propose models
for the tremor source and we group them according to the physical mechanism they employ to
explain source characteristics. In order to make
the referencing of volcanoes and that of the corresponding articles easier, we have followed the
scheme (volcano-author (et al.), year) throughout
this paper. Our aim is to give a comprehensive
account of the trends and developments in the
research about volcanic tremor. The reader may
further refer to a large database compiled by
Steve McNutt and Milton Garce¤s accessible via
the world wide web (http://www.giseis.alaska.
edu/Input/steve) containing 700 references of reported tremor occurrences around the world.

2. The nature of volcanic tremor
Volcanic tremor can be formally de¢ned as a
persistent seismic signal that is observed only near
active volcanoes, lasting from several minutes to
several days, preceding and/or accompanying
most volcanic eruptions (Fehler, 1983; Julian,
1994; Ripepe, 1996; Me¤taxian et al., 1997). In
most classi¢cation schemes (Minakami, 1960;
Latter, 1979; Power et al., 1994) the term ‘volcanic tremor’ is being used in order to describe
tremor signals of varying amplitude and duration.
Other terms and modi¢ers have also been used,
that characterise the appearance of the signal in
the time or frequency domain (Table 1). In order
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Fig. 1. Location of volcanoes where the tremor occurrences discussed throughout this paper were recorded. The white areas
shown in the map of Iceland indicate permanent glaciers of which Vatnajo«kull is the largest.

to avoid confusion throughout this paper we will
make use only of the general term ‘volcanic tremor’ to describe all such signals.
The majority of volcanic tremor waveforms
have an emergent onset (Fig. 2) to the extent
that the picking of the ¢rst arrival is almost impossible and travel-time location methods used
for earthquakes cannot be applied (Hofstetter
and Malone, 1986). However, there are notable
exceptions with clear impulsive onsets (KilaueaAki and Koyanagi, 1981; Mt. St. Helens-Fehler,
1983) (Fig. 3) that made it possible to locate the

source of tremor, e.g. at Kilauea to a depth of
about 40 km. Observations regarding the relation
of the tremor amplitude with the intensity of the
eruptive activity are mixed. In many cases an increase in tremor amplitude coincided with visual
observations of strong lava fountaining or dome
building (Pavlof-McNutt, 1986; Kilauea-Dvorak
and Okamura, 1985 ; Hekla-Brandsdo¤ttir and Einarsson, 1992). However, in other cases no relationship between super¢cial activity and amplitude could be identi¢ed, suggesting that the
temporal variations of the amplitude are a func-
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Fig. 2. Velocity waveforms of high-amplitude and background tremor recorded by a three-component seismometer during the onset of the 1996 Vatnajo«kull subglacial eruption, central Iceland (from Konstantinou et al., 2000).

tion of the £ow rate of magma at large depths
inside the crust (Kilauea-Ferrazzini and Aki,
1992).
In the frequency domain the tremor signals
show a great variation in their spectral content
and appearence. As it will be discussed in detail
later, this variation may be attributed either to
source or path/attenuation e¡ects due to the propagation of the waves through strongly heterogeneous volcanic structures. The power in the spectrum is often concentrated in the band between
0.5 and 7 Hz, bearing in mind the in£uence of
di¡erent instrument responses on the calculated
spectrum. The shape of the spectrum is usually

dominated by one or more sharp peaks that represent either a fundamental frequency and its harmonics (Fig. 4) or a random distribution of peaks
(Fig. 5). Temporal variations in the frequency
content of tremor have also been observed and
it is believed that they re£ect source e¡ects
(Klyutchevskoy-Gordeev et al., 1990 ; Sakurajima-Tsuruga et al., 1997).
Unlike the study of the frequency domain, the
study of the properties of the wave¢eld (wave
types, polarisation, phase velocities) has not been
so thorough, mostly because of the lack of digital
three-component data or poor station coverage/
network geometry at the studied areas. In most

Table 1
Terms/modi¢ers that characterise volcanic tremor in the time or frequency domain
Term

Domain

Description

Example

Harmonic

Frequency/Time

Multiple peaks in the spectrum with a fundamental
frequency and its harmonics

Mt. Semeru, Schlindwein
et al., 1995

Monochromatic

Frequency/Time

Spectrum consisting of only one sharp peak extending
over a narrow frequency band

Ruapehu, Hurst, 1992

Banded

Time

Tremor bursts separated by periods of quiescence, that
resemble stripes or bands on a seismogram

McNutt, 1996

Spasmodic

Time

Continuous tremor with large amplitude variations, that
probably depend on magma £ow or lava fountaining

Kra£a, Brandsdo¤ttir and
Einarsson, 1992

Tremor storm

Time

Small duration tremor bursts superposed on the
background earthquake activity

Etna, Seidl et al., 1990
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cases the wave¢eld consists of Rayleigh and Love
waves (Kilauea-Ferrazzini et al., 1991 ; Mt. EtnaEreditato and Luongo, 1994; Wegler and Seidl,
1997) and is strongly in£uenced by path e¡ects.
There are also a few studies that indicate a mixed
composition of the wave¢eld with the presence of
both body and surface waves (Deception Island,
Almendros et al., 1997). Other studies utilised data
from local arrays, by using the polarisation properties of the wave¢eld in order to calculate the
backazimuth of the propagating waves and estimate the location of the source (Kilauea-Ferrazzini et al., 1991; Masaya-Me¤taxian et al., 1997).

3. Methods of analysis applied to volcanic tremor
3.1. Spectral analysis
3.1.1. Methods of spectral estimation
In most studies of volcanic tremor the estimation of the frequency content has been one of the
primary tools for investigating the nature of the
signal. However, any method used for the calculation of the spectrum should be able to cope
successfully with a number of characteristics not
present in other seismic signals. First, tremor
can persist for long periods of time resulting in

Fig. 3. Velocity waveform of a tremor episode with impulsive
onset, recorded during the 1980 eruption of Mt. St. Helens
and ¢ltered traces (from Fehler, 1983; z AGU, reproduced
with permission of American Geophysical Union).

Fig. 4. Velocity waveform, spectrogram and amplitude spectrum of 20 s of harmonic tremor recorded at White Island.
The dark shades in the spectrogram indicate high energy and
light shades low energy. The harmonics are marked with arrows. This kind of tremor occurs rarely at White Island during periods when there is no eruptive activity (from Sherburn
et al., 1998).

the accumulation of large amounts of data that
have to be analysed. Second, they may exhibit
strong temporal variations in amplitude and/or
frequency content that should be monitored, because of their importance for source modelling
and eruption forecasting. Third, the calculated
spectrum may have multiple sharp peaks around
narrow frequency bands, in which case a high
degree of resolution is required in order to resolve
the individual frequencies. One of the ¢rst spectral
methods to be applied to digital tremor data was
the direct segment method (Baﬁth, 1974). The long
tremor time series is divided into smaller nonoverlapping segments and the spectrum is calcu-
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ment and suppresses those generated by random
noise. A similar method for real-time spectral estimation of tremor data has been implemented at
the Ruapehu volcano observatory (Hurst, 1985),

Fig. 5. Velocity waveform, spectrogram and amplitude spectrum of 20 s of inharmonic tremor recorded at White Island.
The shades in the spectrogram are as in Fig. 5. In contrast
to the harmonic tremor of Fig. 4, inharmonic tremor is very
common at White Island and usually accompanies volcanic
activity (from Sherburn et al., 1998).

lated for each segment by means of a Fast Fourier
Transform (FFT). The ¢nal spectral estimate is
then the average of all the individual spectra.
This method has been used in volcanic tremor
recordings from Mt. St. Helens (Fehler, 1983;
Hofstetter and Malone, 1986). It enhances the
spectral peaks that are common to every time seg-

Fig. 6. (A) Amplitude spectra of tremor from Ruapehu
showing a peak at 0.8 Hz (marked with arrow) and peaks at
2 and 7 Hz. The spectra are an average of 129 3-min readings over a period of 6.5 h from three di¡erent stations (after
Sherburn et al., 1999). (B) Same as in (A) for tremor with
peaks at 2 and 3 Hz and wideband tremor (after Sherburn et
al., 1999).
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Fig. 7. Spectrogram of tremor recorded at Mt. Semeru with 10 harmonics clearly visible. The vertical axis marks the beginning
of every calculation window and dark shades indicate high energy, light shades low energy. Note how the spectral lines representing each harmonic shift as time elapses, keeping the same horizontal distance from each other; this phenomenon, which has been
termed ‘gliding’, was also observed at Arenal volcano by Hagerty et al. (2000) (from Schlindwein et al., 1995; z AGU, reproduced with permission of American Geophysical Union).

where average spectra are calculated over successive 3-min intervals with a frequency resolution of
0.1 Hz in the band between 0.05 and 4.04 Hz
(Sherburn et al., 1999) (Fig. 6A,B).
In order to detect temporal changes in the frequency content of the signal a direct comparison
of the averaged spectra should be performed.
Such a comparison of spectra from di¡erent
time periods is feasible only when the amount of
data is relatively small and the observed variations are larger than the ambient noise levels. A
better way of detecting temporal variations is by
incorporating in the display all the variables that
are likely to change (time, frequency, amplitude).

This is accomplished by creating a spectrogram
(Fig. 7), which is a 2D representation of the variations of spectral amplitude and frequency of the
observed signal as time elapses. The calculation of
the spectrogram can be achieved by moving a
sliding window over the whole length of the time
series and estimating the amplitude spectrum by
performing an FFT for overlapping positions of
the window (e.g. Mt. Semeru-Schlindwein et al.,
1995 ; Ruapehu-Sherburn et al., 1999).
The resolution of the spectrum obtained by using an FFT algorithm is proportional to the reciprocal of the window length chosen for the analysis. In order to increase the spectral resolution
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more than it is possible with the FFT, the Maximum Entropy Method (MEM) (Burg, 1967) has
been applied in a number of cases (PavlofMcNutt, 1986; Izu-Oshima-Yamaoka et al., 1991 ;
Mt. Etna-Seidl et al., 1990). Assuming that the
time series is generated by a linear random mechanism MEM ¢ts to the data, in a least squares
sense, an autoregressive process of order p of
the form (detailed derivations of these equations
can be found in Ulrych and Bishop (1975)):
yt ¼ K 1 xt31 þ K 2 xt32 þ T þ K p xt3p þ rt

ð1Þ

by applying a prediction ¢lter of length p, where K
are the ¢lter coe⁄cients calculated by solving the
normal equations posed by the least squares problem, rt is a white noise series with zero mean and
c2a variance. Then the spectrum of yt will be estimated by the equation:
2c 2a

Y ðg Þ ¼
j13

M
X

ð2Þ

K i expð3i2Z g jÞj2

i¼1

data is small enough MEM will produce a much
higher resolution spectrum than the usual FFT
methods, otherwise the result will be essentially
the same. Table 2 gives an account of the di¡erent
volcanoes where the methods discussed in this
section were used, along with some spectral characteristics in each case.
3.1.2. Identi¢cation of source e¡ects from observed
spectra
Any recorded seismic signal can be considered
as the result of the consecutive application of a
series of linear ¢lters to the original wavelet generated by a source (Lay and Wallace, 1995). This
can be represented mathematically by the convolution of one ¢lter with the other in the time domain :
W ðtÞ ¼ SðtÞPðtÞRðtÞIðtÞ

or the equivalent equation in the frequency domain :
W ðg Þ ¼ Sðg ÞPðg ÞRðg ÞIðg Þ

where g is frequency and M represents the total
number of samples in the time series considered
for the analysis. If the selected time window of the

ð3Þ

ð4Þ

where W(t) is the recorded waveform, S(t) is the
original source wavelet, P(t) represents the ¢lter

Table 2
Spectral characteristics and methods of spectral analysis applied to volcanic tremor
Region

Frequency content
(Hz)

Method applied

Reference

Mt. St. Helens
Pavlof
Kilauea
Klyutchevskoy
Ruapehu
Mt. Aso
Deception Island
Mt. Semeru
Arenal
White Island
Stromboli
Mt. Etna
Ito-Oki
Izu-Oshima
Lascar

1^2.1a;b
0.7^3a
1^8b
0.5^5b
2, 3, 7a;b
0.1
1^8
1^5a;b
0.9^7.2b
1^8a;b
0.1^8
0.25^5
1^7a
0.7^8
0.63, 30 integer
overtones

Direct segment
FFT, MEM
FFT overlapping windows
Direct segment
FFT overlapping windows
FFT
FFT overlapping windows
FFT overlapping windows
FFT/periodogram
FFT overlapping windows
FFT
FFT, MEM
FFT overlapping windows
MEM
FFT

Fehler, 1983; Hofstetter and Malone, 1986
McNutt, 1986; Garce¤s and Hansen, 1998
Aki and Koyanagi, 1981; Ferrazzini and Aki, 1992
Gordeev et al., 1990
Hurst, 1992; Sherburn et al., 1999
Sassa, 1936; Kawakatsu et al., 1994
Almendros et al., 1997; Vila et al., 1992
Schlindwein et al., 1995
Benoit and McNutt, 1997; Hagerty et al., 2000
Sherburn et al., 1998
Ripepe et al., 1996; Chouet et al., 1999
Seidl et al., 1980; Schick et al., 1982; Seidl et al., 1990
Ukawa, 1993
Yamaoka et al., 1991
Hellweg, 1999, 2000

a
b

Data from short-period sensors were used for the spectral calculations.
Temporal variations of the frequency content observed.
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characteristics due to the propagation of the signal through the Earth, R(t) represents ¢ltering
e¡ects due to the structure beneath the recording
station and I(t) accounts for the ¢ltering due to
limited frequency bandwidth of the recording instrument. Hereafter we will refer to S(t), P(t) and
R(t) ¢lters as ‘source’, ‘path’ and ‘site e¡ects’ respectively.
Since in most cases the resulting spectrum consists of a series of sharp peaks, a major di⁄culty
is to successfully determine which factors have
shaped it. A comparison between tremor and
earthquake spectra recorded at the same station
is a common method of checking for possible site
e¡ects, since they should in£uence both signals
(Mt. St. Helens-Fehler, 1983 ; Kilauea-Goldstein
and Chouet, 1994; Deception Island-Almendros
et al., 1997). Unfortunately it is far more di⁄cult
to ¢nd and isolate path e¡ects, mainly because of
the limited knowledge of the structure between
the source and the receivers in most volcanic
areas. If the recording stations are close enough
and azimuthally distributed around the source,
similarities in spectra of di¡erent stations may
be attributed to source e¡ects (e.g. PavlofMcNutt, 1986).
A less empirical approach to the source-path
e¡ect separation problem involves the use of spectral ratios for pairs of events recorded at a number of stations (Sakurajima-Tsuruga et al., 1997).
The method uses two time windows A and B from
a tremor time series that were recorded at several
di¡erent stations. Based on the assumption that
these two events are generated by the same source
and at the same hypocentral area, the path and
site e¡ects will be the same, thus Eq. 4 will be
yielding spectral ratios of the form SA (g)i /SB (g)i
for the ith station. The correlation of the estimated ratios for all the stations and for di¡erent
frequency bands can be checked by performing a
statistical covariance analysis, where high correlation coe⁄cients should indicate a common source
e¡ect for the two events. This method may not
be always applicable, since the assumptions for
events generated by the same source and at the
same depth are not generally valid in every volcanic environment.
The problem of the correct identi¢cation of spe-
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ci¢c frequencies as source e¡ects and not as propagational artefacts has been made easier with the
widespread use of spectrograms that display any
new frequency as it appears. Since the path and
site e¡ect factors listed in Eq. 3 behave as linear
¢lters and cannot generate new frequencies to
their input signal (Anstey, 1981), these frequencies
can only be attributed to a source e¡ect.
3.2. Study of the wave¢eld properties
3.2.1. Polarisation analysis
A further step in the analysis of volcanic tremor
is the study of its wave¢eld and the identi¢cation
of the types of waves that compose it. The standard method that has been used for such an analysis is that of the covariance matrix (Montalbetti
and Kanasewich, 1970; Jurkevics, 1988) which
utilises data recorded by one or more three-component seismometers. The method works in the
time domain by bandpass ¢ltering the signal
around the frequency band of interest and then
calculating the covariance matrix for a short, sliding time window along the time series by using the
following equation:
S ij ¼

N
XX T
1X
¼
xij xik
N
N i¼1

ð5Þ

where X = [xij ]; i = 1,2,T,N; j = 1, 2,3; is the data
matrix in one window and xij is the ith sample of
component j, N is the number of samples and T
denotes the transpose of X. The estimated covariance matrix S will be of the form:
0

1
S zz S zn S ze
B
C
S ¼ @ S zn S nn S ne A

ð6Þ

S ze S ne S ee
where z, n, e denote the vertical, north^south and
east^west components respectively and Sze is the
cross-variance of the vertical and east^west components, while Szz is the auto-variance of the vertical component. Solving the eigenvalue problem
(S-V2 I)u = 0 will give the three eigenvalues (V1 , V2 ,
V3 ) and their corresponding eigenvectors (u1 , u2 ,
u3 ). The three principal axes of the polarisation
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ellipsoid will be given by Vj uj , with j = 1,2,3; the
eigenvectors are the axis orientations and their
lengths are equal to Vj in amplitude units. One
non-zero eigenvalue implies a purely rectilinear
ground motion, while two non-zero eigenvalues
characterise a purely elliptical polarisation. In order to obtain a measure of what kind of motion
prevails in the time window the rectilinearity and
planarity coe⁄cients are used, that are given by
13(V2 +V3 )/2V1 and 132V3 /(V1 +V2 ) respectively.
The method described above has been used to
study the wave¢eld properties of volcanic tremor
from Mt. Etna for a time period spanning 6 years
(1987^1993) during which di¡erent kinds of volcanic activity were at work, including periods of
quiescence, Strombolian activity or lava fountaining (Ferrucci et al., 1990; Ereditato and Luongo,
1994; Wegler and Seidl, 1997). The polarisation
analysis for the whole of this period revealed a
persistent pattern of high values for the rectilinearity coe⁄cient with an east^west polarisation,
suggesting that the wave¢eld consists of waves
radiated by a vertical extended source aligned
along the north^south direction. The dominant
wave types have been identi¢ed either as P waves
(Ferrucci et al., 1990) or as Love/SH waves (Ereditato and Luongo, 1994; Wegler and Seidl, 1997)
showing a complicated overlapping pattern. Similar observations have been reported for the tremor wave¢eld in other volcanoes, such as Arenal
where the dominant wave type was identi¢ed as
S waves by Benoit and McNutt (1997), whereas
Hagerty et al. (2000) reported a very complicated
composition of the wave¢eld and were unable to
identify any particular wave type.
3.2.2. Study of the wave¢eld and source location
using array methods
3.2.2.1. Method of correlation coe⁄cients
While polarisation analysis can give a qualitative picture of the composition of the tremor
wave¢eld (even using data from only one seismometer), array methods can provide a much
more detailed knowledge of it, at the expense of
having to use more instruments and a speci¢c
receiver geometry. Aki (1957) designed and used
the method of correlation coe⁄cients in order to

identify the predominant wave type of the background seismic noise generated by tra⁄c in Tokyo. The method assumes that the recorded seismic signal is stationary and stochastic in time and
space and that it consists mostly of surface waves,
implying that the method can resolve wave¢eld
properties generated by shallow sources.
The spatial correlation function is calculated
for pairs of receivers, one being at the centre of
a semicircular array (reference receiver) and the
others at its circumference, covering an azimuth
of 0 to Z degrees. This function is de¢ned as:

P ðr; B Þ ¼ Guðx; y; tÞWuðx þ r cos B ; y þ r sin B ; tÞf
ð7Þ
where the angle brackets denote averaging over
time, (x, y) and (x+r cos B, y+r sin B) are the
Cartesian coordinates of the two receivers, r is
the distance between them and B is the azimuth
of the two receivers measured from the direction
of the x axis. Integrating this function for the
azimuth range covered by the array will give:
Z
1 Z
P ðrÞ ¼
P ðr; B Þd B
Z 0

ð8Þ

For a wave with a phase velocity c(g) the azimuthally averaged correlation function is related
to the power spectrum x(g) by the equation :

P ðrÞ ¼

Z
1 r
g
r dg
x ðg ÞJ 0
cðg Þ
Z 0

ð9Þ

where J0 is the Bessel function of zero order. In
almost all the cases one or more speci¢c frequency
bands are of interest: ¢ltering the signal through a
narrow bandpass ¢lter centred at g0 , the power
spectrum will be x(g) = P(g0 )N(g3g0 ), where
P(g0 ) is the spectral power density of the signal
at frequency g0 and N is the Dirac function. The
correlation function will become :
1
g0
r
P ðr; g 0 Þ ¼ Pðg 0 ÞJ 0
cðg 0 Þ
Z

ð10Þ

The correlation coe⁄cient b(r, B, g0 ) can then be
de¢ned as:
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Fig. 8. Contour maps of the correlation coe⁄cients b(r, B, g0 ) calculated from tremor data recorded at Kilauea (Pu’u O’o crater)
over a window of 180 s. The three plots correspond from left to right to the vertical, radial and transverse component. The frequency axis is taken along the radius of the circle with the origin at the centre. Note the rapid decrease of values along the EW
direction, while they remain almost constant along the NS which is the direction that the wavefront is oriented (from Ferrazzini
et al., 1991; z AGU, reproduced with permission of American Geophysical Union).

b ðr; B ; g 0 Þ ¼

P ðr; B ; g 0 Þ
P ð0; B g 0 Þ

ð11Þ

b ðr; B ; g 0 Þ ¼ cos

g 0r
cos ða 3 B Þ ¼
cðg 0 Þ

cos ½g 0 d ðr; B ; g 0 Þ
and the azimuthal average of the correlation coe⁄cients will be equal to:

b ðr; g 0 Þ ¼ J 0

g0
r
cðg 0 Þ

ð12Þ

It is possible therefore to calculate the correlation
coe⁄cients for di¡erent values of g and azimuth
B, then ¢t a Bessel function to the coe⁄cients and
recover the phase velocity c(g0 ) of the recorded
waves. By further analysis of the dispersion curves
one may obtain the 2D velocity structure beneath
the array for depths ranging 100 m to 1 km. The
equations that relate the correlation coe⁄cients
with the phase velocities of di¡erent wave types
(Rayleigh, Love) can be found in Aki (1957,
1959). A contour map of the coe⁄cients versus
azimuth and frequency (Fig. 8) is used in order
to determine the backazimuth of the incoming
waves. Assuming that a plane wave is propagating
at a ¢xed azimuth a, the correlation coe⁄cient
will be:

ð13Þ

where d is the time delay between two receivers
separated by distance r at an azimuth B. In this
sense b is constant along the wavefront (B = a V Z/
2) and decays in a direction perpendicular to it
(B = a).
Open conduit volcanoes that exhibit either permanent degassing or regular lava fountaining activity are good candidates for applying the correlation method, since the tremor source can be
considered to a good approximation stationary
and it is shallow enough to excite su⁄cient surface waves. The application of the method in
three di¡erent volcanic systems (Kilauea-Ferrazzini et al., 1991 ; Masaya-Me¤taxian et al., 1997;
Stromboli-Chouet et al., 1998) showed that the
recorded waves were coming from the summit
crater of each volcano, where most of the activity
was visually observed. In the case of Masaya volcano, two arrays were available for the application of the method and the intersection of their
backazimuth directions was used to locate the
tremor source. Although at Masaya and Strom-
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boli the tremor wave¢eld was found to consist of
both Rayleigh and Love waves, at Kilauea only
Rayleigh waves could be identi¢ed after the study
of their dispersion curves.
3.2.2.2. Semblance methods for source location
A realistic visualisation of the tremor source
should not only account for the temporal evolution of its properties, but should also extend spatially over some volume underneath a volcano,
representing possibly a channel geometry over a
magma reservoir or hydrothermal £uid circulation
through a system of cracks. The methods discussed so far can pinpoint the area of origin of
tremor, but cannot delineate it in three or even
two dimensions. Furumoto et al. (1990, 1992) attempted to image the source of tremor at IzuOshima volcano using a portable array of vertical
component seismometers. The array was situated
near the crater and recorded tremor during a ¢ssure formation episode. Their approach was to
take advantage of the available multichannel
data by calculating the semblance (Neidel and
Tanner, 1971) which is de¢ned as:
L
N
X
X
f i;jðiÞ Þ

S¼

j¼1

!2

i¼1

L X
N
X
N
f 2i;jðiÞ

ð14Þ

j¼1 i¼1

where N is the number of stations, fi;jðiÞ is a seismogram recorded at the ith station in the j time
sample and L is the number of samples that de-

¢nes a time window. Assuming that the coherency
of the signal is being maximised in certain time
windows because of phases arriving from a
source, it is possible to calculate source-receiver
travel times by changing the source location on
a 2D or 3D grid of nodes and evaluating the
semblance for each window speci¢ed by these
travel times (Gottscha«mmer and Surono (2000)
applied a similar grid based method in order to
locate the tremor source at Bromo volcano, but
used signal power instead of semblance). In this
way the spatial distribution of the semblance values can be depicted with the higher values covering the area of the seismic source.
In the case of Izu-Oshima only the high frequency (5^25 Hz) part of the recorded tremor
was analysed using the method outlined above,
because Furumoto et al. (1990, 1992) noted that
inclusion of larger wavelengths would have resulted in the deterioration of spatial resolution
due to the small aperture of the array (500 m).
The semblance distribution showed two separate
areas with high values inside the caldera, which
also coincided with the tips of the ¢ssure that was
formed during the eruption. Furumoto et al.
(1992) suggest that these two source regions are
the tips of an expanding crack, formed by magma
forcing its way up to the surface. The high frequency tremor was then interpreted as the result
of the brittle fracture of rock owing to £uid^solid
interaction as magma is being injected in the
crack.
An expanded de¢nition of semblance has been
used in order to locate the source region of vol-

Fig. 9. Vertical velocity waveform of very long period tremor recorded at Pu’u O’o crater, Hawaii. The trace has been bandpass
¢ltered between 0.01 and 0.1 Hz (from Bond, 2000).
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canic tremor with a dominant period of 7^10 s
(Mt. Etna-Seidl et al., 1981 ; Stromboli-Chouet
et al., 1999 ; Mt. Aso-Kawakatsu et al., 1994,
2000 ; Mt. Erebus-Rowe et al., 2000; Iwate-Nishimura et al., 2000). This kind of tremor appears in
the time domain more as a swarm of discrete
pulses rather than continuous episodes (Fig. 9);
it occurs even when no signs of volcanic activity
are observed and the particle motion indicates
a high degree of rectilinearity with a direction
pointing from each station to the crater of the
volcano. In this case it is reasonable to assume
that the source is isotropic and use the radial
component (R) from each station in order to calculate the semblance, penalising any departure
from a pure rectilinear motion (caused by propagation e¡ects) by subtracting the other components (V, T). The semblance will be:

N
X

S¼

"

j¼1

N
X
i¼1

!
Ri;jðiÞ

2

3N

N
X

!
V 2i;jðiÞ
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ð15Þ
This de¢nition takes advantage not only of a
large number of stations that improve the signal
to noise ratio, but it also incorporates independent information about the tremor wave¢eld, such as the rectilinearity. Kawakatsu et
al. (2000) call this semblance ‘waveform semblance’ and use it to locate the source region of the long-period tremor in a similar manner to that of Furumoto et al. (1990, 1992) (Fig.
10).

Fig. 10. Example of location of two very long-period tremor events using the waveform semblance method, from Pu’u O’o crater,
Hawaii. The source position in the maps and the depth cross-sections on the right is represented by a cross, while the shaded
area shows the size of the error region (from Almendros et al., 2002; z RAS, reproduced with permission of Blackwell Science).
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Fig. 11. Vertical component velocity waveform (bandpass ¢ltered 0.3^10 Hz) and amplitude spectrum of a tremor episode recorded at Sangay volcano, Ecuador. This kind of quasi-periodic tremor has been termed a ‘chugging’ event and is commonly accompanied by a sound resembling that of a steam locomotive. Similar events to this have been also observed at Arenal volcano,
Costa Rica by Benoit and McNutt (1997) (after Johnson and Lees, 2000).

3.3. Visual and acoustic observations related to
tremor activity
An important way of gaining insight into the
physical processes that generate tremor and other
volcanoseismic phenomena is the visual monitoring of the eruptive activity. Even though a range
of di¡erent factors may be involved when it comes
to a decision for conducting such observations
(accessibility to the erupting site, possible danger
posed to the lives of the scienti¢c crew, use of
di¡erent type of instruments like video cameras,
etc.) the independent information that will be collected may play a signi¢cant role for explaining
possible physical mechanisms. Detailed visual observations described by Ferrazzini and Aki (1992)
during a seismic experiment at Kilauea combined

with instrument recordings enabled them to distinguish between the di¡erent physical mechanisms that generate tremor and spindle-shaped
signals called gas-piston events (Swanson et al.,
1979). High-amplitude tremor was being recorded
during the ¢rst month of the experiment and visual observations around the crater indicated lava
fountaining activity while glows could be seen at
night. A decrease in the tremor amplitude marked
the onset of gas-piston events re£ecting a change
in the volcanic activity: the level of the lava lake
in the crater started rising, with upwelling domes
appearing at the surface of the lake and bursting
of gas bubbles started occurring. After that the
level of the lake fell, but the same kind of ponding
and withdrawal of lava continued in episodic
cycles.

VOLGEO 2511 29-10-02

K.I. Konstantinou, V. Schlindwein / Journal of Volcanology and Geothermal Research 119 (2002) 161^187

175

Fig. 12. Velocity waveform and spectrogram of an explosion signal with a low-frequency/high-frequency pair superposed on the
background tremor, recorded during the 1996 eruption of Pavlof. The spectrogram was calculated using a sliding 1.28-s Hanning
window with 90% overlap. Dark shades indicate high energy and light shades low energy (from Garce¤s and Hansen, 1998;
z
AGU, reproduced with permission of American Geophysical Union).

Tremor signals accompanied by sounds observed in volcanoes that exhibit explosive degassing activity (Fig. 11) prompted researchers to investigate the possibility of a common link between
the two phenomena. Even though it has been well
known that volcanic eruptions can generate pressure disturbances in the atmosphere with a frequency that can range between 1033 and 20 Hz
(Richards, 1963), until recently there was no systematic recording of temporal variations of these
signals near erupting volcanoes. Nowadays the
installation of very sensitive microphones that record air-pressure waves with high resolution is an
important supplement to the seismic monitoring
of active volcanoes (Stromboli-Ripepe et al.,
1996 ; Pavlof-Garce¤s and Hansen, 1998; ArenalGarce¤s et al., 1998; Sakurajima-Garce¤s et al.,
1999 ; Karimsky/Sangay-Johnson and Lees, 2000;
Mt. Erebus-Rowe et al., 2000). In the case of the
Pavlof 1996 eruption, a common pattern of signals was observed consisting of pairs of short duration low-frequency/high-frequency phases on

the seismograms superposed on the background
tremor (Fig. 12), while at the same time explosion
sounds were recorded by the microphones.
An explanation for the appearance of these two
phases during explosion episodes has been given
by Garce¤s and Hansen (1998) based on the concept of a strati¢ed magma column (Fig. 13). This
column is assumed to be composed of layers of
magma with depth- and time-varying physical
properties. While the deepest parts are dense
and viscous, exhibiting high sound velocity, the
shallower layers become less dense because of an
increase in the bubble content owing to degassing
that lowers their sound velocity. A steady £ow of
magma from a deeper reservoir is not expected to
alter the strati¢cation, therefore the deepest, dense
layer acts as the area of generation of seismic
waves (tremor) that, due to the sharp impedance
contrast with the upper parts, can only propagate
in the surrounding bedrock (low-frequency part).
A similar process may occur in the shallower layer
where metastable gas mixtures of H2 O and CO2
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rises visual as well as acoustic observations related
to tremor activity reported at volcanoes around
the world.

4. Modelling the source of volcanic tremor
4.1. Fluid-£ow-induced oscillations

Fig. 13. A strati¢ed magma column as it was modelled from
seismoacoustic signals at Pavlof: L3 = 43 m, S3 = 10 m2 ,
c3 = 230 m/s, b3 = 2600 kg/m3 , W3 = 1U106 Pa s; L2 = 64 m,
S2 = 10 m2 , c2 = 90 m/s, b2 = 2000 kg/m3 , W2 = 1.4U103 Pa s;
L1 = 15 m, S1 = 20 m2 , c1 = 51 m/s, b1 = 1000 kg/m3 ,
W1 = 1.5U103 Pa s; for the bedrock bg = 2700 kg/m3 , cg =
3 km/s and shear speed bg = 1.7 km/s; for the atmosphere
b = 1 kg/m3 , c = 320 km/s. The mass £ux source is considered
to be responsible for the radiation of tremor signals, while
the explosive source is generating signals like that shown in
Fig. 12, see text for details (from Garce¤s and Hansen, 1998;
Garce¤s et al., 2000; z AGU, reproduced with permission of
American Geophysical Union).

can produce explosions that can only propagate
in the atmosphere and then back to the ground
(high-frequency air wave). On the other hand, an
unstable, turbulent £ow of magma can disrupt the
strati¢cation and smooth the density contrast between the layer boundaries so that it is possible to
have sound waves propagating through the di¡erent parts of the magma column. Theoretical models of these processes have been published by Garce¤s (1997) and Garce¤s and McNutt (1997), while
results from their direct application to model
waveforms of seismoacoustic data acquired during the 1996 eruption of Pavlof volcano have been
published by Garce¤s et al. (2000). Table 3 summa-

The process of how magma ascends from a
deeper source and moves towards the surface
causing an eruption has been studied extensively
by many authors and at di¡erent scales. On the
smallest possible scale magma is considered to
£ow through the porous matrix of partially molten rock, forming during its ascent shape-preserving (soliton) waves as has been demonstrated
analytically (Scott and Stevenson, 1984) and
experimentally (Scott and Stevenson, 1986). On
a larger scale, the interior of a volcano is modelled as consisting of a shallow magma reservoir
fed by a deeper source and a cylindrical-shaped
conduit that transports the £uid upwards and
may be connected to a network of other conduits
(Fedotov, 1981). In general the reservoir is considered to behave elastically under variable stress
conditions imposed by £uid accumulation or out£ow. The cylindrical conduit on the other hand is
believed to exhibit more complicated, viscous behaviour so that a high driving £uid pressure from
below results in deformations transmitted periodically as expansions or contractions of its walls
(Ida and Kumazawa, 1986; Ida, 1996). Elastic
behaviour of the conduit may also be expected
when the £uid pressure builds up quickly, forcing
the conduit to respond elastically by a fast opening (Maeda, 2000).
Several observations made during eruptions
suggest a direct link between inward and outward
£ow of magma from a reservoir and the generation of volcanic tremor. Tilt observations indicate
the occurrence of cycles of slow build-up of
ground deformation starting as volumetric expansion and terminating with contraction, being accompanied almost always by tremor episodes (Kilauea-Dvorak and Okamura, 1985 ; Izu OshimaOikawa et al., 1991; Fukao et al., 1998). The
quantitative study of magma £ow through a geo-
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metrically irregular volcanic conduit poses a di⁄cult numerical problem which requires the formulation and simultaneous solution of a system of
partial di¡erential equations describing the £ow
of the £uid as well as the elastic disturbance being
caused by the coupling to the surrounding rock
(Chouet and Julian, 1985). Further complications
may arise if the £uid consists of a gas and liquid
phase, or if the thickness of the conduit changes
in space as well as in time, e¡ectively exhibiting
viscous or visco-elastic behaviour. In models of
tremor generation involving £uid £ow, a number
of simplifying assumptions are usually made: (a)
the £uid has a constant density and consists of
one phase only, (b) the motion occurs in one or
two dimensions and (c) the conduit behaves elastically, while its thickness can only change as a
function of time.
Based on these assumptions and using the principles of conservation of mass and momentum for
the £uid, Julian (1994) derived a third-order system of non-linear ordinary di¡erential equations
that describe the £ow inside a vertically extending
crack connecting an upstream and a downstream
reservoir (Fig. 14). Considering a £uid density
and viscosity typical for basaltic melts (b = 2500

177

Fig. 14. Lumped parameter model of the generation of volcanic tremor. Viscous incompressible £uid £ows in the x direction from the upstream to downstream reservoir through
a channel of length (L) with imperfectly elastic walls, modelled as movable but undeformable blocks of mass 2M, sti¡ness 2k and damping constant 2A (all measured per unit distance in the z direction). All motion occurs in the x^y plane
and it is independent of z. The dynamic variables are the
channel thickness h(t) and the £uid speed v(x,t) (from Julian,
1994; reproduced with permission of American Geophysical
Union).

Table 3
Reported visual and acoustic observations related to tremor activity
Region

Visual/acoustic observation

Reference

Pavlof

Lava fountaining related to high-amplitude tremor

McNutt, 1986; Garce¤s and Hansen, 1998

Klyutchevskoy

Variation of tremor spectral amplitude envelope whenever the
eruptive activity changed

Gordeev et al., 1990

Kilauea

Gas-piston events associated with cycles of ponding and withdrawal Ferrazzini and Aki, 1992
of lava from the crater followed by high-amplitude tremor

Mt. Semeru

Pumping and explosion sounds with durations of 40 s^16 min that
coincided with tremor episodes

Schlindwein, 1994

Stromboli

Gas bursts at the top of the magma column coincide with highamplitude tremor

Ripepe et al., 1996; Ripepe, 1996

Arenal

Di¡erent explosion sounds that are accompanied by ash plumes
and precede tremor episodes

Benoit and McNutt, 1997; Garce¤s et al.,
1998; Hagerty et al., 2000

White Island

Eruptive/intrusive activity always followed by inharmonic tremor

Sherburn et al., 1998

Satsuma-Iwojima Strong tremor occurring while vent emmits high-temperature
volcanic gas

Ohminato and Ereditato, 1998

Karimsky/Sangay ‘Chugging’ tremor episodes followed by steam locomotive-like
sounds

Johnson and Lees, 2000
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Fig. 15. Synthetic seismograms of volcanic tremor generated
for di¡erent values of the magma driving pressure p1 depicted in the £ow model shown in Fig. 14. Note the gradual
transition to the broadband trace for p1 = 19.0 MPa (from
Julian, 1994; reproduced with permission of American Geophysical Union).

kg m33 and R = 500 Pa s), a crack 10 m long with
a thickness (in equilibrium condition) of 1 m, he
solved the system of equations numerically for
di¡erent values of driving pressure at the lower
end of the conduit. In the interval 10^15 MPa
the numerical solutions indicate a cyclic behaviour of continuous increasing and decreasing conduit thickness. According to Bernoulli’s theorem
the quantity p+(be2 )/2 must remain constant,
therefore for large £ow speeds e the £uid pressure
p in the conduit decreases and the walls move
towards each other constricting the £ow. For
the same reason the pressure builds up again forcing the walls apart and resulting in a £uid-induced
periodic oscillation. Oscillations for £uid pressure
less than 10 MPa were found to decay quickly in
time, resembling to the behaviour of low-frequency earthquakes.
For £uid-pressure values greater than 15 MPa a
large number of subharmonics appears, assuming
values that are 1/2, 1/4, 1/16,T of the value of the
fundamental period of the oscillation. This phenomenon, known as a ‘period doubling cascade’,
is one of the ways that a system described by a set
of non-linear di¡erential equations may evolve
from a periodic, predictable behaviour in the

time/frequency domain to a state of non-periodic
and almost noisy looking time series (Fig. 15),
which is termed chaotic (e.g. Berge¤ et al., 1986).
A plot of the triplet of values h, e, hC (where h is
the conduit thickness and the dot indicates di¡erentiation with respect to time), known as the state
of the system, revealed sets of orbits that, while
they diverge exponentially from each other due to
sensitivity to initial conditions, also fold because
of dissipation of energy (Fig. 16). This stretching
and folding process makes them move always
within a bounded region of the state space, forming a geometrical object with fractal properties,
called a ‘strange’ attractor.
The question whether volcanic tremor generation may be controlled by a strange attractor was
considered earlier by Chouet and Shaw (1991)
and Shaw and Chouet (1991). Using methods
from the discipline of non-linear dynamics they

Fig. 16. Stereoscopic view of orbits in phase space formed
by plotting the triplet of values h, v, hC for a driving pressure
of p1 = 19.0 MPa. The resulting geometrical object has a fractal structure and is called a ‘strange’ attractor. Note the folding of the orbits at the lower part of the plot (after Julian,
1994; modi¢ed with permission of American Geophysical
Union).
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reconstructed the di¡erent states of the system
from the original tremor seismograms recorded
at Kilauea and found that such a fractal object
exists within a bounded region of the state space.
The fractal dimension Df of a strange attractor is
a non-integer number that describes its scaling
properties, but also is a measure of the degrees
of freedom of the studied system. The calculated
value of Df = 3.6 shows a low-dimensional behaviour (Df 6 10) and led Chouet and Shaw (1991) to
conclude that even though many processes may
be at work (£uid £ow, degassing) at di¡erent
scales (£ow through porous media or extended
cracks), a small number of degrees of freedom is
related to tremor generation. These results have
been con¢rmed in subsequent studies of tremor
time series recorded at di¡erent volcanoes (Mt.
Etna-Godano et al., 1996 ; Stromboli-Godano
and Capuano, 1999 ; Vatnajo«kull-Konstantinou,
2002) and point to the exciting possibility of a
simple, low-dimensional representation for the
physics of the tremor source. A description of
the theory and methods of non-linear dynamics
is beyond the scope of this review and the reader
may further refer to specialised textbooks on the
subject, e.g. Berge¤ et al. (1986) or Hilborn (1994).
Another type of £ow-induced oscillation may
occur if the £uid system is suddenly perturbed
from its equilibrium state by some external cause,
like fracturing of the surrounding bedrock and
formation of a new conduit, or a sudden variation
in the £uid supply (St Lawrence and Qamar, 1979;
Ferrick et al., 1982). This will result in the generation of a £uid transient with characteristics that
will depend on the physical properties of the £uid,
the geometry of the conduit and the boundary
conditions. Pressure oscillations caused by the
transient will displace the conduit walls generating
elastic waves in the surrounding medium. Two parameters that control the frequency response of the
system are the characteristic impedance of the £uid
Zc and the ori¢ce impedance Zor , de¢ned as:
Zc ¼

a
2H
; Z or ¼
gA
Q

ð16Þ

where a is the pressure wave speed in the £uid, g
is the acceleration due to gravity, A is the cross-
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sectional area of the conduit, H is the pressure
head and Q is the £ow rate of the £uid. Zor s Zc
means a small conduit opening, where a small
quantity of £uid passing through resembles a
closed-pipe system, with frequencies g = nZa/2L,
where L is the conduit length and n = 1,3,5,T.
For Zor 6 Zc the inverse is true and the system
responds as an open pipe with frequencies given
by the same equation but n = 2,4,6,T. More complicated behaviour is expected if the conduit is a
part of an extended network such as is believed to
exist beneath many volcanoes. Energy considerations show that once the system is perturbed it
will continue to oscillate, until damped primarily
by £uid friction, since dissipation of energy due to
the generation of seismic waves is relatively small
(Ferrick and St. Lawrence, 1984). Similar unsteady £ow in conduits followed by tremor-like
seismic signals has been reported at a power plant
at Oroville, California caused by a faulty valve
and at Tarbela dam, Pakistan, while water was
moving through out£ow tunnels (McNutt, 1986).
4.2. Excitation of £uid-¢lled cracks
Brittle failure of rock and crack formation inevitably accompany any upward movement of
magma during di¡erent stages of volcanic activity.
The main result of such rock fracturing is the
generation of various types of seismic signals,
ranging from events that can hardly be distinguished from common tectonic earthquakes to
low-frequency events with emergent onsets, absence of clear S-wave phases and a slowly decaying coda (Chouet, 1996). Injection of water into
hot dry rock has been found to produce seismic
signals similar to low-frequency volcanic earthquakes and supports the idea of a source that
involves the opening of tensile cracks caused by
excess £uid pressure (Bame and Fehler, 1986).
The overall similarity of tremor and low-frequency events in the time and frequency domains,
notwithstanding their di¡erent signal duration,
has been pointed out by many authors as indicating that a common source may be at work, and
which of the two seismic signals will be generated
depends on the duration of the excitation mechanism (Fehler, 1983; Chouet, 1985; Hofstetter and
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Malone, 1986; Tsuruga et al., 1997; Almendros et
al., 1997).
Volcanic tremor underneath Kilauea during the
1963 eruption was mainly composed of P waves,
shared the same source area with the low-frequency earthquakes and was deep enough to assume that its source had to do with magma transportation rather than degassing processes (Aki et
al., 1977; Aki and Koyanagi, 1981). Aki et al.
(1977) proposed that the observed tremor could
be explained by the jerky extension of a chain of
cracks caused by magmatic pressure build-up as
magma moves away from a deep reservoir beneath the summit of the volcano. The cracks
may be placed in a series and are connected by
narrow channels that open when magma pressure
reaches a critical value, facilitating the movement
of £uid from one crack to the next one. The vibration caused by such a movement was found to
have a period proportional to the crack length
and an amplitude that depended on the excess
pressure and the area of extension. In order to
explain the temporal variations of the frequency
content during a tremor episode from higher (5^
10 Hz) to lower frequencies (1.5^3 Hz), Aki and
Koyanagi (1981) suggested that this process starts
with a few cracks generating a signal of small
period which increases as more cracks vibrate
and the length of the chain gets longer. However,
two discrepancies have been pointed out regarding this model; ¢rst, as the length of the chain is
increasing, this should lead to systematic lowering
of the frequencies of the tremor signal, which was
not observed. Second, numerical studies on crack
generation and growth show that a tensile stress
regime combined with the fact that the largest
part of each crack is expected to be ¢lled with
£uid, favour catastrophic growth rather than a
stable opening^closing process (Sammis and Julian, 1987).
Chouet (1986, 1988) considered the displacement of the walls of a £uid-¢lled crack (Fig. 17)
caused by a pressure disturbance in the £uid as a
possible model for the generation of low-frequency earthquakes, as well as tremor, if the disturbance is sustained. This model is qualitatively
di¡erent from that proposed by Aki et al. (1977),
since it assumes the vibration of only one crack

Fig. 17. Geometry of the £uid-¢lled crack model described
by Chouet (1986, 1988); see text for more details. The
shaded area indicates the place of application of the pressure
transient that triggers resonance (B.A. Chouet, pers. comm.,
2001).

with no in£ow or out£ow of £uid taking place.
The characteristics of the far-¢eld wave¢eld radiated by a rectangular shaped vibrating crack,
¢lled with an inviscid £uid and assuming that
the surrounding bedrock behaves as a Poisson
solid, were found to depend on the following parameters : (a) the crack geometry; (b) the position
and the area over which the pressure disturbance
occurs ; (c) boundary conditions for the stress on
the crack’s surface and the £uid £ow at the crack
perimeter; and (d) a dimensionless quantity called
the crack sti¡ness C and the £uid-solid impedance
contrast Z, de¢ned as:
C¼

bL
b sK
; Z¼
Wd
bfa

ð17Þ

where b is the bulk modulus of the £uid, W is the
rigidity of the solid, L is the crack length, d is the
crack thickness, bs is the density of the solid with
K its P-wave velocity and bf the density of the
£uid with P-wave velocity equal to a. For many
di¡erent combinations of the above parameters
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the £uid-¢lled crack model was found to have
longitudinal and lateral modes of oscillation that
are given by 2L/n and 2W/n, where n = 2,3,4,T
with L and W the length and width of the rectangular crack. The spectrum of the far-¢eld radiated
waves is dominated by sharp peaks representing
the mixing of the longitudinal and lateral modes
of the resonating crack (Fig. 18). Laboratory simulations of di¡erent kinds of gas^liquid £ows inside a vertically mounted tube (Lane et al., 2001)
were found to exhibit pressure oscillations consistent with the oscillation modes described by
Chouet’s model. Furthermore Morrissey and
Chouet (1997) investigated the dynamics of the
formation of shock waves downstream from a
nozzle-like constriction (‘choked’ £ow) inside a
crack as a possible physical mechanism for crack
resonance. Their theoretical calculations showed
that unsteady shock waves near the crack walls
may generate pressure transients responsible for
inducing resonance of the £uid-¢lled crack.
The fundamental period of resonance for the
crack was found by Chouet (1988) to be much
longer than the expected one due to the existence
of a slow wave propagating along the £uid^solid
boundary, which he called a ‘crack wave’. This
kind of wave exhibits inverse dispersive properties
in the sense that both group and phase velocities
tend to zero with increasing wavelengths and/or
increasing crack sti¡ness. After numerical calculations Ferrazzini and Aki (1987) found that a £uid¢lled crack with 1 km length, 0.5 m thickness,
density ratio of bs /bf = 2.5 and velocity ratio of
K/a = 1.5 will have a resonance period of 10 s.
They further suggest that this gives a geologically
more reasonable explanation for the observation
of 10-s-period tremor at Mt. Aso ¢rst made by
Sassa (1936) than the oscillations of a magma
chamber with a diameter of 4^8 km.
The calculated quality factor Q of the vibrating
£uid-¢lled crack, whereas reached a maximum
value of 20 for an impedance contrast equal to
40, showed a substantial di¡erence to the values
of Q = 40 reported by Ferrazzini and Aki (1992)
for Hawaiian tremor. Initially Chouet (1992) attributed this di¡erence on two reasons: ¢rst, the
model considers a £uid consisting of one phase
only, while in reality some percentage of gas bub-
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Fig. 18. Example of the application of the £uid-¢lled crack
model shown in Fig. 17 for an event recorded at Galeras
volcano, Colombia. (a) Vertical velocity waveform. (b) Synthetic waveform generated by the model for a crack length
180 m, crack width 90 m, crack aperture 0.05 m, crack sti¡ness 100, sound speed of £uid 0.3 km s31 , compressional
wavespeed of solid 2.5 km s31 , density ratio of £uid to rock
0.5, ratio of bulk modulus of £uid to rigidity of rock 0.025.
(c) Spectrum for data (thin line) and synthetics (dotted line)
(from Chouet, 1996; reproduced with permission of Nature
magazine).

bles should be present, even though this factor
restricts the applicability of the model only to
shallow tremor. Second, it is highly unlikely that
the recorded tremor is the result of only one £uid¢lled crack and the mixing of waves radiated by
many resonating cracks may have created the ob-
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served di¡erence. Subsequent calculations of the
quality factor using two-phase £uids (assuming
also that the gas phase contains small size particles) published by Kumagai and Chouet (2000)
are in the range of 1 to several hundred, reconciling the theoretical results with the observed Q
values.
4.3. Hydrothermal boiling
The fact that the formation of bubbles in a liquid is an e⁄cient way of seismic energy generation
has long been recognised and utilised in exploration geophysics (Dobrin and Savit, 1986). Geysers
and geothermal reservoirs are natural sources of
such seismic energy and seismological studies at
the Old Faithful geyser revealed the existence of
tremor-like signals related to boiling of groundwater (Kie¡er, 1984; Kedar et al., 1996). Leet
(1988) suggested that processes similar to the
ones observed at Old Faithful could be used to
explain the generation of volcanic tremor recorded during quiet periods at certain volcanoes,
which he called ‘non-eruption tremor’. Two restrictions regarding this model are: (a) the magma
chamber underneath the volcano acting as the
source of heat should not reside at a higher elevation level than the groundwater table; and (b)
the process should operate at shallow depths, so
that steam can be separated from the liquid. Obviously, hydrothermal boiling cannot explain
tremor processes operating at depths larger than
a few kilometres from the Earth’s surface.
Boiling of groundwater causes the formation
and growth of bubbles in the liquid that may
collapse if they encounter a liquid region of lower
temperature. Either of these two mechanisms can
generate seismic energy, but Leet (1988) found
that bubble collapse is 102 ^104 times more e⁄cient in converting thermal power to seismic
power ; the boiling heat transfer rates in order
for bubble collapse to generate 1-Hz tremor
should be about 1000 MW, which he notes is
the upper limit of observed heat £ow in volcanic
crater lakes and geothermal areas. The resulting
signal is expected to resemble white noise, with
equal energy in all frequency bands, which is in
contrast to the sharply peaked tremor spectra.

However, assuming that the groundwater is contained in a channel the boiling process may set it
into resonance, so that the frequency response of
the channel will be convolved with the broadband
noise. The length of the channel needed to generate a signal with frequencies in the range 0.5^5 Hz
is given by L = a/2f, where a is the sound velocity of the liquid taking values of 50^1500 m/s
for groundwater and therefore L is in the range
1^1000 m.
4.4. Resonance of large magma bodies
Among the ¢rst models to be used in order to
explain the occurrence of volcanic tremor is that
of the free oscillations of magma bodies of various shapes. For example Sassa (1936) and later
Shima (1958) and Kubotera (1974) suggested that
the observed 10-s-period tremor at Mt. Aso was
caused by the oscillation of a spherical magma
chamber beneath the volcano. However a simple
calculation of the radius (r) of the chamber using
the equation f = 4.4a/2Zr, where a is the sound
velocity of the melt taking a value of 1^2 km/s
and f the frequency of oscillation, yields a radius
value of 7^14 km. Furthermore no exact physical
mechanism which could set the whole chamber
into oscillation was identi¢ed.
Assuming that the low-frequency earthquakes
may be a kind of impulse response of the tremor-generating system, Chouet (1985) proposed a
model to explain such earthquakes by studying
the oscillations of a buried magmatic pipe. The
pipe consisted of three parts: on the top a hemispherical cavity ¢lled with gas was considered to
be triggering the oscillations due to excess gas
pressure, in the middle the resonating pipe had
a cylidrical shape and was ¢lled with magma,
and at the bottom it was shut by a horizontal
disk. The calculated free surface response of this
system showed an impulsive signature in the vicinity of the pipe, but evolved to a harmonic
wavetrain at larger distances. In the frequency
domain the system exhibited sharp peaks corresponding to the well-known organ-pipe modes
with amplitudes that depend on the amount of
energy loss due to viscous damping in the £uid
and radiation of seismic energy in the solid.
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Based on similar ideas about the relationship of
tremor and low-frequency earthquakes, Crosson
and Bame (1985) studied the resonance of a magma ¢lled spherical cavity encased in country rock
which contained a smaller cavity ¢lled with gas.
The motivation for such a model also came from
observations at Stromboli, where low-frequency
earthquakes were found to originate a few seconds prior to explosions. In that sense expansion
of the gas-¢lled cavity could set the magma-¢lled
one into resonance (‘breathing mode’). The signal
generated by such an oscillation had a frequency
content of 1^5 Hz, consistent with the observations, and an impulsive signature in the time domain. Again it was assumed that sustained expansions of the gas-¢lled pocket (probably due to
pressure variations) would give rise to continuous
tremor.

5. Concluding remarks
It is clear from the description presented above
that, even though current research on volcanic
tremor covers a wide range of concepts and tools,
this does not alter the fact that tremor still remains a poorly understood phenomenon. An enhanced understanding of it through future research e¡orts may critically depend on three
basic factors:
Proper instrumentation and data quality: Several
observations of tremor with a frequency content
in the range 0.1^0.3 Hz or lower, discussed previously in this review, point to the necessity of
seismic monitoring of volcanoes with broadband
instruments. Also, the successful application of
methods to locate the tremor source by utilising
wave¢eld properties depends on an adequate
number of three-component seismometers. An
often-overlooked aspect of data acquisition is
the sampling interval used, since certain methods,
e.g. those for the estimation of the correlation
dimension of a strange attractor, need a su⁄cient
amount of samples in order to be applied successfully (e.g. Chouet and Shaw, 1991). Additional
recordings of acoustic data require the installation
of sensitive microphones while visual observations
in many cases involve the use of video cameras
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for the continuous monitoring of the state of activity near the volcano (e.g. Ripepe et al., 1996).
A multidisciplinary approach: Having to deal
with a signal that is generated by the interactions
of heterogeneous materials with time- and spacevarying properties means that seismic data alone
cannot provide adequate constrains when modelling the tremor source. A combination of seismic,
acoustic and visual observations is essential for
the recovery of information about the physical
properties and the geometry of the magma column as has been demonstrated by Garce¤s et al.
(2000). This combination implies a multidisciplinary approach in the study of volcanoseismic signals that involves not only physical volcanology
and seismology but also £uid dynamics and theoretical acoustics.
More elaborate modelling: As computer power
and speed constantly improve, it may be possible
to numerically simulate complicated £uid £ow
models like von Ka¤rma'n vortices or turbulent
slug £ow of magma/hydrothermal £uids (e.g.
Hellweg, 2000) and consider the coupling of these
disturbances to the conduit walls.
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