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1. INTRODUCTION

An increasing amount of attention has been paid to the polar
regions over the last three decades in the course of climate-,
general circulation-, geological-, geophysical- and biological
investigations. These studies document the important role of the
polar oceans in the framework of the global marine ecosystem, the
general oceanic and atmospheric circulation and the state of the
Earth's climate. Previous work also indicates that in spite of
growing understanding of the impact of the polar regions on the
global bio-, hydro-, cryo- and atmospheres, considerable gaps in

our knowledge have still to be filled.

This challenge has attracted numerous scientists, who have
previously worked in other areas, to the field of polar research.
They may benefit in particular from this literature survey,
which concentrates on studies of oceanic and atmospheric physics
of the Southern Ocean with special emphasis on the Weddell Sea.
The latter region has been chosen as the main working area for

the present and forthcoming German marine research in Antarctica.
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Figure 2: Sea surface components of the ocean heat budget south
of Australia (115-160°E). The strongly shaded area
represents the pack ice extent.

a) Radiation balance (positive for an oceanic gain)

b) Latent heat flux

c) Sensible heat flux (positive for fluxes from the
ocean to the atmosphere)

d) Net heat gain (positive) of the ocean (Zillmann,
1972),

On an annual average the ocean looses heat at the sea surface.
This loss increases with latitude from 3 Wm™2 at 50°S to 18 Wm™2
at 60°S (Zillman, 1972).

The following conclusions based on measurements may have a rather
general validity for the ice free water belt:

- The ocean is generally warmed up by a net downward radiation
flux north of the ice edge, with the exception of the area
south of 50°S from April to August (Fig. 2 a)

- The sea continuously looses heat through evaporation in the
entire open water area (Fig. 2 b)

- Similar effects result from the transfer of sensible heat from
the water to the air. Only during the summer months and for
latitudes higher than 50°S is this flux directed oceanwards
(Fig.2c)



- The combination of the radiative and turbulent heat and water
vapour fluxes at the sea surface (Fig.2d) result in a net heat
gain of the ocean from October to February and a loss during
the rest of the year.

Slightly different results are obtained by Taylor et al. (1978)
who, for the longitudes from 115°E to 140°E south of the
Antarctic Convergence (AAC) (55°-60°S), derive an ocean heat gain
of 10 Wm~2, whilst their calculations show a heat loss of
15 Wm~2 north of the AAC up to 45°S. Similar results were
obtained for 0° - 10°E.

The inclusion of pack ice to the calculations lead Gordon and
Goldberg (1970) to estimate an annual heat loss for the entire
ocean south of the AAC (incl. pack ice zone) of 19 - 25 Wm~2
This value has more or less been confirmed by Gordon and Taylor
(1975 a), who arrived at 20 Wm~?2

2.2.2 Air temperature near the sea surface

The annual oscillation of the air temperature at the lower
boundary of the atmosphere follows the annual cycle of the solar
radiation with a time-lag of 0.5 to 1 month. The temperature
maximum occurs in December/January and the minimum in July.

-

Figure 3: Monthly averaged air temperature (°C) at the earth
surface for January (Schwerdtfeger, 1970).



Figures 3 and 4 show the monthly averaged air temperature at the
earth surface south of about 45°S for January and July. Over the

Figure 4: Monthly averaged air temperature (°C) at the earth
surface for July {(Schwerdtfeger, 1970).

ocean, the lowest temperatures occur in the southern Weddell Sea
and the southern Ross Sea. Due to the asymmetry of Antarctica and
the northward deflection of cold water and air masses by the
Antarctic Peninsula, positive temperature deviations from the
zonal mean appear in the Pacific sector and negative temperature
deviations in the Atlantic and Indian sectors. The largest
meridional temperature gradients are situated in summer to the
north, and in winter to the south, of the AAC. Streten (1977)
compares the seasonal temperature fluctuations of distinct
oceanic regions. He divides the meteorological stations of the
Southern Ocean (Table 2) into 3 categories:

Station Position Abbr. Region
Campbell Island 52.5°S 169.1°E CA 2
Chatham Island 46.0°S 176.5°E CH 1
Deception Island 63.0°S8 60.6°W D 3
Gough Island 40.3°8 9.9°W GO 1
Grytviken (South Georgia) 54.2°S 36.6°W GR 3
Heard Island 53.1°8 72.5°E H 3
Ile Nouvelle, Amsterdam 37.8°S 77.6°E NA 1
Macquarie Island 54.,5°S 159.0°E MC 2
Marion Island 46.9°S 37.8°E M 2
Orcadas (Laurie Island) 60.7°S 44.7°W o} 3
Port aux Francais (Kerguelen) 49.3°S 70.2°E K 2



Station Position Abbr. Region
Signy Islands 60.7°S 45.6°W SG 3
Stanley (Falkland Islands) 51.7°S 57.9°W ST 2
Tristan Da Cunha 31.1°s  12.3°W T 1

Table 2: Meteorological stations of the Southern Ocean (Streten,
1977).

1. Stations near the Subtropical Convergence
(T 10°C in summer, T 5°C in winter)

2. Stations between the Subtropical Convergence and the Antarctic

Convergence
(10°cC T 5°C in summer, 5°C T 0°C in winter)

3. Stations south of the Antarctic Convergence
(T 5°C in summer, T 0°C in winter)

Except for stations in the Scotia Sea (D, SG, O, GR, ST) pe-
rennially averaged temperatures are higher in autumn than in
spring (Fig. 5). The anomaly in the Scotia Sea region is produced

a

Summer Autumn  Spring Winter

Figure 5: a) Seasonally averaged surface temperatures at meteoro-

logical stations of 3 different regions in the Southern
ocean.
b) Monthly averaged temperatures of New Amsterdam (NA),
Macquarie (MC) and Signy (SG). The heavy lines indicate
the record averages (the numbers in brackets denote the
record lengths in years). The hatched area comprises
the range of the monthly averaged temperatures (Stre-
ten, 1977).
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by the northward transport of cold water masses and newly formed
sea ice in the Weddell Gyre. Temperatures at stations of the
third group exhibit the largest annual oscillations and the
largest interannual fluctuations due to the annual and inter-
annual variations of the pack ice extent. Due to regular ice
growth, temperatures at stations in the eastern hemisphere show
less variability (Streten, 1977).

2.2.3 Antarctic pressure trough

The stationary high pressure area over the Antarctic Plateau with
its centre at about 83°S 90°E is surrounded by a circumpolar
low pressure belt between 60°S and 73°S (Antarctic trough) with
local pressure minima at 20°-30°E, 90°-110°E, 130°-150°WwW,

Figure 6: Monthly averaged pressure (hPa) at the sea surface for
January (Schwerdtfeger, 1970).

80°-90°W and 30°- 50°W (Fig. 6; Streten, 1980). Using 3 day
averaged pressure values, the circumpolar pressure field reveals
a strong temporal variability with 2 - 4 low pressure centres
(Cavalieri and Parkinson, 198l). An investigation by Streten
(1980) shows a more frequent occurrence of cyclones for the
Weddell Sea than for the Bellingshausen Sea. The Antarctic trough
is formed by cyclones, which are generated predominantly at the
atmospheric polar front and travel southeastwards to the Antarc-
tic coast. However, less than 10 % of these cyclones cross the
coastline of Antarctica (Taljaard, 1972).
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The minimum pressure axis of the Antarctic trough oscillates
meridionally with a half year period around an annually and
zonally averaged position of 65.9°S. The amplitude of this
variation amounts to 2.5 degrees of latitude. The southernmost
position is reached mid-March and mid-October when the pack ice
extent is respectively at a minimum and a maximum. The northern-
most position appears late in June and late in December. At this
time there is maximum pressure at the axis, whereas lowest
pressures occur when the axis is nearest to the Antarctic coast.
The perennial zonally averaged pressure amounts to 984 hPa at the
sea surface (van Loon, 1972 b).

Due to the asymmetry of the Antarctic continent with respect to
the South Pole, the most northerly axis of the Antarctic trough
is situated (60° -63°S) at 90°- 30°E (southwest of Australia),
and the southernmost axis (70°-73°S) at 110°-160°W (central South
Pacific). The seasonal meridional oscillations of the axis are
largest in the eastern Weddell and Ross Seas (Streten, 1980).

2.2.4 West and east wind zones

The circumpolar west wind zone extends between the subtropical
high pressure belt and the Antarctic trough (about 30°8-65°S)
with a maximum annually and zonally averaged zonal geostrophic
velocity at the sea surface of 10ms~1 at 51°S. The meridional
distribution for January and July are presented in Fig. 7.
Computations of the corresponding wind stress maximum amount to
0.145 - 0.185 Nm~2 (Eyre, 1972; Hellerman, 1967).
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Figure 7: Meridional distributions of the zonally averaged zonal
geostrophic wind velocity component at the sea surface
and profiles along 75°E and 150°W (Van Loon, 1972 4d).
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Similar to the pressure variations of the Antarctic trough, the
geostrophic west wind exhibits a half year oscillation with a
maximum amplitude between 60°S and 65°S (Fig. 8). The strongest
geostrophic west winds appear in February/March and September/Oc=-
tober.
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Figure 8: Annual variation of the monthly and =zonally averaged
zonal geostrophic wind velocity component at the sea
surface (Schwerdtfeger, 1970).

On an annual average the maximum geostrophic west wind velocities
occur over the South Atlantic and South Indian Ocean (55°W
-115°E) between 47°S and 50°S, and over the South Pacific (160°E
-90°W) between 55°S and 59°S (after Taylor et al., 1978). During
the whole year the Indian sector shows the strongest geostrophic
west wind and the Pacific sector the weakest one. Occasionally,
besides the maximum at 76°~100°FE and the minimum at 128°-175°W a
secondary maximum appears at 80°-90°W and a secondary minimum at
50° - 60°W (Fig. 9). A detailed geographic distribution of the
geostrophic wind field over the Southern Ocean is given in Jenne
et al. (1971). Seasonal fluctuations of the maximum geostrophic
west wind over the South Indian Ocean are only small. The largest
seasonal fluctuations occur south of Australia and New Zealand
(Streten, 1980).

A comparison of the circumpolar pressure field and the zonal
average position of the pack ice edge by Streten and Pike (1980)
reveals the following correlations of the atmospheric circulation
and the pack ice extent: a) the weakest west wind appears when
the ice edge is situated between 62°S and 65°S; D) there is a
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linear dependence and positive correlation between west wind
strength and ice extent, when the ice edge is situated between
61°S and 62°S (northernmost range of the ice extent); c) south of
65°S the retreat of the pack ice cover is accompanied by increas-
ing west wind; d) the variability of the west wind grows with
increasing ice extent, as well as with the variability of the ice
extent.

The meridional component of the geostrophic wind is weak in the
west wind zone. Along 50°S it is directed southwards south of
Africa, Australia, west of South America and northwards over the
central oceans. Generally, the monthly averaged speed is less
than 2ms~1 south of Australia only whilst at the west coast of
South America it exceeds 3 ms~l (Van Loon, 1972 d). At the Drake
Passage the meridional component is directed southwards and
amounts to about one fourth of the zonal component (Fig. 10).
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Figure 10: Annual variation of the geostrophic wind at the sea
surface in the area 56°-60°S 66°-80°W:
a) west—east component
b) south-north component (Baker, 1979).

The transition between the west and east wind zones occurs in
summer and winter at 60°-65°S, and in spring and autumn at
65°-70°S (Schwerdtfeger, 1970). South of it the maximum zonally
averaged zonal geostrohpic component of the east wind amounts to
about half of that of the west wind (Fig. 8). The corresponding
wind stress is given by - 0.10 Nm~2 (Eyre, 1972). The east wind
zone is influenced by katabatic winds which descend from the
Antarctic Plateau to the coast and are deflected to the west by
the Coriolis force.

2.2.5 Precipitation

A large amount of precipitation falls as snow on an ice covered
ocean so that fresh water input does not take place before the
sea ice melts. Additionally, there is an indefinite quantity of
snow, transported by southern winds from the Antarctic continent
into the sea. The annual averaged precipitation decreases_ from
the Subtropical Convergence southwards: 1500 - 2000 mma~l at
40°s, 500 - 1000 mma~l at 55°-65°S, 200 - 500 mma~l at 65°-70°s,
< 200 mma~! at 70°-90°S (Tchernia, 1980).
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At the Subtropical Convergence and south of the Antarctic
Convergence the largest amount of precipitation falls in autumn
and winter, whilst between both convergences it is during spring
and summer. In the latter region the seasonal variations are
smaller (Streten, 1977).

2.3 Ice distribution
2.3.1 Sea ice

Since the routine use of satellites, the temporal and spatial
variations of the Antarctic pack ice have been investigated more
systematically. In contrast to the Arctic, the Antarctic pack ice
extends equatorwards without being limitated by continents.
Seasonal variations are therefore 1large for the latter. The
Antarctic sea ice reaches its maximum extent of 16.9-20.5 million
km2 (range of the maximum extent from 1973 to 1982; Ropelewski,
1983) in August/September and its minimum extent of 2.7 to 5.6
million km2 in January/February. For comparison, the ice of the
Antarctic continent covers an area of 14.1 million km?. The ratio
of maximum to minimum total sea ice extent is largest in the
sector between 10°W and 70°E (Southeast Atlantic and Southwest
Indian Ocean), where the ice edge retreats to the Antarctic coast
in summer (Ropelewski, 1983). Only a small part of the sea ice is
perennial ice. This is predominantly found in the western Weddell
Sea, the eastern Ross Sea, the central Amundsen Sea, and at the
coast of Oates Land (Fig. 11).

Estimated absclute maximum

e+ ————— .. Average moximum SEA ICE

— e —— Average minimum

------------- Estimated absolute minimum
o]

_—

Indian Ocean

o] 1000 kn

Indian Ocean

Figure 11: Sea ice extent 1971-1976 (Ackley, 1981 a).
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The growth of sea ice takes about 7 months, somewhat more than
its retreat {(Fig. 12). The mean growth rate between March and

25

AREA (108 km2)

J FMAMJ JASOND
MONTH

Figure 12: Annual variation of the Antarctic sea ice cover for
the area with an ice concentration > 15%, resp. > 85%
(Zwally et al., 1979)

August amounts to about 3-10% km?2 per month (after Ackley,
198la) with a maximum of 3.4-:106 km? per month in May and June
(Ropelewski, 1983). From August to the end of October there are
only small changes in the sea ice extent. The main retreat of the
sea ice cover lasts from November through January with a maximum
rate of 6.4 * 10% km2 in December (Ropelewski, 1983). The annual
cycle of the sea ice extent follows the cycle of the air temper-
ature at the sea surface with a time lag of 1.5 - 3 months.

On a perennial and zonal average the pack ice edge is situated at
64°S. It reaches the monthly averaged northernmost position of
60.9°S in September/October, the corresponding southernmost
position of 68.3°S in March (Streten and Pike, 1980).
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Figure 13: Monthly averaged position of the pack ice edge around
Antarctica (hatched area) from observations between
Dec. 1972 to Nov. 1977. Numbers at the curves denote
the zonal averages (Streten and Pike, 1980).
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The zonal variation of the pack ice edge reflects the coastal
configuration of the Antarctic continent and is closely associa-
ted with local atmospheric and oceanic circulations (Fig. 13).
Due to the polar wind system, which produces the Antarctic
Divergence, ice also forms in the interior of the pack ice zone
and 1s advected northwards into warmer waters where it melts
(Gordon and Taylor, 1975 b). In summer the extent of the pack ice
zone partially compensates for the asymmetry of the Antarctic
continent with respect to the South Pole (Rayner and Howarth,
1979). The Weddell and Ross Seas exhibit the largest seasonal
variations. Generally, the annual variation is larger in regions
where the pack ice transport is intense.

The northernmost extent of pack ice (56°-57°S) occurs northeast
of the Weddell Sea at 30°W - 20°E in September/October. The
rather high latitude ice edge at the same time in the Bellings-
hausen Sea documents the strong influence of the Antarctic
Peninsula on the oceanic and atmospheric circulations of the
Weddell Sea region.

The southernmost pack ice edge position of 76°S appears in the
western Ross Sea in February. In the same way as in the western
Weddell Sea, southern winds cause an intense northward sea ice
transport in the western Ross Sea. In contrast to the Weddell
Sea, the western continental boundary of the Ross Sea does not
extend into the west wind zone, so the northward transported pack
ice accumulates north of Oates Land. The heat transport of the
Antarctic Circumpolar Current,which is deflected southwards by
the Macquarie Ridge, hampers the northward advection of the pack
ice (Ackley, 1981 a). For several years the annual variation of
the pack ice extent in the Ross Sea shows a primary maximum in
July and a secondary maximum in October. This is also true for
some other regions of the pack ice belt. Possibly the secondary
maximum is due to a break-up of the ice cover and a subsequent
northward transport of pack ice in late winter (Ropelewski,
1983).

The smallest seasonal variations of the Antarctic pack ice extent
take place at 80°-150°E and in the Bellingshausen und Amundsen
Seas, where the pack ice advection is weak.

From 1973 to 1983 variations from year to year of the maximum
and minimum Antarctic sea ice cover range between 0.3 and 1.9
million km?2 (Ropelewski, 1983). On a monthly and zonal average
the largest interannual variation appears in January, the
smallest in April. Maximum interannual variations are found in
the Weddell and Ross Seas (Streten and Pike, 1980). The zonal
distribution of the range of the pack ice edge position between
December 1973 and November 1977 is presented in Fig. 14. Primary
maxima occur in the region of the central Weddell Sea and the
western and eastern Ross Sea; secondary maxima occur 1in the
region of Prydz Bay and the western Bellingshausen Sea. The east
Antarctic sea ice at 90°-~150°E shows the smallest fluctuations.



19

o 30 60 g0 120 150 180 150 120 90 60 20 [¢]
'€ «— LONG. —"w

Figure 14: Zonal distribution of the range of the pack ice edge
position (R ) hetween Dec. 1973 and Nov. 1977
(Streten and Pike, 1980).

On the average Antarctic sea ice is more saline than its Arctic
counter part. This may be due to faster growth rates and the
generation mechanism leading to large amounts of frazil ice in
the south (Gow et al., 1982).

Ice concentration in the Southern Ocean is on the average lower
than in the Arctic since no compression takes place due to
continental boundaries. A rapid decay of Antarctic sea ice starts
in regions with high ice concentrations (> 85%) in mid-October
and in regions with low ice concentrations (> 15%) at the end of
November (Fig. 12). This phase shift of 1 to 1.5 months is caused
by the formation and the existence of polynyas and leads due to
the divergent wind field in areas with an ice concentration > 85%
(Gordon, 1981). Deep ocean convection, which transports deep
water heat to the surface water and high absorption of solar
radiation by the ocean in the ice-free areas lead to melting of
the surrounding pack ice. Whereas in areas with an ice concen-
tration > 15% at mid-October the atmosphere-to-ocean heat flux
serves mainly to increase the ice temperature.

Near the Antarctic coast there are several semi-permanent
polynyas which are caused by katabatic winds which push the
newly formed sea ice off the coast. Consequently a large sea ice
production takes place within these regions caused through
cooling of the surface water by cold continental air (Ledenev,
1964). Other coastal oceanic and/or atmospheric processes also
occasionally generate polynyas in areas with low ice concen-
tration (Fig. 15).
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Figure 15: Locations of frequently appearing polynyas (slanting
hatched) and ice shelves (cross hatched). The obser-
vations refer to satellite images, received in the
summer months (October to March) between Dec. 1968 and
Dec. 1970 (Streten, 1973).

The meridional extent and the concentration of the Antarctic sea
ice result from the dynamic and thermodynamic balances of the
ocean-atmosphere system. For September 1974 Parkinson and
Cavalieri (1982) detect a lower ice concentration around Ant-
arctica in comparison with September 1973 and 1975. This is
correlated with an intensified variability of the circumpolar
pressure field at the sea surface. In spring 1973, a premature
retreat of the pack ice edge in the Bellingshausen Sea lead to
enhanced cyclonic activities which contribute to the maintain-
ance of diminished ice cover (Ackley and Keliher, 1976). Gener-
ally, intense cyclones force the sea ice to the north at their
western flanks and to the south at their eastern flanks.
Therefore, the sea ice area appears to be large at the west
coast of the Ross Sea in winter 1977 (Streten and Pike, 1980).
Equivalent relations exist for anticyclones, which occasionally
connect the subtropical with the Antarctic Plateau high pressure
regions (Cavalieri and Parkinson, 198l1). Regions with frequent
southerly winds show a larger variability of the sea ice cover
(Streten and Pike, 1980).
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Untersteiner (1966) estimates the mean thickness of the annual
Antarctic sea ice at 1 to 1.5 m. Convergences of the ice velocity
field can cause pressure ridges of more than 10 m thickness. In
contrast divergences stretch the pack ice field so that thin ice
sheets can form. On the average, thickness increases with ice
concentration. Weller (1981) supposes that about 10% of the pack
ice area with a concentration > 85% has a thickness of 1less than
40 cm. In areas with a concentration between 15% and 85% this
portion amounts to 35%.

2.3.2 Ice shelves

About 45% of the Antarctic coastline is occupied by floating ice
shelves. The ice shelf area amounts to about 1.54 million km2
(11% of the Antarctic continental area; Jacobs et al., 1979 b).
The largest ice shelves are the Ross Ice Shelf (0.53 million km2)
and the Filchner~-Ronne Ice Shelf (0.47 million km2). At the ice
front the thickness ranges from 200 -to 300 m with one quarter
above sea level. This grows gradually to about 1000 m at the
grounding line.

The ice shelves melt at the bottom at a mean rate of 0.3 ma-l
(Jacobs et al., 1979 b). The melting rate depends locally on
the circulation of the shelf water under the ice shelves.
Generally, melting occurs when shelf water is forced downwards
and is freezing when water ascends along the rising ice shelf
bottom. The freezing rate is restricted by the poor heat con-
duction across the ice shelves so that ice growth is limited to a
few centimeters per year (Jacobs et al., 197%a).

The Ross_and the Filchner-Ronne Ice Shelves migrate with up to
1100 ma~! and up to 1500 ma~l, respectivély (MacAyeal, 1984;
Robin et al., 1983), into the ocean. The continuous supply of
glacial ice from the interior of Antarctica is balanced by
iceberg calving of about 1600 km3a~l at the ice front (Jacobs et
al., 1979 b). The predominant tabular icebergs have draughts of
up to 350 m. On the average theilr life-span amounts to 4 years
(Radok et al., 1975).

2.4 Hydrography
2.4.1 Water masses

The water mass_ of the Southern Ocean with a total volume of
137.6 % 10%km3 can be subdivided into the following basic
components:

- the Antarctic Surface Water (AASW)
- the Circumpolar Deep Water (CDW)
- the Antarctic Bottom Water (AABW).
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Figure 16: 8/S-diagram of water masses of the Southern Ocean deep
sea area (Carmack, 1977).

The different water masses are characterized by the potential
temperature/salinity diagram of Figure 16 and the values of
Tables 3 and 4. Apart from these main water masses, various
secondary categories will be discussed later.

2.4.1.1 Antarctic Surface Water (AASW)

In winter, the AASW is a nearly homogeneous water mass which
extends down to about 250 meters depth. Its salinity varies from
34.0 x 103 to 34.5 x 10-3., The temperature increases from a
value near freezing at the Antarctic Divergence (AAD) to 2°C at
the Polar Front (PF) (Tchernia, 1980).

In summer, the mixed layer of the AASW has a 30 to 80 m thick-
ness which warms up to -1.8°C at the ice edge and to 6°C at the
PF while the salinity drops to 33.6 x 10-3 and 34.2 x 10-3,
respectively (Gordon and Molinelli, 1982). Winter Water (WW)
occupies the levels below the mixed layer.

The low temperature WW is a remnant of wintertime convection with
temperatures near freezing and salinities approaching the
critical value of cabbeling instability (Foster, 1972 a). It is
believed that WW takes part in the formation of Antarctic
Intermediate Water at the Polar Front.
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Oceanic domain

water mass volume (km3) percent of TVO

DASW 7.4 x 106 5.4
WwW 0.607 x 106 .4

ChwW 81 x 106 58.8

AABW 38 x 106 27.5
Atlantic 18.8 x 106 .5
Indic 15.8 x 106 .5
Pacific 3.4 x 106 .5
RSBW 2.5 x 106 .7
ACBW 0.015 x 106 1

MCDW 2.6 x 106 1.9

Transition zone 2 8.6 x 10

total volume (TVO) | 137.6 x 106 100

Shelf domain TVS

BASW 0.49 x 106 37.9

LSSW 0.48 x 106 37.1

HSSW 0.29 x 106 22.6

ISW 0.03 x 106 2.4

total volume (TVS) 1.29 x 106 100

Table 4: Volume and percent of the total volume for the water

masses listed in table 3.

TVO: total volume of the oceanic domain

TVS: total volume of the shelf domain
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2.4.1.2 Circumpolar Deep Water (CDW)

The CDW is generally characterized by a temperature maximum and
an oxygen minimum beween 500 to 1200 m depth and a salinity
maximum between 750 to 1500 m depth {(Gordon and Molinelli,
1982; Table 210); no Og-minimum exists however in the Indian
Ocean sector (Callahan, 1972). According to the extreme values of
state, CDW can be subdivided into an upper and a lower regime
(Gordon, 1971 b). Figure 17 shows that a further subdivision is
possible into Warm Deep Water (WDW), which is restricted to the
Weddell Sea, and warmer Southeast Pacific Deep Water (SPDW) with
a slightly higher salinity.

2o e /ﬁc&:ean, Drake Pagsage,’
. and northern Scotla Sea

Temperature (°C)
o
7

0.0+ Weddall Sen e .

L [ L

&‘{'ID 3 M. e
Sallnity (x107)

Figure 17: Potential temperature/salinity correlation curve of
the Spax-layer between 20° to 170°W (Gordon, 1967).

CDW, with a mean thickness of about 2000 meters, occupies about
58% of the total volume of the Southern Ocean. It encompasses the
density range of the North Atlantic Deep Water (NADW) (Reid et
al., 1977) due to an influx of the latter at 1000 m depth at
about 45°S in the western South Atlantic {(Georgi, 1981; Gordon
and Goldberg, 1970). Consequently, two oxygen minima exist one
above and the other below the NADW.

At the Antarctic Divergence, the CDW ascends to a level of 150 to
100 meters where it causes a relatively shallow temperature and
salinity maximum {(Tchernia, 1980).
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2.4.1.3 Antarctic Bottom Water (AABW)

AABW is characterized by a temperature minimum and an oxygen
maximum near the bottom. This water mass occupies a layer with a
mean thickness of 1100 meters.

It is assumed that the Weddell Sea is the main source of the
low-salinity and the Ross Sea of the high-salinity AABW (Gordon,
1974). About 71.6% of the total AABW is produced in the Weddell
Sea, while only 6.6% has its origin in the Ross Sea (Carmack,
1977). The rest is formed at various locations off the Adélie
Coast (Gordon and Tchernia, 1972), off the Enderby Land-/Prydz
Bay Coast (Jacobs and Georgi, 1977), in the Davis Sea (Carmack,
1977) and off the Amery Ice Shelf (Gordon, 1974).

Ross Sea Bottom Water (RSBW)

RSBW has the highest temperature and highest salinity of the
Antarctic Bottom Water (see Fig. 16). It is characterized by a
second salinity maximum below the main one.

At the shelf break, a mixing of Modified Circumpolar Deep Water
with High Salinity Shelf Water and Ice Shelf Water takes place.
This mixture, which has a higher density than CDW descends along
the continental slope and mixes once more with CDW. This new
water body is called Ross Sea Bottom Water (Jacobs et al., 1970).
It spreads in a layer of about 600 m thickness along the conti-
nental rise to the west. Near Balleny Island the bottom current
splits into two branches. The first one advances to the north
through the Balleny Fracture Zone (ca. 160°W), the other one
continues in a westerly direction into the South Indian Basin and
finally mixes with the Adélie Coast Bottom Water (Rodman and
Gordon, 1982). The latter is rather similar to the bottom water
of the Weddell Sea with respect to its ©/S values. It occupies a
thin layer over the continental slope off the Adélie Coast.

Bottom water with a potential temperature of -0.75°C and a
relatively high Og-value of 6.1 x 10-3 was found over the
continental rise at 60°E. Its characteristics differ from those
of the bottom waters of the eastern Weddell Sea and of the South
Indian Basin. Jacobs and Georgi (1977) conclude that this water
mass is formed along the Enderby Land-/Prydz Bay Coast.

2.4.1.4 Modified Circumpolar Deep Water (MCDW)

MCDW represents the water mass of the transition zone between
Winter Water and Circumpolar Deep Water (see Fig. 16). It has a
rather weak static stability. In meridional sections across the
shelfbreak MCDW appears as a warm tongue between the surface
water and the shelf water and compensates for the discharge of
shelf water masses.Through mixing with High Salinity Shelf Water,
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it contributes to the bottom water formation. In the Weddell Sea
MCDW is called Modified Warm Deep Water (MWDW) for historical
reasons. West of 40°W MWDW exists only at the shelf break
(Foster and Carmack, 1976 a), but in the Ross Sea the influence
of MCDW could still be proved at the shelf ice edge at 100
meters depth (Jacobs et al., 1970).

2.4.1.5 Antarctic Intermediate Water (AAIW)

AAIW is characterized by a salinity minimum and an oxygen maximum
near the sea surface north of the Polar Front. These features are
apparent at depths of more than 1000 meters at mid-latitudes
(Piola and Georgi, 1982).

In the Atlantic the AAIW flows northwards with the Falkland
Current predominantly along isopycnal surfaces (Kuksa and
Poyarkow, 1977) to about 40°S. Further downstream it turns
eastwards into the anticyclonic subtropical gyre and reaches
finally the coast of South America north of 30°S. The salinity
minimum can still be detected as far as 25°N - 20°N (Reid et al.,
1977 and Wist, 1935).

In the Indian Ocean the AAIW terminates at about 5°S and in the
Pacific Ocean at 10°S (Wyrtki, 1971). The reason for the diffe-
rences of the meridional distribution lies presumably in the
special bottom topography of the three oceans. The regional
production rate may also contribute to this distribution (Jacobs
and Georgi, 1977).

The water mass of the transition zone 2 (see Fig. 16), with a
maximum potential temperature of © = 2.5°C and a minimum salinity
of 8 = 34.2 x 1073, is restricted to the Indian (3.6 x 10%km3)
and Pacific (3.3 x 10%km3) sectors (Carmack, 1977). Such
characteristics could result from a mixture of CDW and AAIW.

2.4,1.6 Shelf Water

SHELF DOMAIN H

HIGH SALINITY
SHELF"WATER H

-20 M TFIREZNG TERE R H

H

ICE SHELF WATER
_aolt= . — B Sl
340 342 26 348 350

344 3 3
SALINITY{x107}

Figure 18: 0/S diagram of water masses of the Southern Ocean
shelf domain (Carmack, 1977).
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The shelf water masses originate frum winter time convection.
They can thus be compared with the WW of the deep ocean. In
respect to bottom water production, a distinction must be made
between Low Salinity Shelf Water (LSSW) and High Salinity Shelf
Water (HSSW). Only shelf water with a salinity > 34.6 x 10-3
contributes to bottom water production (Mosby, 1934).

Shelf water is seperated from water masses of the deep ocean by a
frontal zone along the continental slope. Gordon (1974) shows
that topography, especially the shelf widths and the existence of
depressions, cause differences in shelf water salinities. Shelf
water with salinities > 34.75 x 10~3 (HSSW) covers most of the
shelf of the Ross Sea, which is 600 km wide and extends also
below the ice shelf (MacAyeal, 1984). The salinity of the water
masses of the Weddell Sea shelf, which is about 500 km wide,
assumes values of up to 34.8 x 10-3 whilst over the shelf off
Adélie Land, salinities > 34.6 x 10~3 are also to be found.

The interaction of HSSW with the Filchner and Ross Ice Shelves in
the frame work of basal melting in about 200 meters water depth
leads to the formation of Ice Shelf Water (ISW) (Jacobs et al.,
1970; Carmack and Foster, 1975 a). The potential temperature here
drops below the sea surface freezing temperature. In the course
of 1local circulation, ISW can be detected off the ice front at
intermediate depths (MacAyeal, 1984; Rohardt and Augstein, 1985).

2.4.1.7 The Polar Frontal Zone (PFZ)
2.4.1.7.1. General Features

At the Antarctic Convergence, cold, less saline Antarctic Surface
Water {AASW) meets warmer, more saline Subantarctic Surface Water
(SASW). The transition zone (Polar Frontal Zone) is bounded by
two fronts: the Polar Front (PF) to the south and the Subantarc-
tic Front (SF) to the north. Large horizontal density gradients
associated with these fronts can also be detected in the deep
waters. They are related to current cores of the Antarctic
Circumpolar Current (Nowlin et al., 1977; Sciremammano et al.,
1980). Most of the horizontal temperature and salinity changes
across the fronts can be explained by a vertical offset of the
isopycnals. This is particularly true for deep waters where the
horizontal water mass zonation is due to isopycnal tilting
(Nowlin and Clifford, 1982). Large meridional shifts of the Polar
and Subantarctic Fronts cause considerable temporal and spatial
variability of the PFZ width. South of Australia the width is
about 500 km whilst in the Drake Passage it is reduced to 250
km (Sciremammano et al., 1980).

The Polar Front is mainly characterized by a horizontal tempera-
ture variation in the range of 1°C to 3°C across the front in the
upper 500 m of the ocean. Due to heating in spring and summer,
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the maximum sea surface temperature gradient decreases and shifts
to the south by 1 to 2 degrees of latitude. Satellite observa-
tions at the Drake Passage between August and November reveal sea
surface temperature gradients at the PF of 0.05-0.25°C km~1
(Legeckis, 1977). The position of the PF is defined by

~ the northernmost position of the 2°C isotherm in the AASW
(Botnikow, 1963),

- the salinity minimum at the 200 m depth level (see Fig.19)
which is caused by increasing thickness of the AASW to the
north (Ostapoff, 1962),

- the northern termination of the temperature minimum layer of
the AASW (Gordon, 1967).
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Figure 19: Salinity distribution at the 200 m depth level south
of 40°S. The dotted 1line indicates the salinity
minimum (Gordon et al., 1978).
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The circumpolar average of the PF is situated at 52°-53°S
(Treshnikov et al., 1980). Deviations from the mean position are
due to the asymmetry of the Antarctic continent and the asso-
ciated atmospheric fields. Striking meridional shifts of 5 to 10
degrees of latitude occur between 150° and 170°E due to the
Macquarie Ridge, and between 45° and 70°W due to the continental
boundaries of the Drake Passage and the bottom topography of the
Scotia Sea. In the Drake Passage, the PF is at least 30 km wide
(Nowlin and Clifford, 1982).

The position of the PF varies seasonally by 1 to 2 degrees of
latitude. Meanders of the PF have characteristic wave lengths of
100 ~250 km and phase velocities of 10-15 ems—1. They cause
meridional shifts of the PF of up to 2 degrees of latitude in the
course of a few weeks (Legeckis, 1977; Sievers and Emery, 1978;:
Sciremammano et al., 1980). These waves can develop into deep
reaching cold core rings, with diameters of 60 ~ 100 km, which
drift in the Antarctic Circumpolar Current or migrate northwards
across the PFZ (Sievers and Emery, 1978; Savchenko et al., 1978;
Joyce et al., 1981; Peterson et al., 1982). Figure 20a shows a
large surface temperature gradient at the PF and a weak Subant-
arctic Front. Ten days later there is a cold core ring of AASW in
the PFZ, generated at the PF (Fig. 20b). The PFZ has widened due
to the northward shift of the Subantarctic Front, which is
intensified by the cyclonic circulation of the ring. After a
further 14 days period, the eddy has been advected away or is
dissipated and the Subantarctic Front shows a double-front
structure (56.5°S and 58°S; Fig. 20c). Computations by De Szoeke
and Levine (1981) suggest that ring formation seems to provide an
important contribution to the total meridional heat transport.
Interannual meridional variations of the PF amount to about 4
degrees of latitude (Botnikov, 1964).

Maximum temperature changes across the Subantarctic Front (SF)
occur in the range of 3°C to 9°C in the upper 500 meters. The
intensity of the SF varies distinctly with longitude. If neither
continental boundaries nor zonal submarine ridges affect the
Antarctic Circumpolar Current, the SF is weak as in the South-
east Pacific Basin (Emery, 1977). In the Indian Ocean and the
Southwest Pacific, between 20°E and 160°W, the SF is strong due
to the influence of the Agulhas Current and the Southeast Indian
Ridge. In the Drake Passage, the meridional width of the SF
amounts to at least 37 km (Nowlin and Clifford, 1982).
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2.4.1.7.2 Thermohaline characteristics

The Subantarctic Surface Water (SASW) is characterized by a
nearly isohaline layer starting between 100 m and 400 m depth at
the SF. Northwards this regime becomes thicker, warmer, and more
saline.

To the south of the PF isotherms and ischalines generally have a
smaller vertical slope than to the north. In the region of the
PFZ, a stepwise rise of isotherms and ischalines related to the
SF and PF can be observed. In the upper 500 m of the PFZ, in the
Pacific sector, the temperature ranges from 2°C to 7°C and
salinity from 33.85 x 10-3 to 34.35 x 10~3., The temperature
minimum layer of the WW does not always exist.

Figure 21: Thermal structure of the upper 500 m along 40°W. The
section was recorded in January and February 1977 by
XBT-probes (Taylor et al., 1978).

On the meridional temperature section along 40°W (Fig. 21) the
PFZ lies between 47.5°S and 49.5°S. South of 48°S, a distinct
thermocline has formed in about 80m depth due to solar heating.
The temperature minimum layer below the thermocline is governed
by a cellular structure.

Along 132°E, the PFZ is broadened from 48°S to 58°S in the
summer (Fig. 22). During winter the frontal region has practical-
ly no vertical temperature gradient in the upper 500 m of the
water column.
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Figure 22: Thermal structure of the upper 500 m along 132°E. The
section was recorded in December 1969 and January 1970
by STD-probes (Emery, 1977).

East of the USARP Fracture Zone (140°W) and east of the Macquarie
Ridge (165°E), «cold cells with temperatures <2°C frequently
occur in the PFZ. These features may originate from rings formed
at the Polar Front, local divergences generated by cyclonic
activities in the atmosphere, and breaking internal waves which
migrate northwards along the Antarctic pycnocline (Gordon,
1971 a). In the Pacific sector the largest horizontal temperature
gradients can be observed at the southern boundary of the PFZ,
whereas the largest horizontal salinity gradients occur at the
northern boundary (Moroz, 1979).
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1978).

(Joyce et al.,
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Profiles of temperature and salinity across the Drake Passage
(Fig. 23) indicate a rise of the highly saline CDW from 3000 m
in the north to 800 m in the south. The SF and PF extend down to
the ocean floor. In the upper 500 m, large-scale respective
thermal and haline gradients along density surfaces amount to
about 2.5 x 10-2°Cm~! and 3.1 x 102 m~! across the PF (Joyce et
al., 1978). XBT surveys from 1975 to 1979 across the Drake
Passage display variations of the PFZ width from 80 to 340 km.
Lateral deviations from the mean position of PFZ range between 70
km to the north and 120 km to the south (Whitworth, 1980). A mean
meridional slope and the meander structure of the PFZ in the
western Scotia Sea during summer is indicated on Fig. 24.

Figure 24: Surface distribution of temperature and salinity in
the western Scotia Sea in sumaer 1275 (Gordon et al.,
1977 b).

From 70°W to 45°W, the PFZ is shifted to the north by about
10 degrees of latitude.This northward migration from west to east
takes place in three steps forced by lateral boundaries and
bottom topography. The 4°C isotherm and the 33.8 x 10~-3 isochaline
mark the position of the PF at the sea surface whilst the 6°C
isotherm and 34.0 x 10-3 isohaline indicate the SF. Vertical
profiles of temperature and salinity (Fig. 25) in the western
Scotia Sea reveal the distinct meridional differences in the
vertical temperature and salinity distribution across the Polar
Front. The different thermohaline states of the three areas are
also shown on Fig. 25.
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Figure 25: Characteristic T/S-curves and vertical distribution of
temperature and salinity for- the Subantarctic, Polar
Frontal and Antarctic Zones in the western Scotia Sea
(Gordon et al., 1977 b).

2.4.1.8 Weddell-Scotia Confluence {WSC)

The WSC, about 150 km in width, separates the Scotia Sea and
Weddell Sea waters. It follows the South Scotia Ridge from the
tip of the Antarctic Peninsula to the South Sandwich Islands.
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Figure 26: Horizontal distribution of salinity at 20 m depth in
summer (Patterson and Sievers, 1980).
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At the surface, the WSC is characterized by high salinity values
(S >34.0x10~3, Fig. 26) in summer (Gordon et al., 1977 b). East
of 33°W, the surface of the WSC detaches from the deep signature
in turning to the north of the South Scotia Ridge (Patterson and
Sievers, 1980).

During winter, the western part of the WSC (west of the South
Orkney Islands (45.5°W) ) is vertically well-mixed. Its water
mass 1s clearly separated from the waters of the Weddell and
Scotia Seas as shown in Fig. 27. WSC deep waters are colder, less
saline and more oxygenated than those of the Weddell and Scotia
Seas. With increasing distance from the Antarctic Peninsula the
influence of the Weddell and Scotia Seas on the WSC increases
again.
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Figure 27: Vertical distribution of potential temperature
along 49°W.
SS: Scotia Sea
WSC: Weddell-Scotia Confluence
WS: Weddell Sea
(Patterson and Sievers, 1980),

The origin of the western WSC seems to be due to the mixing of
waters from the Bransfield Strait and waters which are transpor-
ted to the north along the east and west coast of the Antarctic
Peninsula (Patterson and Sievers, 1980; Gordon and Nowlin, 1978).
A possible contribution to deep convection southwest of Elephant
Island is the sinking of shelf water down the continental slope
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from the east coast of the Antarctic Peninsula during winter
(Gordon and Nowlin, 1978). Further eastwards, the WSC becomes
less significant due to lateral mixing. East of Elephant Island
the WSC forms a quasi-stationary meander forced by Dbottom
topography and the northward advection of Weddell Sea waters
(Stein, 1981; SCAR, 1983).

2.4.2 Oceanic circulation

2.4.2.1 Antarctic Circumpolar Current (ACC)

Meridional density distribution and westerly winds cause circum-
polar eastward motions of the water north of the Antarctic
Divergence. Wind stress, bottom topography and lateral friction
produce deflections from a purely zonal, geostrohpically
balanced current. The meridional extension of the ACC ranges from
1000 to 2000 km. The main flow axis lies between 45°S and 60°S
(De Szoeke and Levine, 1981). Current measurements in the Drake
Passage reveal three cores of the ACC associated with deep
reaching thermochaline fronts (PF, SF, Continental Water Bounda-
ry). Their geostrophic mass transports account for about three
quarters of the total baroclinic transport relative to 2500 m
depth (Nowlin et al., 1977: Pillsbury et al., 1979; Nowlin and
Clifford, 1982). Maximum velocities occur in the Atlantic and
Pacific sectors at the PF and in the Indian sector at the SF. On
the average, surface velocities of the current cores amount to 25
~-30 cms~™+. Surface speeds are greater at the SF and PF than at
the Continental Water Boundary (Gordon et al., 1978; Gordon,
1980; Nowlin and Clifford, 1982).

The transports of the ACC south of South America, Africa and
Australia are, by and large, identical. They amount to about 130
x 106 m3s-1l, with a barotropic contribution of 20 - 40 %, which
increases to the south due to the growing homogeneity of the
water column (Gordon, 1980; Fandry and Pillsbury, 1979). In
winter, the transport is slightly higher than in summer (Neal
and Nowlin, 1979). The ACC generally follows the contours of
constant potential vorticity. Thus, eastward flow is deflected to
the north where the ocean bottom rises and to the south where the
bottom deepens. According to kinetic energy considerations the
ACC 1is intensified along the northern flanks and weakened along
the southern flanks of zonal ridges (Thompson, 1971). The
baroclinicity of the ACC is closely related to bottom topography
(Fig. 28). At some locations bottom topography and the northward
spreading of AABW cause rather steady counter currents.
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Figure 28: Geopotential anomaly of the sea surface relative to
10 MPa in dyn m. (Gordon et al., 1978).

2.4.2.1.,1 General Features of the ACC

Trajectories of drifters in the ACC reveal undulatory displace-
ments with characteristic wave lengths of 200 - 400 km and
periods of 5 -~ 20 days (Kort, 1981). Pressure gauge measurements
at 500 m depth at the Drake Passage between 1976 and 1978 display
pressure fluctuations up to 2.5 x 103 Pa, with periods ranging
from some weeks to more than one year. Pressure fluctuations of
periods > 28 days are strongly correlated with the circumpolar
averaged geostrophic wind field with a response time of 5.5 to
9.5 days, indicating the existence of long barotropic gravity
waves with phase speeds of up to 3000 kmd~l. Fluctuations with
periods < 20 days are mainly caused by the local wind field with
a response time of 1 - 3 days. Clarke's (1982) computations show
that the response of the ACC to wind variations with periods less
than a few years is predominantly barotropic. Baroclinic fluc-
tuvations are found for periods greater than 70 years caused by
long period upper ocean temperature variations. Signals of the
Southern Ocean with time scales from 30 to 100 years are possibly
transmitted to the world ocean by the Antarctic Intermediate
Water and Subantarctic Mode Water (Fletcher et al., 1982).
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Numerous meso-scale eddies, presumably initiated by baroclinic
instabilities (Bryden, 1979:; Sciremammano et al., 1980; Wright,
1981), migrate eastward within the ACC. Most of them have radii
of less than 100 km and a characteristic rotation velocity of
25 cms—1, High eddy concentration, found in the Scotia Sea and
northwest of the Kerguelen-Plateau, is probably generated by the
bottom topography of these regions (Kort, 1981). A statistical
analysis by Lutjeharms and Baker (1980) reveals a decreasing
variability of the ACC with increasing distance from the PFZ.
Local differences from this rule exist in the Southwest Atlantic,
where the Falkland Current meets the Brazil Current, and in the
Southeast Atlantic, where the ACC meets the Agulhas Current.
Satellite images frequently show distinct eddy structures in
these regions.

2.4.2,1.2 Atlantic sector

The continental boundaries of the Drake Passage and the ridge
system of the Scotia Sea force the ACC to the north after passing
the Drake Passage (Fig. 29). The northern part of the ACC turns
to the north east of the Tierra del Fuego, follows the east coast
of the Falkland Islands and converges further north. At 45°S the
transport of the Falkland Current amounts to 30 - 40 x 106 m3s-1
(Zyryanov and Severov, 1979). At 56°-57°S, 55°W the main flow
axis of the ACC splits in two branches. The northern one follows
the southern flank of the North Scotia Ridge eastwards. It
crosses the ridge at 48°-49°W where bottom water from the Scotia

Figure 29: Isolines of the total stream function in the Scotia
Sea. The scale factor for the total transport is
10%m3s-1 (Zyryanov et al., 1976).
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Sea flows into the Argentine Basin (Zenk, 1981). The southern
branch surmounts the North Scotia Ridge farther east at 43°-44°W,
where it creates a cyclonic circulation in the area 52°-53°S/43°
- 47°W (Gordon et al., 1977b). The southern ACC exhibits large
meanders through interaction with the Weddell Sea circulation
(Zyryanov et al., 1976). The isolines in Figure 28 indicate a
nearly divergent flow of the ACC between 30°W and 0O°.

2.4.2.1.3 Indian sector

South of Africa the main flow axis of the ACC crosses the
Atlantic-Indian Ridge between 25°E and the Prince Edward Islands.
Farther north the Agulhas Current transports relative warm water
masses southwards. The southerly Agulhas Return Current creates a
zone of enhanced baroclinicity which extends into the ACC up to
the Macquarie Ridge (160°E). The Agulhas Return Current crosses
the Atlantic-~Indian Ridge north of the Crozet Plateau. Between
Crozet and Kerguelen Islands several weak counter currents can be
observed in the ACC, resulting in a net eastward volume transport
in the upper 1000 m of up to only 6 x 106 m3s-1 (Jacobs and
Georgi, 1977). Anticyclonic eddies with radii of about 100 km and
a propagation speed of about 6 cms~1 are caused by the Crozet
Islands (Colton and Chase, 1983). Crossing the Crozet and
Kerguelen Plateaus, the southern part of the ACC is meridionally
deflected in a way that a southward heat transport is maintained
(Deacon, 1983). At 110°E the northern part of the ACC feeds into
the West Australian Current.

South of Australia, the ACC follows the zonal Indian-Antarctic
Ridge. The northern part of this water mass recirculates anticyc-
lonically in the Bustralian Basin. At about 125°E parts of the
ACC move over the Indian-Antarctic Ridge southwards through the
Antarctic Discordance. Current measurements and geostrophic
computations indicate an intensified flow with speeds at the sea
surface of 20 - 25 cms~1 along the northern flank of the ridge
(Fig. 30). On the crest a westward barotropic current appears
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Figure 30: Absolute geostrophic velocities in cms™l and absolute
transports in 10®9m3s-l along 132°E. The circles refer
to the locations of current meters (Callahan, 1971).
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with speeds of 4 - 6 cms~l. South of the ridge a secondary
maximum, which is related to the PF, is present in the eastward
flow of the ACC. Along 140°E, the counter current runs along the
southern flank. McCartney (1976) supposes that a large scale
cyclonic circulation exists over the Indian-Antarctic Ridge
between 100°E and 140°E. Smith and Fandry's (1978) model
reveals that the position of the west wind maximum mainly
determines the strength of the meridional density gradients at
the northern flank. The SF and the associated current core are
strongest when the west wind maximum is situated slightly north
of the crest. Seasonal meridional variations of the west wind
maximum are reflected in the zonal currents. The vertical
velocity shear attains its maximum at the SF in the model if the
ridge is elevated. Computations by Spillane (1278) reveal that
the counter current at the southern flank of the Indian-Antarctic
Ridge requires a southward component of the generally eastward
zonal flow.

7 AUCKLAND

1SUAND

Figure 31: Depth of the salinity maximum layer southwest of New
Zealand (scale factor 10 m) (Gordon, 1972).
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The Tasman Plateau and the Macquarie Ridge deflect the ACC to the
south by about 1000 km. One branch of the ACC flows around the
southern tip of the Macquarie Ridge, other branches cross the
ridge through gaps at 53.5°S and 56°S (Fig. 31). The geopotential
anomaly of the sea surface relative to 40 MPa 1is a linear
function of the depth of the salinity maximum in this region.
Thus, the isobaths of the salinity maximum coincide with stream
lines of the geostrophic flow. East of the northern gap anti-
cyclonic eddies form with periods of about 1 month (Colton and
Chase, 1983). Due to the meandering of the most southerly branch,
a warm water tongue 1is situated over the southern Macquarie
Ridge. A model by Boyer and Guala (1972) generates a large
southward velocity at the western flank in this region. Probably
meso-scale eddies also develop at the southern tip.

The branches of the ACC which cross the Macquarie Ridge converge
at the southern slope of the Campbell Plateau and form a strong
current_core with relative geostrophic velocities of up to
45 cms™1 (Fig. 32). At the base of the slope 100 m above the
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Figure 32: Geostrophic velocities relative to the deepest common
level of a station pair along 170°E. The squares refer
to the locations of current meters (Gordon, 1975).

bottom, a mean zonal velocity of 26 cms~1 was recorded, indica-
ting a surface velocity of 70 cms~l. The counter current at
56°~57°S suggests a cyclonic circulation south of the Campbell
Plateau. Other current cores of the ACC are situated at 59°S and
at the northern flank of the South Pacific Ridge near 62°-63°S.
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2.4,2.1.4 Pacific sector

In the zone from 155°W to 125°W, the isolines in Fig. 28 indicate
an intensification of the ACC which crosses the East Pacific
Ridge at 145°W and 125°W. Bottom topography causes barotropic
standing Rossby waves in thé ACC east of the ridge in the central
Southeast Pacific Basin, with wave lengths of about 1000 km
(Gordon and Bye, 1972). In this region the flow field is diver-
gent, whereas it converges above the eastern Southeast Pacific
Basin due to the influence of the Antarctic Peninsula and South
America. At the west coast of South America, the northernmost
part of the ACC is deflected northwards and finally feeds into
the Humboldt Current.

2.4.2.1.5 Drake Passage (DP)

The Drake Passage (DP) connects the Pacific and the Atlantic
Oceans and forms simultaneously a broad western entrance into
the Scotia Sea. Two submarine ridges extend from South America
(westerly) and Antarctica (easterly) in a southeast-northwest
direction into the middle of the Drake Passage. Their depths
increase from <2000 m at the northern and southern boundaries to
>4000 m in the central DP. They direct the northern and central
ACC at 2700 m depth to the north and the southern part to the
east (Bryden and Pillsbury, 1977).

Hydrographic sections from South America to the South Shetlands
suggest that the ACC is composed of four distinct water masses,
which are separated by three fronts reaching down to the ocean
bottom (Fig. 33).

SUSANTARCTIC

ANTAACTIC

CONTINENTAL

Figure 33: Schematic representation of the four water mass zones
separated by three fronts across Drake Passage from
Cape Horn to Livingston Island (Nowlin and Clifford,
1982).
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According to Whitworth (1980), the four water mass zones are:

- the Subantarctic Zone (SAZ)
- the Polar Frontal Zone (PFZ)
- the Antarctic Zone (AAZ) and
- the Continental Zone (CZ)

The three fronts known as Subantarctic Front (SF), Polar Front
(PF) and Continental Water Boundary (CWB) (Sievers and Emery,
1978) are referred to as current cores, which may be permanent in
the DP, with a maximum geostrophic velocity relativ to 25 MPa of
25-30 cms~™1 (Nowlin et al., 1977) The speed reduces in the water
mass zones to less than 5 cms~l. The fronts vary geographically
in time by nearly two hundred kilometers. They meander with phase
velocities of 10-15 cms~1l and create eddies with diameters of
60~80 km which migrate to the north (Sciremammano et al., 1980).

Measurements at depths 2500 m indicate that the currents vary
with periods of about two weeks and with spatial scales of 1less
than 80 km. The mean flow velocity ranges from 7.6 cms~1 (east-
wards) to 2.9 cms~l(westwards), with vector average of 1.56 cms~1
to the east (Bryden and Pillsbury, 1977). These fluctuations may
result from alterations of the atmospheric surface winds which
have periods between 2 and 14 days (Baker et al., 1977).

Most of the ACC baroclinic transport (75 %) is primarily associa-
ted with the SF and PF and to a lesser extend with the CWB. This
fact is noteworthy since the fronts cover only 19 % of the Drake
Passage (Nowlin and Clifford, 1982).

Current meters deployed for one year during DRAKE 79 (Dynamic
Response and Kinematics Experiment) reveal an eastward net
transport in the upper 2500 m of 121 x 106 m3s-1l. Hence the total
transport through the entire cross-sectional area of DP probably
has a range of 118 to 146 x 106 m3s~1 (Wwhitworth, 1983).

Using the FDRAKE 75 data Bryden and Pillsbury (1977) have
calculated a total transport of 139x10%5m3s-1, whilst Fandry and
Pillsbury (1979) arrive at a value of 127x10%5m3s~l. Both
calculations include a baroclinic transport of 100x1009m3s~1 found
by Nowlin et al. (1977). The total transport varies from 28 to
290 x 109m3s~1 within the 35 weeks estimate. These temporal
changes may not fully cover the total transport since the mooring
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separation of about 80 km is rather large (Sciremammano et al.,
1980). Gordon (1983) states that the net transport through the DP
may in fact be quite steady. Whitworth (1980) compares the
baroclinic transport relative to 25 MPa of summer and winter
data and finds an insignificant difference of only 10 %.

Gill and Bryan (1971) show with the aid of a baroclinic model,
that the ACC transport through DP is increased by submarine
ridges. They also demonstrate that the displacement of the
current to the north in the southwest Atlantic is mainly caused
by continental boundaries. At the southern continental rise, a
westward flow develops so that two different cells are separated
at latitude 60°S.

A quasi-geostrophic wind-forced two-layer model of McWilliams et
al. (1978) generates baroclinic mesoscale eddies with diameters
of up to 200 kilometers as well as meanders with wave lengths
from 400 to 800 kilometers. The bottom topography prescribed in
this model produces a stationary cyclonic gyre south of the main
flow axis. Considerable amounts of momentum are transferred from
the mean zonal flow to smaller scales of motion by friction
forces in both of the boundary layers.

2.4.2.2 East Wind Drift (EWD)

The westward flow along the Antarctic continental slope is called
the EWD. It is basically driven by easterly winds which prevail
south of 65°S (Gordon, 1974). Observations of Tchernia and
Jeannin (1980) support the assumption that the EWD is composed of
the southern part of 3 to 4 individual gyres enclosing the
Antarctic continent rather +than a continuous flow.

With the aid of satellite tracked icebergs one may conclude that
the EWD has a mean velocity of 5-10 cms~l. Maximum values of
25-50cms~1 have been measured off the coast of Wilkes Land
(Gordon, 1974). Time variability of the flow is difficult to
record because the movements of icebergs can be disturbed by the
presence of sea ice, ice shelves, local winds, and bottom
topography on the track line.

2.4.2.3 Antarctic Divergence (AAD)

The position of the AAD corresponds with the location of the
atmospheric low pressure belt at 65°S which separates the
southerly east winds from the northerly west winds. The Ekman
transports driven by these wind systems cause and maintain the
BAD. It forms nearly a complete circle which is broken only in
the western Weddell Sea caused by the Antarctic Peninsula
(Fig.34).
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Figure 34: Position of the Antarctic Divergence (dashed line) and
the Antarctic Convergence (solid line) around Antarc-
tica (after Deacon, 1982).

Gordon and Taylor (1975b) calculate, from annual wind data, mean
vertical water velocities at the bottom of the Ekman layer of
10x10-5cms-1 for the area between 20°W-155°E and 58°-63°S and
17x10-5cms~1 for the area between 160°E-25°W and 63°-68°S.

During summer, two divergences exist in the Atlantic-Indian
sector; the AAD at about 65°S and the Bouvet Divergence (BD) at
about 55°S (Koopmann, 1953). The BD extends from 20°W to 30°E. It
forms a transition zone of Weddell Sea Deep Water and Southeast
Pacific Deep Water (Gordon, 1967). However, the forcing mechanism
of this divergence is not clearly specified.
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3. The Weddell Sea
3.1 Bottom topography

The Weddell Sea covers the southerly part of the Southern Ocean
in the Atlantic sector. It is bounded to the south by the
Antarctic continent, to the west by the Antarctic Peninsula (ca.
60°W) and to the north by the South Scotia Ridge (60°S). No
significant natural boundary exists on the eastern side (see Fig.
1). Carmack and Foster (1977) have artifically chosen a straight
line from the South Sandwich Islands (26°W) to Cape Norvegia
(12°W) as the eastern boundary. Since the Weddell Gyre extends
much further to the east, the above defined area may be con-
sidered as the minimal extension of the Weddell Sea. Using these
limits, it covers about 2.3x10km2, which is approximately equal
to the Mediterranean Sea. With a mean depth of about_ 4400 m the
volume of the Weddell Sea amounting to 7.6 X 106 xm3 represents
about 0.5 % of the water volume of the World Ocean.

The South Scotia Ridge has sill depths of 3000 m and therefore
the exchange of water masses between the Weddell and Scotia Seas
is possible.

The continental shelf region occupies one-quarter of the area
but forms only 4 % of the volume of the Weddell Sea. The 600 m-
isobath is generally defined as the shelf edge. This rule is
broken only on the eastern side off Dronning Maud Land where the
400 m isobath is chosen instead (Johnson et al., 1981). The width
of the shelf increases from about 90 kilometers in the east to
about 500 kilometers off the Filchner-Ronne Ice Shelf. The
gently sloping shelf area is cut by a trough, called Filchner
Depression, which extends from 82°S, 73°W about 600 km northeast-
wards (Behrendt, 1962). It has a sill depth of about 700 m at
the shelf break and deepens to 1200 m at the edge of the Filchner
Ice Shelf. It is speculated that the trough was formed by a
grounded glacier at the end of the Pleistocene. Information about
the western shelf along the Antarctic Peninsula is meagre since
heavy sea ice prevents shipborne measurements in this region
throughout the year.

The continental slope east of 25°W is relatively steep (approx.
9°) whereas the broad shelf further to the west has a slope of
less than 3°.

3.2 Marine atmosphere
3.2.1 surface heat budget in the pack ice zone

The air-sea heat exchange in the Weddell Sea depends strongly on
the coverage and the thickness of sea ice. Due to the high albedo
of ice and snow surfaces, solar heating of the ocean is small in
pack ice regions. But the sea ice also reduces heat losses of the
water column by long wave radiation and interaction with the
atmosphere. On the average, the albedo of the inner pack ice
zone (ice concentration>85 %) amounts to 75 %, and of the outer
pack ice zone (ice concentration between 15 % and 85 %) to 54 %
(Weller, 1981). In particular it is a function of ice concen-
tration, ice composition and snow cover.
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The albedo may vary from 20 % for pancake ice to 95 % for the ice
shelves (Babarykin et al., 1964). The maximum radiative heat loss
of the ocean during the winter season occurs in the open water
adjacent to the ice edge which migrates in autumn from the
Antarctic coast northwards to a latitude at about 55°S (Schwerdt-
feger, 1970). The energy of the solar radiation during the summer
period is mainly used to melt the sea ice. Only a small portion
is accumulated in the water column directly.

The sensible heat flux from the ocean to the atmosphere is
generally strong in leads and polynyas where it attains maximum
values of more than 700 Wm~2 in winter (Gube~Lenhardt and Hoeber,
1985). Here the latent heat flux can also be considerably high.
This happens frequently at the east coast of the Weddell Sea when
cold and dry continental air flows across coastal polynyas. The
latent heat fluxes there may exceed 100 Wm~2. This heat loss
compensates for the summer radiative heating so that the sea
surface temperature in polynyas stays near freezing point
(-1.92°C to =2.10°C) (Ledenev, 1964). A thin ice cover already
reduces the sensible and latent heat fluxes drastically. Maykut
(1978) points out that an ice cover of 5 cm thickness reduces the
sensible heat flux by 40 % and the latent heat flux by 70 %.

Measurements of Weller (1968, 1981) and Allison et al. (1982)
near Mawson (67°34'S 62°53'E) support the following scheme:
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Figure 35: The heat balance at the upper and lower sea ice
boundaries averaged. from 1 July to 15 November near
Mawson. Units in Wm~2 (after Weller, 1968).
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From mid summer to March the ocean gains heat by net radiation
{(maximum values » 200 Wm~2) and sensible heat fluxes. During March
the direction of the net radiative and heat fluxes reverses and
in April the oceanic heat loss may reach as high as 200 W2,
This value drops remarkably when ice formation starts. As soon as
the ice cover is about 20 cm thick, the oceanic heat loss drops
below 75 Wm~2. From May to July the heat transfer across the
ocean surface remains nearly constant at 50 Wm™<, while the ice
thickness increases to 1.8 m. In mid-winter the coastal pack ice
zone still loses energy of 56 Wm~2, which is twice as much as
inland on the Antarctic continent. With increasing solar
radiation, melting of ice starts in October again.

Month Qq Qg H LE Qp Qa R P Q,
Jan. 162 35 7 39 81 29 0,3 0,3 65
Feb. 109 36 15 47 11 3 0,28 0,1 10
March 56 36 15 44 -39 -8 0,20 0,2 -32
Apr. 21 36 50 72 -138 =32 0,23 0,4 =95
May 12 36 60 63  -148 -25 0,17 0,5 -87
June 4 36 80 66  -178 -2l 0,12 0,6 -84
July 2 36 100 72 =206 -25 0,12 0,7 ~-79
Aug. 38 36 100 72 =171  -16 0,09 0,7 =-62
Sept. 76 36 90 68  -118 -8 0,07 0,8 -30
Oct. 106 36 50 69 -49 -7 0,15 0,7 -20
Nov. 128 35 20 60 13 2 0,14 0,6 6
Dec. 142 36 8 52 47 13 0,27 0,46 33
Averages 7] 36 49 61 -75 -8 0,18 0,5 -31

Table 5: Seasonal variations of surface heat budget components
zonally averaged between 60°S and 70°S in Wm™

0Os: global radiation absorbed by the ocean

Op: net long wave radiation

H: sensible heat flux

LE: latent heat flux

Owa= Qg-0Qp-LE-H: net heat flux between an ice-free ocean

and the atmosphere
Qra: net heat flux between an ice-covered ocean and the

atmosphere
= Q1a/0wa
P: ratio of the ice—-covered area to the
total area (from NAVY-NOAA ice charts)
Qn: net heat flux for a realistic sea ice extent

{Gordon, 1981).
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Since neither the atmospheric flow, nor the ice coverage of the
pack ice zone are known well enough, heat budget estimates for

the entire pack ice region are quite uncertain. Nevertheless,
the results of Gordon (1981) and Sasamori et al. (1972), presen-
ted in Table 5, and the values obtained at Mawson Station in

Figure 35 provide some informations. According to the tabulated
values, the long wave emission exceeds the short wave absorption
from April to July. Sensible and latent heat fluxes are generally
directed from the ocean to the atmosphere, increasing from
summer to winter time. A net warming of the ocean occurs from
November to February. The annual oscillation of the air-sea heat
exchange is damped by the sea ice. Because of the glaciological
annual cycle, the mean heat loss in winter (June to September)
amounts to 64 Wm~2 and the mean heat gain in summer (December to
March) to 19 Wm~2. Leads and polynyas in the pack ice zone which
form about 30 % of the total area, are of particular importance
for the oceanic heat loss in winter. They contribute about 44 %
to the mean annual heat loss of the ocean to the atmosphere
(Ackley, 1981 a).

3.2.2, Alr temperature at the lower boundary of the atmosphere

The air temperature of the Weddell Sea region is controlled by
the northward transport of sea ice and cold water along the
Antarctic Peninsula. This cooling effect results in a negative
surface layer temperature anomaly extending from the Antarctic
Peninsula to the South Indian Ocean (Fig. 36, Table 6). The
annually averaged surface air temperature in the Weddell Sea

to°c
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Figure 36: Zonal distributions of the annual averaged air
temperature at the sea surface along 50°S and 60°S
(Schwerdtfeger, 1979).



50

decreases southwards from ~-4.3°C (Orcadas) to -22.2°C (Belgrano)
(Schwerdtfeger, 1975). The monthly mean temperatures amount to
-10°C and +1°C at the South Orkney Islands and to =30°C and -8°C
at the Filchner Ice Shelf for July and January, respectively
(Schwerdtfeger, 1970).

Table 6: Zonal distributions of the annual averaged air tempera-
ture at the sea surface along 60°S and 65°S (Schwerdt-
feger, 1975).

Drifters on the pack ice of the western Weddell Sea have indi-
cated temperature fluctuations with a characteristic period of 2
weeks which are obviously caused by large scale atmospheric
disturbances. Compared to other regions of the Antarctic pack ice
zone, the Weddell Sea exhibits the largest interannual sea ice
and surface air temperature variations (Streten and Pike, 1980).
These features may have certain impacts on the year to year
changes of large scale global circulation.

3.2.3 Bntarctic pressure trough

The axis of the Antarctic pressure trough over the Weddell Sea
has its most southerly position on the western side. A stationary
low pressure centre exists at 62°S 20°E and sometimes a secondary
low lies at 66°S 20°W (Schwerdtfeger, 1970)

In summer and autumn, cyclones occur over the Weddell Sea with
an average period of 20 days (Ackley, 1981 b). The majority of
the cyclones created in the west wind zone are deflected north-
wards by the Antarctic Peninsula so that they circumnavigate the
Weddell Sea (Taljaard, 1972).

3.2.4 West and east wind zones

The zonal distribution of the meridional pressure gradient at the
sea surface between 40°S and 60°S (Fig. 9) exhibits a 1local
minimum at the Antarctic Peninsula. Eastwards up to 10°W the
strength of the west wind increases on a seasonal average by
10-30 % (Streten, 1980).
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West winds are dominant north of about 65°S. Between 65°S and
70°s, both west and east winds are observed, while south of
about 70°S, east winds prevail (Schwerdtfeger, 1275). Table 7

portrays the monthly averaged zonal geostrophic wind over the
Weddell Sea.

60° 65% 70%  75%

January 20°W 3.6 =~0.1 =3.2 -4.8
30% 3.0 -0.1 =-2.5 =41

40%W 2.3 0.0 -1.6 =-2.9

50% 2.2 -0.1 =-1.3 -1.9

April  20% 6.6 0.1 -4.9 -5.5
30% 6.7 1.6 -3.2  =5.1

40% 6.1 2.7 -1.5 4.3

50% 5.6 3.1 -0.5 -3.3

July ~ 20°W 6.4 1.7 =3.2 -5.4

30% 5.5 2.7 -1.2  =-4.5

40% 4.4 2.8 0.1 -3.3

50% 3.5 2.2 0.4 -2.2

October 2034 9.3 5.8 -0.7 5.3
30% 9.2 6.9 0.7 -5.2

40%W 8.8 6.9 1.5 4.4

50 8.4 6.0 1.4 -3.5

Table 7: Monthly averaged zonal geostrophic wind field above the

Weddell Sea in ms—1, positive for west winds (Jenne et
al., 1971).

The mountain barrier of the Antarctic Peninsula causes a south
wind which transports cold continental air of -20° to -~30°C along
the Antarctic Peninsula into the west wind zone (Schwerdtfeger,
1975). Its strength depends on the zonal temperature gradient,

which in this part of Antarctica amounts to 2-4°C per 100 km
(Ackley, 1981 b).

The annual mean wind speed ranges up to about 14 ms—1
(schwerdtfeger 1979). Drifter measurements on the western Weddell
Sea pack ice display temperature fluctuations of 10-15°C with
periods of 2-3 days caused by outbreaks of cold continental air
from the south (Ackley, 1981 b). From February to May, when the
barrier winds are strongest, the sea ice frequently piles up to

form large ridges in the northwestern Weddell Sea (Schwerdt-
feger, 1979).
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The east wind zone over the southern Weddell Sea is influenced
by katabatic winds reaching some 10 km off the coast. They are
strong enough to create and maintain coastal polynyas, even 1in
winter. The low air temperature, which sometimes reaches -40°C,
simultaneously favours sea ice production (Ledenev,1964; Weller,
1981). The newly-formed ice is advected off the coast by these
surface winds.

3.2.5 Precipitation

Precipitation decreases from about 400 mma~l at the South Orkney
Islands to less than 200 mma~l at the Antarctic coast (Streten,
1977). Newton (1972) estimates a 270 mma-l difference between
precipitation and evaporation for the zonal belt between 60°S and
70°S. If the melting of icebergs is included, the fresh water
gain of this region amounts to about 400 mma~! (Gordon, 1981).
Piola and Georgli (1981) determined the fresh water source of the
Scotia Sea near the PF at 276%¥190 mm per 6 months, which is in
rough agreement with the above value.

3.3 Glaciological aspects
3.3.1 Sea ice

Large parts of the Weddell Sea are permanently covered with sea
ice.The latter reaches its maximum extent of 4.36 + 10%m2 in
August, and the minimum coverage of 1.14 + 10%km2 is observed in
February (Ropelewski, 1983). Compared to other Antarctic regions
the Weddell Sea shows the largest annual sea ice variation as
demonstrated on Fig.37. The large amplitude of this signal is
mainly attributed to dynamic, rather than to thermodynamic
effects (Hibler and Ackley, 1983).
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Figure 37: Annual variations of the sea ice extent between 60°W
and 20°E for areas with different ice concentrations
(Ackley, 1981 a).
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In the Weddell Sea the pack ice edge occupies its northernmost
position at the South Sandwich Islands (56°S 26°W) in September
(Fig. 38). The sea ice retreat begins in late September and is
accellerated in November. During spring and summer the ice-free

Figure 38: Monthly averaged positions of the pack ice edge
between 1973 and 1979 (Deut. Hydrogr. Inst., 1981}).

region expands along the coast of Coats Land and sometimes even
to the Filchner-Ronne Ice Shelf. A tongue of relative high ice
concentration from the tip of the Antarctic Peninsula to about
20°W 1s preserved by an eastward transport of the pack ice in
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the northern part of the Weddell Gyre. Due to the barrier effect
of the Antarctic Peninsula to the oceanic circulation and the
northward flow of continental air, an area of about 8 x 105km? in
the western Weddell Sea is covered by sea ice throughout the
year. Occasionally the whole area west of 25°W stays covered with
ice. During cold air outflow conditions sea ice can also be
formed in summer at the Filchner Ice Shelf edge (Foster, 1972b).
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Figure 39: Annual variations of the pack ice edge along 40°W,
20°W, 10°E and 30°E from satellite data, Jan. 1973 to
July 1974 (Ackley, 1979).

The eastward advection of sea ice by the Weddell Gyre causes a
considerable phase shift of the annual meridional migration of
the pack ice Dbetween the western and eastern Weddell Sea (Fig.
39). At about 30°W the maximum sea ice extent is reached in July/
August, at 10°E it appears in September/October, and at 30°E the
ice edge occupies its northernmost position in December.

The strong kinematic forcing is an important contribution to
annual and interannual fluctuations of the sea ice extent in the
Weddell Sea region predominantly between 20°W and 40°W (Streten
and Pike, 1980).
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According to ship and iceberg drift observations, sea ice motion
along the Antarctic Peninsula amounts to about 4.5 ems~l  on an
annual average, with a maximum of about 8 cms=l during the
winter months (Brennecke, 1921). Thus, the migration of sea ice
from the southwestern shelf to the tip of the Antarctic Peninsula
lasts more than one year. Satellite-tracked buoys dropped at
70°-75°S/50°-60 °W reveal northeastward velocities from 2 to 12
cms ™1 during summer and autumn. The larger values have been
observed in autumn, when strong southerly winds prevail along
the Antarctic Peninsula. Westward migrating cyclones frequently
cause short-time convergences and divergences in the pack ice
field of the western Weddell Sea.

The thickness of sea ice increases from 1 m for first-year to 3 m
for multi-year ice. Consequently, 1 to 1.5 m ice thickness
dominates in the eastern Weddell Sea, whilst it measures more
than 3 m at the tip of the Antarctic Peninsula. These mean values
are locally exceeded by pressure ridges which may amount to 10 m.
The compact sea ice cover along the Antarctic Peninsula prevents
the surface water from solar heating in summer. Summer melting of
the underwater part of the ice floes is therefore small and no
remarkable fresh water production occurs (Ackley 1979). During
the "Deutschland" drift, an ice growth of 1 to 1.5 m was
observed along the trajectory (Foster, 1972 b).

About 50 - 70 % of the sea ice in the Weddell Sea is frazil ice,
which seems to be formed at high growth rates (>lcmh~l) in
polynyas and leads (Ackley et al., 1980; Gow et al., 1982; Clarke
and Ackley, 1984). Bauer and Martin (1983) indicate that ice
accumulation can lead to ice layers of more than 50 cm thickness
within a few hours. Obviously this process inhibits the brine
drainage so that the salinity of sea ice is still 4 to 10x10~3 in
early spring (at 59°-62°S 0°-5°E). Congelation at the bottom of
ice sheets through heat loss at the top depends on the actual ice
thickness, but it is generally much slower than by accumulation
of frazil ice (Clarke and Ackley, 1984).

Comparatively large growth rates are observed during the
formation of grease ice. The latter forms in leads and polynyas
with high sea-air heat fluxes. However, in this case, salt is
strongly precipitated (Bauer and Martin, 1983).
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3.2.2 Weddell Polynya

From 1973 to 1977 a large polynya with an area of about
2.5-105km? appeared in the pack ice of the eastern Weddell Sea
(63°~71°S 30°W-15°E) (Martinson et al., 1981). Satellite images
show spatial as well as temporal variations of this phenomenon
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Figure 40: Locations of the pack ice edge over the Weddell Basin
during June to November 1973 - 1979 from satellite
images (Martinson et al., 1981).

(Fig. 40). On the average, the Weddell Polynya migrated with a
velocity of 1 cms~l westwards from 1973 to 1977 (Carsey, 1980}.
Figure 41 shows the development of the polynya in winter 1974.
During sea ice growth a large bight from 64° to 69°S and from 0°
to 10°E stays ice-free and the open water area is fully surroun-
ded by pack ice in July. The polynya enlarges its area from July
to December.

The mechanisms of creation and maintenance of this open water
area in the pack ice belt are not yet clearly identified.
Speculations that perturbations originating from the Maud Rise
(65°S 0°) and deep convection may be predominantly involved in
the above processes seem to have some likelihood.
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Figure 41: Locations of the pack ice edge and the Weddell Polynya
during June to December 1974 (Carsey, 1980).

3.3.3 Ice Shelves

Two large ice shelves flow into the Weddell Sea: the Filchner-
Ronne Ice Shelf in the south and the Larsen Ice Shelf at the east
coast of the Antarctic Peninsula. Radio-echo soundings indicate
that the thickness of the Filchner-Ronne Ice Shelf increases from
200 - 300 m at the floating ice front to 1400 ~1500 m farther
south where it rests on the ground (Robin et al., 1983). In the
north, the shelf ice is divided into two parts by Berkner
Island. Between Berkner Island and Coats Land the ice stream
convergences. At the front the ice attains velocities of up to
1500 ma~l. wWest of Berkner Island, the flow speed reduces to
about 1050 ma~l (Kohnen, 1982). The major ice discharge occurs at
the eastern and western sides of the shelf. On the average the
annual calving amounts to about 400 km3a~l (Zotikov et al.,
1974).



58

Bottom melting of the ice shelves plays some role where surface
water is forced downward on its way under the ice. Rough esti-
mates indicate that, ~west of Berkner Island the melting rate is
as large as 3.2 ma~l (Robin et al., 1983) and at the eastern
slope of the Filchner Depression it increases to even 10 ma~l
(Behrendt, 1968; Carmack and Foster, 1975 a).

3.4 Hydrography

The ice conditions hamper systematic hydrographic observations in
the Weddell Sea throughout the year. Therefore, information
about seasonal phenomena is rare. Winter data are available only
from the drifting ships "Deutschland” (1911-1912) and "Endurance"
(1915-1916) and the 1981 expedition with the RV Somov. Basic
studies of the hydrography of the Southern Ocean featuring the
Weddell Sea as the main source of Antarctic Bottom Water have
been conducted by Brennecke (1921), Wiist (1933), Mosby (1934)
Deacon (1933, 1937) and Mackintosh (1946) using measurements of
several sea trials. The Weddell Sea investigations have been
supplemented by ELTANIN data from 1963-64 and by the observations
during the International Weddell Sea Oceanographic Expeditions
(IWSOE) 1968 and 1973 to 1976 (Fig. 42).
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Figure 42: Locations of hydrographic sections carried out during
the International Weddell Sea Oceanographic Expedition
(IWSOE) 1973: I, II, III, IIIa and VII, IWSOE 1975: VI
and IWSOE 1976: V
Section IV originates from GLACIER cruise 1968
Dots mark hydrographic stations.
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Characteristics and spatial distribution of the Weddell Sea water
masses will be described with the aid of potential temperature @,

salinity S and oxygen 0Oj.
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Figure 43: Two characteristic /S correlation curves representing

stations in the oceanic domain

A: central Weddell Sea

B: continental slope and rise of the western and nor-
thern Weddell Sea.

Curve A shows the beginning of surface cooling, whilst

the influence of summer heating is still present

below. According to permanent 1ice cover, curve B

shows no summer heating (Carmack,

1974).

The 0/S-diagrams on Figures 43 and 50 show distinct differences
between the water masses of the oceanic and of the shelf domain
as well as between Weddell Sea Bottom Water and Antarctic Bottom
Water. Characteristic properties of the individual water masses
are displayed in Table 8 and their volumes are indicated in

Table 9.
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Water mass potential temperature

salinity interval

oxygen interval

interval 0 (°C) S (x1073) 0y (x10-3)

Winter Water (WW) -2 <€ 0K -1.6 (I) 34.4 €S < 34.52 (1) 6.6 < 07 <€ 6.9 (1)
Warm Deep Water (WDW) 0 <@e< 0.8 (1I1) 34.6 €S <€ 34.76 (II) 4.3<€ 0y < 4.9 (1)
Antarctic Bottaom Water (AABW) -0.8€ 0K 0 (1) 34.64< S € 34.68 (I) 5.1 < 0y < 5.7 (1)
Weddell Sea Bottom Water (WSBW) ~-1.4<€ 9 < -0.8 (1) 34.64< S < 34.68 (I) 5.9< 03 £ 6.5 (I)
Weddell Sea Deep Water (WSDW) ~-0.4< 9 < -0.1 (III) 34.66< S € 34.67 (ITII) 5.4< 09 < 5.6 (III)
Modified Warm Deep Water (MWDW) -1.6<06< 0 (II) 34.4 €S < 34.64 (II)

Eastern Shelf Water (ESW) -2 <K -1.6 (1) 34.28<S & 34.44 (I) 7.2< 09K 7.4 (1)
Western Shelf Water (WSW) -2 < 09<-1.6 (1) 34.56< S <€ 34.84 (1) 6.9€ 0p < 7.3 (I)
Ice Shelf Water (ISW) -2.4<€0< 2 (II) 34.56< S € 34.68 (IT)

Table 8: Potential temperature © (°C), salinity § (x10~3) and oxygen 0y (x1073) intervals for the water masses of the

Weddell Sea given by:

I: Carmack (1974); II: Carmack and Foster (1977); III: Gordon (1978).
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Oceanic domain

water mass volume (km3) percent of TV
AASW 592 x 103 7.8

WW 125 x 103 1.
WDW 2260 x 103 29.7
AABW 4350 x 103 57.2
WSBW 223 x 103 3.0

Shelf domain

MWDW 14 x 103 0.2
ESW 61 x 103 0.8
WSW 84 x 103 1.1
ISW 16 x 103 0.2
total volume (TV) 7600 x 103 100

Table 9: Volume and percent of the total volume of the Weddell
Sea water masses listed in Table 8. The volume for AASW
comprises both domains;

shelf

MWDW can be observed only on the

(Carmack and Foster, 1977).
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3.4.1.1 Winter Water (WW)

The Winter Water is a remnant of thermohaline convection during
sea ilce growth. It forms an isothermal layer with the tempera-
ture minimum below the seasonal pycnocline from 100 to 200 m
depth. Compared to the Antarctic Surface Water, WW has lower
temperature and higher salinity values (Weiss et al., 1979).
Jacobs et al. (1979 b) suggest that a particularly thick WW layer
forms in areas of high iceberg fregquency. The surface layer
flattens in comparison to the interior of the Weddell Sea, where
the prevailing winds cause an Ekman upwelling of deep water
(Foster and Carmack, 1976 b).

3.4.1.2 Warm Deep Water (WDW)

The Warm Deep Water underlies the WW and is characterized by
temperature and salinity maxima. The temperature maximum ascends
from 400 - 600 m depth at the shelfbreak to 200 m in the centre
of the Weddell Gyre (Fig. 44). A parallel rise in the salinity
maximum from 1000 to 500 m depth is also observed (Gordon and
Molinelli, 1982; Table 210).

Figure 44: Depth contours of the deep temperature maximum layer
over the Weddell Basin (Deacon, 1979).
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As Gordon (1982) has pointed out, WDW has cooled by 0.3°C from
1973 to 1977 to the west of Maud Rise. This heat loss of the
water column seems to be a consequence of the earlier mentioned
polynya existing during this time period. It is worthwhile to
peint out that the temperature maximum in 1977 has passed the
lower limit of the WDW characteristic indicated in Table 8. For
more details see paragraph 3.5.2.4.

3.4.1.3 Antarctic Bottom Water (AABW)

Temperature and salinity change gradually from WDW to Antarctic
Bottom Water. The latter, which is characterized by temperatures
below 0°C, a salinity minimum and an oxygen maximum near the
ocean bottom, represents by far the largest water mass of the
Weddell Sea (Table 9). It fills the entire basin below the depth
of about 2000 m, as indicated in Figures 45 to 47. According to
Foster and Middleton (1979), AABW is composed of Warm Deep Water
and Weddell Sea Bottom Water.
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Figure 45: Vertical distribution of the potential temperature
(°C) along section II (IWSOE 1973) crossing the shelf
break at about 29°W (Foster and Carmack, 1977).
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3.4.1.4 Weddell Sea Bottom Water (WSBW)
The newly formed bottom water in the Weddell Sea is called

Weddell Sea Bottom Water. Carmack and Foster (1977) estimate a
production rate of 3.5 x1065m3s~1 for this type of water mass.
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Figure 46: Vertical distribution of the potential temperature
(°C) along section III (IWSOE 1973) crossing the shelf
break at about 40°W (Foster and Carmack, 1977).

At 40°W (Fig. 46) the WSBW was detected at the continental slope
between 2000 m and 3500 m depth with no direct inflow from the
shelf. One may therefore speculate that this water mass origi-
nates from the Filchner Depression. Further to the west, subsi-
dence of cold shelf water down into the deep basin is confirmed
in Figure 47. This section crosses the shelf break at about 51°W.
A thin layer with potential temperatures below -0.8°C can be
traced all the way along the slope up to the shelf. At present no
measurements are available to verify the production of WSBW in
the western Weddell Sea although the region along the Antarctic
Peninsula should be favourable for such a process (Carmack and
Foster, 1977). The coldest bottom water of the Weddell Sea with a
potential temperature of -1.4°C was detected just south of the
tip of the Antarctic Peninsula (Foster and Middleton, 1980).
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Figure 47: See Figure 45. Section IV (GLACIER cruise 1968)
crosses the shelf break at about 51°W (Foster and
Carmack, 1977).

Salinity measurements in the same area portrayed in Figure 48
indicate a decreasing salinity with depth in the bottom layer.
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Figure 48: Salinity profiles at stations over the continental
slope in section V (IWSOE 1976) (Foster and Middleton,
1980).
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These profiles furthermore show some intrusions of saltier water
which suggest an intermittent bottom water formation in space and
time in this region (Foster and Carmack, 1976 a). Similar
arguments seem to hold for the slope of the South Scotia Ridge.
Foster and Carmack (1977) conclude, from the slightly higher
temperature and the larger volume of bottom water, that WSBW is
mixing with the overlaying WDW. A repetition of section VI in
1976 revealed that the bottom water was cooler, saltier and
higher in oxygen than one year before. These findings provide
evidence for considerable variations in bottom water production
in the Weddell Sea.

3.4.1.5 Weddell Sea Deep Water (WSDW)

The WSDW, characterized by Reid et al. (1977), ranges near the
warm saline end of AARBW. According to Gordon (1978), WSDW for-
mation takes place in the centre of the Weddell Gyre. The
required vertical mixing of the cold low saline Winter Water with
the warm salty Deep Water could be supported by westward moving
eddies generated at Maud Rise. The perturbation extends down to
4000 m depth as documented by the isolines of potential tempera-~
ture and density, in Figure 49.
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3.4.1.6 Shelf Water (SW)
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Eastern Shelf Water (ESW) covers the narrow shelf east of the
Filchner Depression. It differs from the Western Shelf Water
(WSW) by lower salinity values. The latter lies in the density
interval of 27.85 to 28.08 (Carmack, 1974) and is thus the
densest water mass in the Weddell Sea. WSW occupiles the broad
shelf region west of the Filchner Depression. The salinity

increases from east to west with a maximum at the Antarctic
Peninsula.

3.4.1.7 Ice Shelf Water (ISW)

Ice Shelf Water exists near the ice shelves primary in the
Filchner Depression at depths around 400 m. According to Carmack
and Foster (1975 a), WSW, which flows under the ice shelf lowers
its temperature and salinity due to melting of shelf ice. The
resulting water mass is called Ice Shelf Water (ISW).

STATION- NUMBER
54 53 52 S1 55 56 61 57 58 59 60
‘3\“/&:‘?‘—"“01/‘

—
T -140{4‘)
s
400 - g0 ]

800

o

DEPTH {m}

POTENTIAL TEMPERATURE(C)

(@)

STATION NUMBER
54 53 52 5% 55 56 61 57 58 59 60
08— 3430 T | T T T
e ——

1200

[o]

el
34.40,

4004= B 60—\/\/3“0\/ ]

800 |~

DEPTH (m)

SALINITY (x1073)

1200

(®)

Figure 51: Potential temperature (a) and salinity (b) along
section IITIa (IWSOE 1973) across the Filchner Depres-
sion at about 78°S. The western slope 1s represented
to the left (Carmack and Foster, 1975 a).
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The temperature and salinity sections along the Filchner Ice
Shelf front (Figure 51) feature ISW cores with potential tem-
peratures < -2.0°C over the western and eastern slope of the
Filchner Depression in 200-600 m depth. The density distribution
predicts a cyclonic flow of ISW in the depression. At about 77°S
(station 49 of Figure 52), ISW overrides the warmer high salinity
WSW. Foldvik (private communication) has measured an outflow of
ISW at the sill of the Filchner Depression near 74°S.
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Figure 52: Potential temperature (a) and salinity (b) along
section III (IWSOE 1973) (Carmack and Foster, 1975 a).

Occasionally ISW ascends at the ice shelf front with temperatures
of -2.2°C, close to the freezing point at 400 m depth. The
upwelling of this in situ-supercooled water could be caused by
katabatic winds.

3.4.2 Circulation
3.4.2.1 Weddell Gyre

An elongated cyclonic gyre dominates the oceanic circulation of
the Weddell Sea. It extends from the Antarctic Peninsula to about
20°-30°E (Deacon, 1937) or even 40°E (Gordon et al., 1981), as
one can conclude from the dynamic topography relativ to 5MPa in
Figure 53.



Figure 53: Dynamic topography of the sea surface relative to 5
MPa in dynm (Gordon et al., 1981).

The flow direction is to the northeast along the South Scotia
Ridge (west of 25°W), the America-Antarctic Ridge (25°W~0°) and
the Mid-Ocean Ridge {west of 20°E). Starting at the Greenwich
meridian, the current becomes weaker and turns to the south.
Recycling to the west along the Antarctic coast is extended up to
40°E. Finally, the barrier of the Antarctic Peninsula forces the
flow northward again. The coastal current is strongly baroclinic
east of 20°W. Along the shelf break, this current is about
100 km wide. Its speed reaches 40cms~1 (Carmack and Foster, 1977)
so that the volume transport of mainly WDW amounts to 12.5 x
10%5m3s-1 (Seabrooke et al., 1971). At the northeastern boundary
of the Filchner Depression (75°S 29°W), a divergence in the
near-surface flow generally exists {Gill, 1973). The water masses
propagate predominantly along the coastline towards the
Filchner Ice Shelf (Fig. 54). The remaining water continues
westward along the shelf break separating shelf water from WDW
below 200 m depth. This contour current was investigated at
74.4°S 40°W by Foldvik and Kvinge (1974 a) with the aid of two
current meters, moored at 634 m and 640 m water depth (about
21 m above the bottom) for one year. They found a more or less
westerly (280°) current with a northward deflection from the
isobaths of 7°. The mean velocity in summer (February to March)
was 6.1 cms~1l. Higher values with a maximum of 7.3 cms™—1 appeared
in the winter months June and July. The component normal to the
isobaths obtained its maximum during the period of strongest sea
ice growth from April to May. Since the sea surface velocities
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Figure 54: Dynamic topography of the 0.5 MPa-surface relative to
3 MPa. Arrows indicate relative direction of the flow
(Carmack and Foster, 1977).

derived from the “Deutschland" and "Endurance" drifts ranged from
5 to 6 cms~1, respectively in the same area, one may, as a first
approximation, assume that this flow is primarily barotropic.

Only sparse information exists about the circulation along the
Antarctic Peninsula due to the permanent ice cover. The "Deutsch-
land" drift revealed a northward surface current with a mean
velocity of 7.3 cms~l (Brennecke, 1921). More recent buoy drift
data covered the velolcity range from 1.7 to 8.8 cms~1 (Gordon et
al., 1981). The total volume transport has been estimated to be
76 x 109m3s~1 (Gordon, 1983).

The north-western branch of the Weddell Gyre is described with
the aid of the hydrographic sections VI and VII in Figure 42 and
a one~year current meter record at 66°S 41°W in 4504 m depth
(50 m above the bottom). The annual mean of the current vector
pointed to the northeast, with an easterly component of 0.14
cms~™l and a northerly component of 1.3 cems—1. Velocity and
temperature fluctuations are larger in summer than in winter.
They seem to be caused by cyclonic cold-core eddies with the
baroclinic Rossby Radius of Deformation of approximately 17 km
(Foster and Middleton, 1979).
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The hydrographic sections VII and I (Fig. 42) combined with
current measurements along a profil between the South Sandwich
Islands and Cape Norvegia were applied to determine the water
mass outflow of the Weddell Sea. The mean velocity between 60°S
and 67°S was estimated at 0.8 to 4.34 cms~l with an easterly to
northeasterly direction in a depth of 4100 m. Maximum speed
values were found at the base of the South Scotia Ridge decrea-
sing towards the centre of the Weddell Gyre at 67°38'S 20°26'W
(Carmack and Foster, 1975 b). The velocity field of the adjusted
geostrohpic flow (relative velocity profiles adjusted to direct
current measurements) is displayed on Figure 55.
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Figure 55: Adjusted velocity distribution along section VII
(IWSOE 1973). Velocities are in cms~! and positive
values are to the east (Carmack and Foster, 1975 b).
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The calculated transport of water out of the Weddell Sea in units
109m3s~1  amounts to:

1.2 Winter Water

25.6 Warm Deep Water (including Modified Warm Deep Water)
53.1 Antarctic Bottom Water

15.6 Weddell Sea Bottom Water for 0 <£-0.7°C

1.4 Antarctic Surface Water for S < 34.3x103

96.9 Total transport (Carmack and Foster, 1975 b)

This total transport exceeds the maximum Sverdrup value of the
western boundary current of Gordon et al. (1981) by about 20 %.
The difference may be explained by the contribution of the
Antarctic Circumpolar Current to the Weddell Gyre. But consider-
able uncertainties still exist since the record length of the
current measurements of 96-345 hours does not cover the whole
variability of the flow.
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The major portion of AABW exported from the Weddell Sea consists
of water that has entered the Weddell Sea with the southeastern
branch of the gyre.

Carmack and Foster (1977), analysing the abyssal ocean with the
aid of potential temperature and salinity in the bottom layer of
the southwestern shelf and the western Weddell Sea Basin, found
that the cold water from the wide shelf advances to the north and
mixes in a frontal zone near the continental shelf break west of
40°W (Fig. 56). A tongue of WSBW with potential temperatures of
© <~0.85°C spreads along the continental rise up to 63°S. There
it turns to the east forced by the topography of the South Scotia
Ridge, which also causes a southward deflection at about 32°W.
East of 25°W the outflow of the Weddell Sea gains a northeasterly
direction.
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Figure 56: Potential temperature distribution (°C) in the bottom
layer of the Weddell Sea shelf and western oceanic
domains (Carmack and Foster, 1977).

The amplitudes of the tidal currents in the deep water of the
Weddell Sea for the main harmonics are:

K] = 0.46 cms-1 Mg = 0.69 cms—1
07 = 0.45 cms~1 So = 0.58 cms™~1
Ki: Luni-solar diurnal Mg: Principal lunar semi-diurnal

01: Principal lunar diurnal S9: Principal solar semi-diurnal

(Middleton and Foster, 1977).
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In each case the current vectors rotate clock-wise. 72 % and 50 %
of the respective diurnal and semi-diurnal tidal motion are
barotropic in agreement with the predominantly barotropic nature
of the Weddell Sea circulation.

At the shelf edge (74°8'S 39°20‘'W) the corresponding velocities
are:

3 cms—l

11 cms™1 Mo
3 cms~!

K1
4 cms~l S

01

(Foldvik and Kvinge, 1974 a).

3.4.2.2 Circulation on the shelf

According to the dynamic topography of the 0.5 to 3 MPa layer
(Fig. 54) the surface circulation on the southern shelf of the
Weddell Sea is characterized by a cyclone with two centres. Since
the data base supporting the flow pattern of Figure 54 in the
southern region is sparse, future observations may lead to some
revision of details.
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Figure 57: Geostrophic velocities (cms“l) relativ to 3 MPa along
section III a (IWSOE 1973). Hatched areas indicate a
southward transport (Carmack and Foster, 1975 a).

The circulation within the Filchner Depression is governed by the
cyclonic flow of Ice Shelf Water that advances to the north over
the western slope and recirculates southwards along the eastern
flank (Fig. 57). Velocities relative to 3 MPa along the de-
pression are relatively small. They do not exceed 8 cms~—1 so that
the northward transport over the western slope amounts to 0.4 x
1065m3s-1 only (Carmack and Foster, 1975 a).
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4, The Bottom water formation
4.1 Influence of the wind

The production of AABW seems to be strongly controlled by
atmospheric wind forcing. Along the coast, easterly and off shore
winds generate and maintain Ekman transports which result in a
distinct vertical circulation. On the Weddell Sea shelf this
effect 1is generally supported by the geostrophic flow. The
surface wind stress and the horizontal mass distribution support
an on-shore flow component in the upper 200 metres and an
off-coastal transport in deeper layers.

Gill (1973) concludes from simple model calculations that these
processes account already for 36 % of the discharge of high
salinity water from the Weddell Sea shelf. The major portion of
the Shelf Water produced by sea ice growth at a rate of 2.75 x
106m3 s-1 is obviously removed by the Weddell Gyre. Assuming that
the Western Shelf Water mixes with Warm Deep Water and Winter
Water in a (1:1) ratio 5.5x10%°m3s~1 WSBW would be formed. This
is the upper limit of the range given by Carmack and Foster
(1975 Db).

The importance of wind and buoyancy-driven motions in the
production of Weddell Sea Bottom Water is studied by Killworth
(1973) with the aid of a two-dimensional, numerical model. His
results fall in the same range as Gill's values but the density
contours in the model show no bottom water formation. The bottom
water produced by buoyancy-driven motions alone is negligible.
However, if, additionally, the convection is forced by a surface
wind stress of TX=-0.4Nm~2{east winds), a remarkable agreement
with observations 1is obtained. The transport values are the same
as in the purely wind driven system (1-1.5x106m3s"1), yet the
densest water is found over the shelf. The lower half of the
southern slope and the flat bottom are covered by a water mass
with the characteristics of bottom water (Fig. 58). Higher values
for the wind stress do not change bottom water generation but do
improve the density structure of the model. In spite of some
uncertainties in detail, these model experiments clearly
emphazise the importance of windstress in bottom water formation.

Q!M/

Figure 58: Modeled density structure in the Weddell Sea for
TX=-0.4Nm~2. Right corner symbolized the shelf area
(Killworth, 1973).
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A further wind effect in this respect is the weakening of the
pycnocline in the centre of the Weddell Gyre through Ekman
divergence. Gordon and Huber (1984) speculate that this fact may
form a necessary condition for deep oceanic convection during sea
ice growth and thus favour the initiation of polynyas.

4.2 Surface cooling and salt rejection during freezing periods
4.2.1 Sea ice growth and haline convection

Compared to the World Ocean and especially to the Arctic Ocean,
the Southern Ocean is characterized by a weak pycnocline, which
is a consequence of the small fresh water input and the upwelling
of warm, more saline Circumpolar Deep Water at the AAD. In the
Weddell Gyre the pycnocline lies in about 100 m depth in the
centre and slopes down to about 200 m in the outer parts. The
Brunt-Vdisdld frequency, which characterizes the maximum freguen-
cy of possible internal gravity waves, ranges around 2x1072 s~

(Foster and Carmack, 1976 b; Middleton and Foster, 1980).
Ocean-atmosphere heat exchange and sea ice formation in winter
enhance mixing across the pycnocline and thus the intensity of
upward heat and salt fluxes. Hence the pycnocline is weakest at
the end of winter.

With decreasing solar radiation, the cooling of the surface
waters generally begins in February in the southern part of the
Antarctic pack ice zone. The induced thermal convection generates
a mixed layer which finally accommodates the Winter Water of the
last winter. The growth rate of the mixed layer critically
depends on the density difference at the lower boundary. Prior
to freezing, the most important contributions to surface cooling
come from sensible and latent heat fluxes into the atmosphere
(Danard et al., 1983).

Sea 1ce growth 1is the result of closely coupled dynamic and
thermodynamic processes. Dynamic effects are related to wind and
current stresses, the Coriolis force, the dynamic topography of
the sea surface, ice interaction, and inertial forces. They
influence the distribution and thickness of the sea ice (Hibler,
1979).

Melting and freezing during the sea ice development is thermo-
dynamically controlled by the heat transport across the ice
boundaries (Killwerth, 1979) in the form:

dhe . ! {Q;;Qy)
dt = SIL A ZWI
Oracs heat flux from the ice to the atmosphere including
radiation
Qwr : heat flux from the water to the ice
hy : ice thickness
51 : ice density

L =3x10° J/kg: latent heat of ice melting.
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O1a 1s proportional to the vertical temperature gradient in the
sea ice. For thin ice (hy<0.8m), the subsequent linear rela-
tionship holds approximately (Parkinson and Washington, 1979):

K
O1a = 1 (=T
Trg: surface temperature of the sea ice
Trp : freezing point temperature of sea water

k1 ¢ thermal conductivity of sea ice.

When the ice gets thicker, it stores heat and the temperature
profiles become nonlinear. In this situation surface heat fluxes
do not immediately cause freezing or melting (Maykut, 1982). The
thermal conductivity of sea ice depends on temperature and
salinity. It is the first approximation given by (Untersteiner,
1961):

kp = k10 *+ y S1/T1

St:. T1: salinity and temperature of sea ice, respectively
k10 = 2.04 J(ms°C)~1l: thermal conductivity of pure ice
Y= 117.3 J(ms)~1

The freezing rate is reduced when snow covers the sea ice. In
such situations the heat flux at the surface diminishes according
to (Maykut, 1982):

_ kiks _
Qsa = kshy * ki hg (Tp ~Tss )

Qga : heat flux from the snow to the atmosphere

Tgg : surface temperature of the snow

hg : thickness of the snow cover

kg = 0.31 J (ms°C) ~1l: thermal conductivity of snow.

The release of latent heat during the freezing process and the
reduction of the freezing point temperature with increasing
salinity due to brining diminish sea ice growth. The heat
exchange between water and ice is, to a large extent, also con-
trolled by the vertical mixing in the water column by e.g. haline
convection.

A molecular layer of less than 1 cm in thickness with a relative-
ly high salt content forms just below the sea ice (Lake and
Lewis, 1970; Lewis, 1974)., The vertical salinity gradient
predominantly determines the vertical density distribution. When
the latter becomes unstable, haline convection in the form of
filaments and fingers with vertical scales of 25 - 30 cm and
radii of 0.1 - 0.2 cm is initiated in the upper layer of the
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water column (Foster, 1969). When the density of this layer has
passed some critical value, larger convective elements can extend
the mixing into greater depths as far down as 2000 m (Foster,
1972 b). Actually, neither models nor measurements are available
to describe the details of these processes sufficiently.

Apart from vertical mixing horizontal advection by e.g. tidal
currents may also contribute to the heat transfer between ice and
the adjacent water (Csanady, 1972). Measurements near Mawson
Station indicate that the sensible heat flux from water to ice
drops from 20 - 40 Wm~2 in autumn to 10 Wm~2 in mid-winter. A
parallel reduction in the vertical haline mixing also takes
place. 1In September/October,a secondary maximum of 15 to 20 Wm™ 2
sensible heat flux from water to ice is observed at several
Antarctic coastal stations (Mawson, Molodezhnaya, Halley, Mirny,
Davis). This phenomenon is caused by a southward advection of
warm saline surface water. On the average the sensible heat flux
from the ocean to the sea ice amounts to 10-15 Wm~2 during the
period of ice growth (Allison, 1981).

During periods of rapid freezing, more salt is captured in the
ice than by slow ice growth, although due to gravity, the brine
migrates downwards with time. Thus, a vertical salinity gradient
develops in older sea ice , which is proportional to the brine
release at the bottom. In spite of this retardation of salt
injection, the salinity of the surface water is more or less
proportional to the ice growth rate (Killworth, 1979):

ds. & dhg
dt ~ hdt

h: thickness of the surface layer
6: salinity difference between sea water and sea ice.

4.2.2 Large~scale salt and heat fluxes

Upwelling of Circumpolar Deep Water at the AAD transports heat
and salt from lower layers to the sea surface. The zonally
integrated upwelling amounts to about 60x10® m3s~l. This volume
flux is associated with an upward salt flux of 36x10% kgs—!
Since the freshwater input of about 500 mma~l south of the PF
compensates_only for 11x106 kgs‘l, deep convection must exchange
25x106 kgs“l between the Antarctic Surface Water and the bottom
water. The latter advects the salt northwards (Gordon and
Taylor, 1975 a).

Gordon (1981) relates the upward heat flux through CDW upwelling
to the melting rate of the Antarctic pack ice in spring and
summer. Between mid-November and mid-January the Antarctic pack
ice area reduces from 17.5x10%km? to 6.5x10%km2. This requires a
heat flux of 64 Wm~2 for a mean ice thickness of 1.25 m (Heating
of the surface water and iceberg melting are neglected). The
ocean gains heat of 34 Wm™2 through sea surface heating and
about 30 Wm~2 must be supplied by vertical transports. If an
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upwelling velocity of 1x10~4 cms~2 (Gordon et al., 1977 a) and a
temperature difference of 3°C between CDW and AASW are assumed,
the heat flux amounts to 13 Wm~2. Consequently 17 Wm—?2 are still
left for small scale processes such as convection and turbulent
diffusion.

To compensate for the mean annual heat loss of about 30 Wm—2 of
the Southern Ocean a poleward heat transport of about 60x1013y
across 60°S is required (Gordon, 1981; Hastenrath, 1980, 1982).
This value is half as large as the atmospheric poleward heat flow
across 60°S (Trenberth, 1979). Apparently the major portion of
the heat is transported southwards by a small number of ocean
eddies with time scales of 5 to 60 days (Sciremammano, 1980:
DeSzoeke and Levine, 1981).

4.2.3 Convection on the shelf

In front of the Filchner-Ronne Ice Shelf, cold katabatic winds
frequently push the sea ice off-shore and generate leads. Sea ice
formation and thus also an increase of salt in the water column,
is here intensified (Mather and Miller, 1967; Gill, 1973). The
mean northward drift_ of the sea ice in the southwestern Weddell
Sea lies at 2600 md~l. This coastal effect leads to an increase
of sea ice production in the entire shelf area from 1.6 m
(Foster, 1972 b) to 2.1 m for 6 months during winter. The ice
growth has its maximum of about 1 m per month in a 30 km wide
zone along the ice front and decreases seawards. Since about
0.4 m of ice melts during 6 months of the summer season, an
annual ice growth rate of 1.7 m must be assumed in the southern
shelf area of the Weddell Sea (Gill, 1973). Ackley (1979)
speculates that this rate might be even 3.7 ma~1l because
freezing occurs also in summer and ridging effects are not
included in the above estimates. Foster and Carmack (1976 a)
compute a northward sea ice transport across the shelf break of
1.5x104 m3s~1l, which corresponds to an ice growth rate of
0.95 ma=—1 (the shelf occupies an area of 5x105%km2). This value
would mean a salt release of about 4x105 kgs‘l. Due to the great
width of the southern Weddell Sea shelf, the salinity of the
shelf water is one of the highest encountered on the Antarctic
shelves.

The katabatic coastal winds cause an upwelling of Ice Shelf Water
which may become supercooled on its way upwards and ice crystals
may form (Dieckmann et al., in press). The latter are buoyant,
ascend to the surface layer and may thus contribute to the growth
of pack ice. The rejected brine mixes with the surrounding water
and descends to greater depths. The intensity of these processes
depends on the production rate of ISW and the wind forcing
(Foldvik and Kvinge, 1974 b, 1974 c¢). Since icebergs act as heat
sinks of the surface water and sources of supercooled water on
their upwelling side, they may generate similar phenomena as the
ice shelf edge but in offshore regions.
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The shelf water circulation on the basis of the above-mentioned
processes is simulated with the aid of a baroclinic two layer
model by Killworth (1974). In his model the shelf has a flat
bottom, and the Filchner Depression and the continental slope are
not specified. The density is a function of salinity only. The
salt input at the sea surface decreases northwards and does not
vary zonally. The mean salt input corresponds to an ice growth of
2 m per 6 months with a maximum of 8 m per 6 months at the ice
front of the Filchner-Ronne Ice Shelf. Wind forcing on the shelf
water is neglected. The inital stratification is chosen by a
density difference of 0.25 ¢ —-units between the two layers,
which approximates the summer conditions of the shelf water.

The salt injection at the sea surface causes a southward density
gradient and thereby an eastward geostrophic current in the upper
layer. The lower layer velocity compensates for the mass trans-
port of the upper one. Downwelling at the eastern and upwelling
at the western boundary result in southward geostrophic currents
at both boundaries in the upper layer. This cycle of positive
coupling is damped by the horizontal turbulent diffusion of salt.
Convective overturning starts at the southern boundary after 2.5
months in the model. During summer the salt input at the sea
surface is turned off.
~0ds

Figure 59:
i:;;;;;%; Conditions at the end of the
4 first summer.
o a) Density distribution of
a the upper layer (difference
of isopycnals: 0.0520.025)
b) density distribution of
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:;;‘\\ o c) velocity field of the
7 /. upper layer.
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indicates the downwelling
L region, the vertical hatched
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(Killworth, 1974).
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Figure 59 shows the results of the model at the end of the first
summer. The upper layer exhibits a large meridional density
gradient. The zonal density difference across the total region
amounts to 0.15 & p-units in agreement with observations. In the
lower layer both the density maximum and the upwelling centre
migrate northwards along the western boundary. In this region
dense shelf water leaves the shelf at a rate of 0.20 to 0.33
x 106 m3s~l, which is about half as much as estimated by Gill
(1973). During winter, the model outflow increases slightly in
agreement with the observations of Foldvik and Kvinge (1974 a).
At the end of the second summer, a secondary density maximum
appears in the southwestern corner of the shelf and the meri-
dional density gradient increases in contrast with their obser-
vations. Obviously long term integration requires a closer
adaptation of the model to the actual situation.

4.2.4 Convection in the open ocean

Deep convection in the central Weddell Sea is favoured by a
relatively weak pycnocline. This could be achieved by the
cyclonic circulation of the Weddell Gyre and some freshwater
input into the Antarctic Surface Water. Observations of Gordon
(1978, 1982) suggest further more that conditions for deep
convection may also exist in mesoscale cyclonic eddies and in
polynyas.

In eddies a rapid cooling of a relatively shallow mixed layer can
initiate overturning which finally extends down to nearly 2000 m
depth, as observed by Gordon (1978). In the centre of convection
elements vertical velocities of 10 cms~l are possible {Gascard,
1973). Volume and characteristics of the deep water formed by
such processes depend on duration and intensity of the surface
cooling (Lacombe, 1974).

Chimney convection has been studied by Killworth (1979) with the
aid of a one-dimensional model. The initial state of the water
column is given by the temperature and salinity distribution
observed by Gordon (1978). The sea surface is assumed to be
ice-free at the beginning. Figure 60 shows the results of the
quasi-static model for Station 115 of Gordon (1981). The
continuous line refers to case A: heat transfer between the
mixed layer and the ice cover assumes its maximum. The dotted
line refers to case B: no heat flux from the mixed layer to the
sea ice. The entire heat loss of the water column is compensated
by sea ice formation. The real behaviour lies between these
extremes.

The ocean heat loss Qo can be related to the time axis: Qo=0,
equals early autumng Q0=2.7x10% characterizes the beginning of
winter; Qo = 7.8x104 marks the beginning of spring. In case A,
the mixed layer reaches the freezing point during the first
winter month. Due to the continuous growth of the mixed layer by
convection, its heat content increases and the ice cover melts
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c) temperature of the mixed layer (Tp), d) salinity of
the mixed layer (Sp) as a function of the heat loss at
the sea and ice surfaces (Qg) (Killworth, 1979).
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away after 24 days. From then on a strong surface cooling causes
an intensive vertical mixing down to more than 3000 m depth.
Stations outside the eddy experience enhanced mixing 3 to 4
months later as in case A with a mixed layer growth to depths of
180 to 290 m. The overturning starts where the influence of Warm
Deep Water is strongest.

Deep convection develops only within eddies when cyclonic
circulation diminishes the static stability of the upper 300 m in
the eddy centre by a positive density anomaly of 0.1 §p-units.
This preconditioning seems to be necessary to enable surface
cooling and salt rejection in winter to generate the observed
chimney effect.

Maintenance of the Weddell Polynya has been examined with the aid
of a one-dimensional convection model by Martinson et al. (1981).
The authors also give a rough estimate of the production of
Weddell Sea Deep Water in the open water area. According to
temperature profiles obtained during winter in the Weddell Sea
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Figure 61: Potential temperature and salinity profiles based on
data obtained during the DEUTSCHLAND-drift from March
to December 1912 by Brennecke (1921). Numbers indicate
the profiles (Foster, 1972 b).

(Fig. 61) the model consists of two ideally mixed layers. The
two-layer approximation assumes one of four possible states,
sketched in Figure 62. States 2 and 4 show the stratified
situation with S1< 92, while states 1 and 3 indicate a fully
mixed water columnn.
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Figure 62: Schematic representation of the four states used to

describe the situation within the Weddell Polynya.

f: freshwater input

Ky, Kg:exchange coefficients for heat and salt
parameterizing upwelling, turbulent
exchange and double diffusion

Kp{(T9-Ty): heat exchange between the two levels

Kg(Sp-S7): salt exchange between the two levels

T1., Sj:temperature and salinity of the upper

level (WW)

To9, Sp:temperature and salinity of the lower
level (WDW): Ty > T3

h: depth of the upper level = 200 m

H: total depth = 4000 m

(after Martinson et al., 1981)

A realistic diagram of sequences of states is displayed on
Figure 63. The polynya starts at point P, i.e. the ice is melted
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Figure 63: Schematic representation of a time dependent T/S-
diagram showing a one-year cycle in the upper level of
the polynya water column. Indices are explained in the
text (Martinson et al., 1981).
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and the water column assumes state 2. Surface coolin? and the
continuous fresh-water input of 0.78my~1l (0.21 cmd~l) cause a
strong temperature drop and a slight salinity decrease to point W
when summer radiative warming starts until in autumn cooling
leads again to a density increase of the upper layer. Finally,
the freezing point of seawater is reached (point F). During the
ice growing phase the salinity of the upper level increases to:
Sov = Sg + £A~1 (Tp-Ty) = 34.526 x 10-3
5.82x10~5 oc-1
0.8

A : thermal expansion coefficient, const.
/?: haline expansion coefficient, const.

Beyond this value overturning occurs if, at the beginning of sea
ice growth (point F), 87 is not less than a certain critical
value Sipjit, as shown in Figure 64. This quantity decreases with
increasing duration of ice production time.
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Figure 64: Scrjt as a function of time remaining in the cooling
season after ice onset (tg) in days (after Martinson
et al., 1981).
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Assuming S31> Sarit. the system overturns at point OT and reaches
state 3. The heat input to the upper layer by upward mixing of
warmer and more saline water causes ice melting and thus a new
formation of the stratification assigned to state 4. Melting
continues until the starting point P is reached again. The
proposed cycle of states is only possible under certain assump-
tions of fresh water supply, a sufficient freezing period and
special vertical temperature and salinity distributions.

f>ferit

TEMPERATURE

SALINITY

Figure 65: As Figure 63 for £>f,,.i+ over several years up to
stable cycling (Martinson et al., 1981).

For the freshwater input there exists a critical value
forit = 0.77my"1. In case £> ferits the cycle represented in
Figure 63 modifies to the one reproduced in Figure 65. Here a
polynya opens up during two seasons only since the ice growing
period is also growing because of the decreasing salinity of the
upper level in time.
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SALINITY

Figure 66: As Figure 63 for f<f.rit over several years up to
stable cycling (Martinson et al., 1981).
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For £ < farit the cycle of Figure 66 is likely. The permanent
increase of S] reduces the required period of winter cooling.
Eventually overturning results Jjust from cooling without an
additional salt input through ice growth. Then the mixing state 1
is valid and the polynya exists permanently.

The lower limit of Weddell Sea Deep Water production in the
Weddell Polynya is estimated by Martinson et al. (1981) to be 1x
10%m3s~1. This water mass has a density of 6 =37.22-37.23 and is
0.1°C cooler and 0.01x10-3 less salty than the surrounding deep
water.

Gordon 1982), assuming that the entire Warm Deep Water
(1.5x1015m3) with temperatures ® < 0°C observed in the polynya
area 1977 was formed by surface cooling during three polynya
years, derives a maximum production of 31.7x106m3s~ during a
6 month winter season. Since Winter Water contributes 10 - 20 %
to WDW the minimum WSDW production amounts to 3.2 to 6.4 x
109m3s=1 for the same time interval.

4.3 Mixing processes
4.3.1 Mixing on the continental slope
Bottom water production on the continental slope in the

southwestern Weddell Sea proceeds in three steps which are
schematically portrayed in Figure 67.
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Figure 67: Mixing scheme for the bottom water production in the
southwestern Weddell Sea (Foster and Carmack, 1976 a).

At first Winter Water (T¢-1.9°C and S$=34.50x10-3) and Warm Deep
Water (0.5°C, 34.68x10-3) combine to form Modified Warm Deep
Water (-0.7°C, 34.59x10-3). Then MWDW mixes with Western Shelf
Water (1.9°C, 34.70x10-3) to form Weddell Sea Bottom Water
(-1.3°C, 34.645x10-3). Finally, WSBW descending down the conti-
nental slope and following the isobaths of the western and
northern Weddell Sea mixes with WDW to become Antarctic Bottom
Water (-0.4°C, 34.663x10~3), Details of the mixing processes are
still uncertain and will not be discussed here.
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On the average AABW is composed of 1/8 WW, 2/8 WSW and 5/8 WDW,
as can be concluded from oxygen distribution (Foster and
Carmack, 1976 a). Production and characteristics of the AABW
depend on the production of WSW and its mixing with WDW.

The descent of dense shelf water and the mixing with surrounding
waters are studied with the aid of entraining plume models by
Killworth (19277). The plume is driven by the density difference
between the plume and its environment. Laboratory experiments
reveal a proportionality between the plume velocity and the
entrainment (Turner, 1973). The models yield realistic results
only if the dependence of the thermal expansion coefficient on
pressure is taken into account. No such details are important for
the haline expansion coefficient.

DEPTH (m}

STATION
. 6AETB3 687D 62 16

DEPTH (m)

SALINITY («107) |

Figure 68: Vertical sections of potential temperature (a) and
salinity (b) off Wilkes Land. Between stations 66 and
70 the sections run at a right angle against the shelf
break, between stations 70 and 18 nearly parallel
{Carmack and Killworth, 1978).
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The plume model and observational data agree sufficiently with
each other off Wilkes Land (150°-160°W) (Carmack and Killworth
1978). Temperature and salinity sections exhibit a relatively
cold, less saline water lens at 2150 m depth with a mean width of
100 km and a mean height of 200 m, extending 800 km along the
continental slope parallel to the shelf break (Figure 68). Its
high oxygen and low nitrate contents suggest a formation region
near the sea surface. The sinking of dense shelf water down the
continental slope is also indicated by the V-shaped frontal zone,
which extends from the shelf break to 1800 m depth. The sinking
occured along 65,=27.86 down to 1000 m depth and followed
£9=37.20-37.24 farther downwards. The Coriolis force has
deflected the sinking plume westwards. At the equilibrium
position at about 2000 m depth, the plume water spreads out
laterally. The temperature and salinity values of the lens result
from the mixing of shelf water {(©0=-1.9°C, S=34.64x10-3) and
Circumpolar Deep Water (©=0.8°C, S=34.69x10-3) at ratio of 1l:1.4.

T' (m- sec?x10%)

Am?x10%)
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3+ L2 X (km)
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Q 200

PLUME CENTERLINE DISTANCE (km}

Figure 69: Results of the plume model for sinking of dense shelf
water down the continental slope off Wilkes Land. The
X-axis 1s directed westwards parallel to the shelf
break, the Z-axis vertically downwards. A: cross-
section area of the plume, V: plume-velocity, [:
buoyancy force {(Carmack and Killworth, 1978).
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The main quantities of the plume model are displayed in
Figure 69. Variations of the initial wvalues of A and V hardly
influence the results. More effective are the mean vertical
ambient temperature and salinity gradients, the density and
temperature differences between shelf water and CDW, and the
inclination of the continental slope (Table 10). Relative cold
and dense plume water, a weak stratification of the CDW and a
steep continental slope favour vertical mixing. Seasonal density
changes of the shelf water and temperature variations of the CDW
can cause fluctuations of the plume descending depth with the

result that lenses of plume water spread laterally along various
density surfaces.

Parameber Max. depth of plume
L o= 3.9 x 107" ns™? 2458 m
r, =1x 107% ns™? 1318 m
8T, = -4 °C 3607 m
2Ty = -1 °C 1000 m
® = 3 x 1072 2168 m
® =1 x 1072 805 m
56,152 = 4.7 x 1072 g™
[ssgaz -4y 1078 g 2382 m
80./57 = 4 x 1072 °gp”
[Ssdaz - 1 x 1078 g7 #4000 m
8Se/8z = O 2220 m
86e/57 = 6.7 x 1072 can™ 1676 m

Table 10: Influence of several parameters on the sinking depth of

the plume.

/ =glpyrbpe : 1initial buoyancy force
) R , Y

{ap, : density difference between shelf water and CDW,

g: gravitational acceleration, p, : reference density)
aTo : temperature difference between shelf water and CDW
4é: inclination of the continental slope

dTe/dz and dSe/dz : mean vertical environmental tempera-

ture and salinity gradients (Carmack and Killworth,
1978).
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The observations of Foster and Middleton (1979, 1980) suggest
that such a mechanism governs the spreading of WSBW along the
continental slope of the southwestern Weddell Sea. If the mean
vertical ambient temperature gradient is sufficiently weak
(€ (3-4)x10"5°Cm~1), the plume can sink down to the deep sea
bottom. In contrast, stratification caused by the CDW does not
allow plume water to sink down to the deep sea bottom (Carmack
and Killworth, 1978).

4.3,.2 Mixing in the open ocean

Deep water formation in the central and eastern Weddell Sea
requires that cold, low saline WW mixes with warmer, more saline
WDW. Surface cooling, salt rejection and the stability of the
undisturbed water column determine the intensity of the mixing
process. From temperature and salinity variations of the WDW
Gordon (1982) estimates the mixing ratio of WW and WDW to be 1:4
to 1:9. Generally, the volume of surface water, which is included
in the deep water production of the eastern Weddell Sea, 1is
larger than its contribution to bottom water production at the
continental slope. Enhanced deep water formation during the
appearance of the Weddell Polynya has possibly reduced the
contribution of WW to the bottom water production.

4.3.3 Double diffusive convection

The decrease of stability and salinity near the bottom towards
the shelf break suggest that double diffusion controls mixing
between Western Shelf Water and Modified Warm Deep Water predomi-
nantly at the shelf break in the southwestern Weddell Sea (Foster
and Carmack, 1976 a).

cold, less saline

\N warm, more saline

\i'.‘..'....."......‘..'-...'

bottom water

Figure 70: Sketch of the laboratory experiment by Gill and Turner
(1969).
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According to laboratory studies of Gill and Turner (1969), double
diffusive convection, caused when cold, less saline WW lies
above warmer, more saline WDW, may intensify the bottom water
production at the continental slope (Figure 70). Under such
conditions, convection develops in both layers. Due to the
sloping depth, the density increases quicker at point H than at
L. The dense water formed at H sinks down the slope and accumu-
lates on the bottom. Salt rejection at point G forces downward
motions in the upper layer, which join the low level circulation
at H. At the boundary between the slope current and the surroun-
ding waters, salt fingers may form.

Generally, the double diffusion process across the interface of
WW and WDW causes step-like vertical temperature and salinity
profiles. These jumps intensify towards the centre of the Weddell
Gyre, where the WDW ascends closer to the sea surface (Figure
71). Obviously, the thickness of homogeneous layers depends on
the strength of the mean vertical temperature and salinity
gradients. Between 100 m and 530 m depth, the static stability of
the water column is rather weak (the Brunt-Vdisdli frequency
amounts to 5.6x10"4s-1).

€00 : L L
344 M5 g (me) 346 347

Figure 71: Smoothed vertical profiles of temperature and salinity
at 68°50'S 18°20'W (Foster and Carmack, 1976 b),
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The step structure of the vertical temperature and salinity
profiles is maintained by the upward heat flux between WDW and
WW. Tank experiments by Turner (1968) confirm the development of
step structures under similar conditions. Formulae of the heat
and salt flux between the small-scale layers are given by Huppert
(1971) and Huppert and Turner (1972). It is not actually clear,
to which extent double diffusion contributes to the deep and
bottom water formation in the Weddell Sea.

4.3.4 Cabbeling-instability

Cabbeling-instability was first described by Witte (1902). Two
neighbouring water masses of similar density, but with different
temperatures and salinities may mix at their interface and form a
water mass which is more dense than each of the original ones.
The higher density is a consequence of volume contraction due to
the non-linearity of the equation of state. From T/S~diagrams,
the conclusion can be drawn that cabbeling-instability occurs
when the mixing line between two water masses forms a tangent of
an isopycnal.

From a comparison of the vertical density distribution around
Antarctica, Gordon (1971 b) shows that cabbeling-instability
between WW and WDW is most probable in the central Weddell Sea
and in the northwestern Ross Sea. Fofonoff (1956) already pointed
out that cabbeling-instability may be involved in the formation
of AABW. Gill (1973) indicates that mixing of WW (8=-1.9°C,
S > 34.465x10~3) and WDW (8=0.4°C, S=34.68x10-3) enables the
mixture to sink below the WDW. Foster and Carmack (1976 b) and
Middleton and Foster (1980) conclude from observations that the
cabkeling-instability is possibly active in summer in the central
Weddell Sea between 100 m and 530 m depth. This mechanism may
also become_active in winter when the salinity of the WW exceeds
34.495%1073 at- 100 m or 34.478x10~3 at 300 m depth (Foster and
Carmack, 1976 b).

In a two-dimensional two layer model with upper layer quantities

34.568x10-3 and lower layer values
34.700x10-3
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Foster (1972a) deduced, for a mixing ratio of 1l:1, a maximum
vertical velocity of 1.6 cms~l and a density increase in the
lower layer. For an upper layer salinity of 34.520x10-3 the
maximum vertical velocity reduces to 0.5 cms~—l and for salinities
<34.51x10-3, no cabbeling-instability exists. The formation of a
85 cm thick ice layer would cause the Weddell Sea surface water
to exceed the latter value.

It has, however, not been proven that cabbeling-instability
between WW and WDW or shelf water and WDW does, in fact, contri-
bute to the deep water and bottom water formations in the Weddell
Sea.
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4.6 Spreading of Antarctic Bottom Water from the Weddell Sea

In the southern hemisphere, the distribution of Antarctic Bottom
Water produced in the Weddell Sea can be traced by the 0°C-iso-
therm as well as by the 34.68x10"3-ischaline. Schlemmer (1978)
subdivides the AABW into three layers with potential densities
relative to 40 MPa of (§4=46.08; 46.15 and 46.21. He determines
the spreading of AABW from the horizontal distribution of these
isopycnals. According to the UNESCO-Equation of State for Sea
Water (1980), a potential density of §4=46.11 (relativ to
40 MPa) results in a potential temperature of 0°C and a salinity
of 34.68x10~3. AABW, produced in the Weddell Sea, is evident in
the ©/S-diagrams of the Atlantic Ocean to about 40°N (Tchernia,
1980) and of the Indian Ocean to about 20°N (Kolla et al., 1976).
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Figure 72: Distribution of sill depths along the ridges bounded
the Weddell Basin (doted line in Figure 75). According
to General Bathymetric Chart of the Oceans (GEBCO),
1981. Series established by H.S.H. Prince Albert I of
Monaco in 1903.
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The Weddell Basin 1is bounded by ridges which have, at some
locations, sill depths greater than 3000 metres (Figure 72)
enabling the migration of AABW to the north. One pathway to the
Scotia Sea exists at about 40°W (IV in Figure 74), where the
South Scotia Ridge has passages with sill depths of 3000 to 3200
metres. According to the isotherms in the bottom layer
(Figure 73), an outflow into the Pacific Ocean seems to be
unlikely. Hitherto no bottom water with ©<0°C and S<34.68x10-3
could be observed in the northern part of the Scotia Sea,
possibly due to vigorous mixing with the water masses of the ACC.

60°

| 700
&0°

Figure 73: Potential temperature (°C) at depths greater than
3000 m in Drake Passage. Dark shading indicates depth
0-3000 m; 1light shading 3000-4000 m; white areas
> 4000 m (Reid and Nowlin, 1971).
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The measurements east of South Georgia (II in Figure 74) are
insufficient to deduce an easterly flow of the AABW out of the
Scotia Sea (Gordon, 1966). Georgi (1981) argues that bottom water
from the South Sandwich Trench may advance westward into the
Scotia Sea. Although the South Scotia Ridge has a sill depth
greater than 3000 m at about 33°W (III, Figure 74), it has not
vet been established that AABW enters the Scotia Sea through
this passage (Patterson and Sievers, 1980).
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Figure 74: Schematic representation of the ridge system (broken
line) bounding the Scotia Sea, and the distribution of
sill depths along these line (Gordon, 1979).

South of the South Sandwich Trench, the flow of the bottom water
diverges. The main portion moves to the east while the rest
reaches the trench in a weak northward flow (Gordon, 1966). Below
5000 m the whole trench area is occupied by water with potential
temperatures 0 « -0.75°C and salinities S < 34.65x10~3, which
classify Weddell Sea Bottom Water (Carmack, 1977; Foster and
Middleton, 1979).
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WSBW can neither leave the trench nor advance further north. On
the basis of a potential temperature section across the South
Sandwich Trench Georgi (1981) assumes that a cyclonic deep
circulation exists. AABW, limited by the 0°C-isotherm, flows in
the upper layer to the east over the eastern flank of the trench.
At the northern end it enters the Georgia Basin and possibly the
Scotia Sea.

The Falkland Fracture Zone, which forms the northern boundary of
the Georgia Basin, has a sill depth of less than 5000 m so that
only AABW with 0> -~0.5°C can reach the Argentine Basin.

The cyclonic deep circulation of the Argentine Basin transports
the 1000 m thick bottom layer with the Falkland (Malvinas)
Current along the Falkland Plateau westwards. The motion turns
then northwards forced by the Argentine continental slope
(Georgi, 1981). At about 40°S the current detaches from the slope
due to the influence of the southward flowing Brazil Current, and
migrates northward to the Rio Grande Rise. Further extension to
the north is blocked, as can be concluded from the distribution
of the 0°C-isotherm (Figure 75). However Hogg et al. (1982) have
demonstrated that a small portion of AABW enters the Brazil Basin
through the Vema Channel. Gordon (1978) assumes that this bottom
water 1s formed by deep convection in the oceanic domain of the
Weddell Basin.

No evidence has been provided that AABW spreads northward through
the more than 4000 m deep Hunter Channel (28°W 35°S). The
Mid-Ocean Ridge forces the flow to turn cyclonically back toward
the ACC. Consequently AABW with potential temperatures o°c
remains in the Argentine Basin in depths of more than 4000 m.

WSBW which flows to the east south of the South Sandwich Trench
is observed only in the central and western part of the Weddell
Basin (Schlemmer, 1978). The remaining bottom water of the
Weddell Sea may flow into the eastern basins of the South
Atlantic and the southwestern basins of the Indian Ocean through
several passages in the Mid-Ocean Ridge (see Fig. 75). The bottom
water of the Agulhas Basin with potential temperatures =<-0.1°C
originates from a transport of AABW through the Conrad, Bouvet,
Shaka or Mandela Fracture Zone west of 20°E. AABW moves also into
the Crozet Basin, mainly through the western part of the Crozet-
Kerguelen Passage at about 50°S (Jacobs and Georgi, 1977}.

Within the cyclonic deep circulation of the Weddell Basin, AABW
flows first southward along the Kerguelen Plateau and then turns
westward toward the Weddell Sea. At about 60°E it overrides the
bottom water which has newly formed at the Enderby Land-/Prydz
Bay Coast (Jacobs and Georgi, 1977). It has not been determined
whether or not the eastward spreading of AABW is blocked by the
Kerguelen Plateau. Gordon (1974) assumes that bottom water of the
South Indian Basin consists of a mixture of bottom water origina-
ting from the Ross Sea and from the Adélie Coast. Kolla et al.
(1979) demonstrate with the aid of 8-day current measurements,
that a weak eastward flow exists between the southern tip of the
plateau and Antarctica.
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Figure 75: Distribution of the 0°C- and -0.8°-isotherms in the bottom layer south
of 25°S between 90°W and 90°E (after Gordon and Molinelli, 1982).
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