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Abstract

Variations in oxygen isotope ratios (δ18O) measured from modern precipitation and geologic
archives provide a promising tool for understanding modern and past climate dynamics and tracking
elevation changes over geologic time. In areas of extreme topography, such as the Tibetan Plateau, the
interpretation of δ18O has proven challenging. This study investigates the climate controls on temporal (daily
and 6 h intervals) and spatial variations in present-day precipitation δ18O (δ18Op) across the Tibetan Plateau
using a 30 year record produced from the European Centre/Hamburg ECHAM5-wiso global atmospheric
general circulation model (GCM). Results indicate spatial and temporal agreement between model-predicted
δ18Op and observations. Large daily δ18Op variations of 25 to +5‰ occur over the Tibetan Plateau
throughout the 30 simulation years, along with interannual δ18Op variations of ~2‰. Analysis of extreme
daily δ18Op indicates that extreme low values coincide with extreme highs in precipitation amount. During
the summer, monsoon vapor transport from the north and southwest of the plateau generally corresponds
with high δ18Op, whereas vapor transport from the Indian Ocean corresponds with average to low δ18Op.
Thus, vapor source variations are one important cause of the spatial-temporal differences in δ18Op.
Comparison of GCM and Rayleigh Distillation Model (RDM)-predicted δ18Op indicates a modest agreement
for the Himalaya region (averaged over 86°–94°E), conﬁrming application of the simpler RDM approach for
estimating δ18Op lapse rates across Himalaya.

1. Introduction
Long-term, multiparameter climate proxy records from the Tibetan Plateau (Figure 1a) and its surrounding
areas have enabled reconstructions of climate change and paleoelevation over geologic (million year)
time scales. A large number of stable isotope analyses, particularly δ18O from soil carbonate nodules
(δ18Ocarbonate), have been conducted in recent years over the Tibetan Plateau [e.g., Graham et al., 2005;
Rowley and Currie, 2006; DeCelles et al., 2007; Garzione, 2008]. These δ18Ocarbonate observations record the
δ18O composition of precipitation (δ18Op). However, interpretations of past climate and the elevation history
of the Tibetan Plateau from δ18O records rely upon our understanding of present-day climate-δ18O relationships. This study is motivated by deﬁciencies in our current knowledge of the climate and topographic controls on δ18O across the Himalaya-Tibet region. We provide an analysis of the modern predicted and observed
δ18Op to facilitate future studies that interpret paleorecords of δ18O.
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A growing number of recent studies report observed Tibetan δ18Op and the δ18O composition of surface
waters. Observational records in remote regions like the Tibetan Plateau are sparse in both their spatial
coverage and temporal coverage. The sparseness of these records inhibits a detailed understanding of the
underlying mechanisms for observed variations in δ18Op. For example, the Global Network for Isotopes in
Precipitation includes only one station near Lhasa on the Tibetan Plateau. The Institute of Tibetan Plateau
Research in China has established a continuous observation network of δ18Op on the Tibetan Plateau to augment the Lhasa station [e.g., Tian et al., 1997; Yao et al., 1999; Tian et al., 2007; Liu et al., 2010]. Observed δ18Op
from this network suggests a strong temperature effect on δ18Op in the northeastern Tibetan Plateau and
strong precipitation amount effects in the central and southern Tibetan Plateau [e.g., Tian et al., 1997; Yao
et al., 1999; Tian et al., 2007; Liu et al., 2010]. In addition, Hren et al., 2009 reported δ18O data from 191 streams
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Figure 1. Topography of the Tibetan Plateau region from (a) GTOPO30 topography and (b) ECHAM5 model topography at
resolution T63. The individual mountain ranges are not clearly represented by the model topography.

across the Himalaya and Tibetan Plateau and suggest that a mixing of moisture sources produced misﬁts of
1–3 km between observed and predicted catchment hypsometric elevations for the water source areas in the
central Tibetan Plateau. Yao et al. [2013] summarize δ18O observations from existing precipitation and ice
core data in the Tibetan Plateau region and identify three distinct domains of δ18O. These domains include
a northern Tibetan Plateau and southern Tibetan Plateau region, with a transition zone in between them.
These previous studies document complex spatial and temporal variations in δ18O across the Tibetan
Plateau region. However, the limited spatial and temporal resolution of these records, as well as the short
record length, inhibits a detailed analysis of the key atmospheric processes inﬂuencing δ18Op across the
Tibet Plateau.
Isotope tracking general circulation models with explicit calculation of stable water isotopes have made
advances in predicting δ18Op as a function of modern, paleoclimatological, and geologic processes [e.g.,
Armengaud et al., 1998; Hoffmann et al., 1998; Werner et al., 1998, 2011; Cole et al., 1999; Jouzel et al., 2000].
Such isotope tracking model-based approaches have several advantages over observational approaches
for understanding what processes inﬂuence water isotopes. These advantages include (1) simulation of long
and continuous records of δ18Op over a range of timescales (hourly, daily, monthly, yearly, and decadal) [e.g.,
Hoffmann et al., 1998]; (2) availability of corresponding simulated climatological data for identiﬁcation of the
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controlling factors of δ18Op; these data include either diagnostic or derived values such as temperature, precipitation amount, vapor source, and transport distance [e.g., Insel et al., 2013; Jeffery et al., 2012]; and (3)
broad spatial coverage in predicted δ18Op that can be related to land cover and topography [e.g., Feng
et al., 2013; Insel et al., 2012; Poulsen et al., 2010]. Thus, while observational approaches are essential for
documenting spatial and temporal patterns in δ18Op, isotope tracking models provide an important tool
for understanding the physical processes associated with observations.
Water isotopes modeling studies of modern and paleorainfall have been successfully conducted over a range
of settings including South America, western U.S., Tibet, and Antarctica. Modeling studies of the Andes and
western North America Cordillera [Ehlers and Poulsen, 2009; Poulsen et al., 2010; Insel et al., 2012; Jeffery et al.,
2012; Feng et al., 2013] ﬁnd that uplift-induced changes in atmospheric circulation, precipitation, and local mixing conditions could all contribute to changing distributions of δ18Op across topography and can lead to biases
in paleoelevation estimates of hundreds to thousands of meters. Vuille and Werner 2005 investigate the inﬂuence of the South American Summer Monsoon (SASM) on δ18Op and demonstrated a signiﬁcant negative association between δ18Op and SASM over the Amazon basin, SE South America, and the central Andes. Sturm et al.
[2007] document the inﬂuence of the South Atlantic Convergence Zone on the isotopic composition of precipitation and demonstrate that δ18Op integrates variations in both precipitation and circulation.
However, water isotope tracking and climate modeling studies of the Tibetan Plateau are limited. Several studies have addressed the effect of the Tibetan Plateau on regional climate. For example, climate modeling studies have documented that surface uplift of the Tibetan Plateau leads to changes in moisture sources and
precipitation by affecting the Indian Summer Monsoon, jet stream, and atmospheric thermostructure [e.g.,
Ruddiman and Kutzbach, 1989; Boos and Kuang, 2010; Ma et al., 2014]. Previous water isotope modeling studies of the Tibetan Plateau [e.g., Vuille et al., 2005] investigated the inﬂuence of the Asian monsoon on δ18Op
using the European Centre/Hamburg ECHAM4-wiso atmospheric model and found that variations in the
amount of precipitation provide a ﬁrst-order negative relationship with δ18Op and also that δ18Op variations
in this region are sensitive to ﬂuctuations in the Asian monsoon intensity. Gao et al. [2015] applied empirical
orthogonal functions from the δ18Op outputs of the LMDZiso model and reconstructed annual δ18Op data
with a 2.5 × 3.75° resolution over the Tibetan Plateau. He et al. [2015] used a combination of in situ measurements with satellite data and atmospheric general circulation modeling. They revealed that the atmospheric
convective activity over the Indian continent correlated with the summer precipitation isotopologue composition over southern Tibet. Based on the previous work, the various factors which can inﬂuence δ18Op can be
summarized as (1) temperature (temperature effect) and changes of the atmospheric thermostructure, (2)
precipitation (amount effect) and changes of the precipitation scheme, and (3) changes in vapor sources
and atmospheric circulation.
In this study, we complement previous work by using an isotope tracking global atmospheric general circulation model (GCM) to estimate modern δ18Op variations across the Tibetan Plateau. Our emphasis is on
regional-scale variations in δ18Op that emerge from analysis of the 30 year predicted climatology. The model
is forced with the present-day boundary conditions including sea surface temperatures, greenhouse gas concentrations, and orbital boundary conditions. Model results are used to identify the physical processes
responsible for these variations based on a 30 year model simulation. The questions addressed in this manuscript include (1) how well does ECHAM5-wiso agree with newly available observations, (2) what processes
control the minimum/maximum daily δ18Op values over the Tibetan Plateau, and (3) how well does a simpliﬁed 1-D Rayleigh Distillation Model (RDM) of predicted δ18Op across the Himalaya topography compare to
GCM-derived estimates? This study presents an analysis of predicted δ18Op variations that compliment spatially and temporally limited observations of δ18Op. Our documentation of these variations has potential beneﬁt for geoscience studies investigating paleo, proxy records of δ18Op preserved in the sedimentary record
that are limited in their understanding δ18Op variability across the plateau.

2. Methods
2.1. The ECHAM5-Wiso Isotope-Enabled GCM
ECHAM5 is the ﬁfth version of an atmospheric general circulation model designed to simulate climate. A
full description of the ECHAM5 model and its formulation can be found in Roeckner et al. [2003]. The
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Figure 2. Schematic of vapor transport in the ECHAM simulation over topography and the hybrid sigma-pressure levels
used in the back trajectory analysis. The precipitation is the integration of water vapor at all the atmospheric levels. It
does not calculate the water budget of a target region but provides a representation of the air masses arriving that region.

ECHAM5-wiso model is an enhanced version of ECHAM5 with the added ability to simulate isotope composition in precipitation. Water isotopologues (H216O, H218O, and HDO) undergo kinetic and equilibrium fractionation during the phase transitions in the atmosphere and are treated as independent tracers (for details, see
Hoffmann et al. [1998] and Werner et al. [2011]). Its performance has been evaluated in several publications
[Werner et al., 2011; Langebroek et al., 2011; Butzin et al., 2014] that demonstrate agreement of the simulated
isotopic fraction of precipitation with observational data on both a global scale and a regional scale. Yao et al.
[2013] evaluated the application of different isotope tracking approaches (including ECHAM5-wiso) over the
Tibetan Plateau and suggested that high-resolution atmospheric models capture the temporal and spatial
distribution of δ18Op and its relationship with vapor transport.
2.2. Model Setup and Boundary Conditions
An ECHAM5-wiso simulation was conducted for modern conditions at a T63 spectral resolution (equivalent to
a grid spacing of ~1.9° or ~200 km in latitude and longitude) and L19 vertical resolution (19 vertical levels up
to 10 hPa). Figure 1b shows the Tibetan Plateau topography at 1 km and T63 resolution. A comparison of
these ﬁgures shows that T63 topography does not represent individual mountain ranges but rather only
the long-wavelength topographic features. The simulation was forced with present-day boundary conditions
including the Atmospheric Model Intercomparison Project 2 sea surface temperature and sea ice data from
1957 to 2000 and observed greenhouse gas concentrations for the same period [Nakicenovic et al., 2000].
The simulation was conducted for >40 model years. A climatological reference period of 30 years was established for the analysis presented here using the simulation years 1970–1999. The δ18O of soil water often
requires a longer equilibrium time due to the greater heat capacity of soil and thus longer equilibrium time.
Since the isotopes are not tracked on land (e.g., for soil wetness), the model spin-up time for the atmosphere
and δ18Op to equilibrate was less than 2 years.
2.3. Lagrangian Trajectory Analyses
Spatial variations in the water isotope fraction occur across the world [Bowen and Revenaugh, 2003]. Vapor
originating from different source regions contains different isotope ratios and therefore inﬂuences δ18Op
of the target regions where precipitation occurs. However, the δ18Op of a target region is inﬂuenced not only
by the water isotopic fraction of the source region but also by other processes such as moisture convection,
vapor transport distance, and the climate condition along the vapor transport path.
Lagrangian trajectory analysis is a method of deﬁning air mass trajectories and source regions. In this study,
the backward trajectories of winds that deliver precipitation are approximated in a 3-D terrain-following pressure level system referred to as hybrid sigma-pressure levels. A schematic of the hybrid sigma-pressure levels
used in this study is shown in Figure 2. The hybrid sigma-pressure level approach uses a terrain-following
pressure level system that enables tracking of moisture advection from below the plateau onto the
Tibetan Plateau. This hybrid sigma-pressure level approach is preferred over using ﬁxed pressure levels
because of the large topographic variations between the lowlands surrounding the Tibetan Plateau and
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the plateau itself. For example, a trajectory analysis conducted at a constant pressure of 900 hPa would not
allow calculation of back trajectories from the plateau (at a much lower pressure) to the vapor source.
Large-scale tropical convection is inﬂuenced by moisture vapor not only near the surface but also aloft
[Sherwood et al., 2010]. Given this, our trajectory analysis was conducted at three atmospheric levels. These
levels span from the Earth's surface to 300 hPa and include (Figure 2) the following: (1) a surface level, (2) a
boundary level, and (3) a middle troposphere level. The wind ﬁelds in the previous three hybrid sigmapressure levels are integrated within each of the three levels for the calculation. The three hybrid sigmapressure levels used in this study are composed of model hybrid sigma-pressure levels 19–11. Thus, three
model levels are grouped into each of the three atmospheric levels used (Figure 2) in our back trajectory analysis. For the backward tracking, we start from one coordinate, check the average u and v wind velocities at
this coordinate, and calculate where an air parcel of this target location was in the previous time increment
(20 min). Following this, we determine the wind speed of the new location at that time step and track it
backward one time step further, etc. This procedure was repeated until the 10 day path of the trajectory
is determined.
One limitation of this approach is that it does not strictly follow water parcels or account for mixing or precipitation along a pathway. Despite this limitation, the backward trajectory technique used here provides
insight into the vapor path and source of precipitation for winds in the lower troposphere in a region of high
topographic variation.
A brief summary of the Lagrangian back trajectory calculation is provided here. A more detailed description is
available in Bertò [2005]. A differential equation for the trajectory analysis is deﬁned to describe the trajectory
of a speciﬁc inﬁnitesimally small air parcel:


dX
¼ X X_ ðtÞ
(1)
dt
where t is time, X is the parcel position at time t, and X_ : is the velocity vector at time t. Using a short integration
time step, the solution of equation (1) can be solved numerically to a second order:
X ðt1 Þ ¼ X ðt0 Þ þ ðΔt Þ

dX
1
d2 X
jt0 þ ðΔt Þ2 2 þ …
dt
2
dt

(2)

The trajectories are calculated in this study using the “real-time” simulated 6 h u and v components of the
wind velocity ﬁeld, rather than the long-term mean wind ﬁelds from the model outputs. The 6 h wind velocity
ﬁeld was linearly interpolated in each pressure level to a 20 min time interval. The wind vectors at a target
location inside the T63 resolution grid box were interpolated using a bilinear interpolation. The trajectories
were calculated for 10 days prior to 15 January and 15 August for each of the 30 simulation years for the
results presented in section 3.3. The ﬁfteenth day was chosen because it is the midpoint of months within
different seasons.
Extreme values in δ18Op are discussed in section 4.3, and back trajectories for these were calculated for the
days prior to extreme events. The wind (east-west wind and south-north wind) ﬁeld of those three representative atmospheric levels is averaged from the corresponding model hybrid sigma-pressure levels and used
for the trajectory calculation.
2.4. Rayleigh Distillation Model (RDM) of Adiabatic Condensation
The RDM modeling approach is a simpliﬁed approach used to predict water isotope fractionation in many
paleoproxy interpretation studies (e.g., Rowly and Garione [2007]). In this study we compare the RDM
approach to the more sophisticated ECHAM5-wiso-predicted δ18Op to evaluate under what conditions the
RDM approach is justiﬁed. The motivation for this two-model comparison is to evaluate if the RDM (adiabatic
processes) agrees with GCM predictions that account for both adiabatic and diabatic atmosphere processes.
The simpler RDM calculates the condensation and change in isotopic composition of a single air parcel during
adiabatic cooling. It tracks water vapor content, and the condensate isotopic fraction of a single near-surface
air parcel as it ascends over topography, thereby providing the precipitation isotopic fraction as a function of
elevation. In contrast, the ECHAM5-wiso GCM accounts both adiabatic and diabatic hydrological processes.
Water isotopologues are allowed to undergo equilibrium and kinetic fractionation during phase changes
in the atmosphere.
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The RDM approach used in this study follows that of Rowley and Garzione [2007] and Feng et al. [2013]. The
RDM model is based on the conservation of moist static energy. As an unsaturated air parcel ascends, it cools
at a dry adiabatic lapse rate until its temperature decreases to the dew point and then cools at the moist adiabatic lapse rate. The temperature and altitude curve can be modeled, and the remaining vapor fraction f can
be calculated from the saturation vapor pressure that depends on the temperature. The delta value of
remaining vapor and condensation can then be calculated as




δ18 Ov j ¼ δ18 Ov j1 þ 1000 f ðα1Þ  1000
(3)




(4)
δ18 Ol j ¼ α δ18 Ov j þ 1000  1000
where j is the jth elevation level, l is for the condensed vapor, v is the remaining vapor, and α is the fractionation factor and can be calculated using the method of Majoube [1971] for liquid vapor equilibrium.
Condensation is assumed to be equal to precipitation in the RDM.
The initial condition of the RDM calculation (δ18O in the water vapor, relative humidity, and temperature) is
driven from the GCM outputs. The GCM-derived RDM initial conditions are averaged from the GCM model
outputs for the monsoon season at the Himalaya front (84°E–92°E, 23°N–30°N). The RDM δ18Op is calculated
starting with a GCM-derived moisture source at low elevation (the foreland of the Himalaya). The GCMsimulated δ18Op with elevation is then compared to the RDM prediction to evaluate the difference between
the approaches over the large elevation gradient of the Himalaya.
2.5. Analysis of δ18O Mixing
An assumption of the RDM model is that an air parcel is isolated and has no exchange with its surroundings.
In reality this assumption may not always be valid. Analysis of δ18O mixing in a GCM [e.g., see Feng et al., 2013]
can be used to evaluate the extent to which δ18O mixing affects δ18Op values. Using model-estimated threedimensional wind ﬁelds and vapor δ18O ﬁelds as inputs, the temporal difference of the δ18O of equilibrium
condensate (δ18Oc) due to ﬂow in three directions (latitudinal, longitudinal, and vertical) can be estimated
by equation (5). For this calculation, the δ18Ol in equation (4) is assumed to be the same as δ18Oc under
the assumption that all condensate vapor produces precipitate.
→ →
∂δ18 Oc
∼  V  ∇ δ18 Ov
∂t

(5)

→

where V is the wind vector in the three directions. By assuming immediate condensation of advected vapor
and using the fraction factor α [Majoube, 1971] for liquid vapor equilibrium, the δ18O mixing rate can be calculated from


→ →
→ →
→ →
6:7123103 3:3328106 1:05123109
(6)
V  ∇ δ18 Oc ¼ V  ∇ δ18 Ov þ V  ∇ T 
þ

T4
T2
T3
The analysis of δ18O mixing provides the upper limit but not the actual value for two reasons: (1) this method
assumes full condensation of the advected vapor and (2) the δ18O mixing is calculated for the monsoon season (July–September) when vapor content and precipitation amounts are the largest in the Tibetan
Plateau region.

3. Results
In the following sections we present results for (1) model-simulated temperature, precipitation, and δ18O; (2)
spatial and temporal variations in simulated δ18O; and (3) vapor source analyses based on the trajectory and
zonal winds.
3.1. Model Validation and Seasonal Plots of Tibetan Plateau Temperature, Precipitation, Wind,
and δ18Op
The Himalaya and Tibet regions have two distinct seasons including a dry (winter) season and a wetter
(summer) season. The simulated temperature and precipitation have been compared and validated with previous modeling studies and reanalysis data from across the Tibetan Plateau. The results show an agreement
that is within the differences between the ERA-40 and National Centers for Environmental Prediction
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Figure 3. (a–c) Simulated seasonal precipitation, (d–f) surface temperature, and (g and h) surface winds for the Tibetan Plateau during winter (DJF) (Figures 3a, 3d,
and 3g) and summer (JAS) (Figures 3b, 3e, and 3h), and the seasonal difference (JAS  DJF) for precipitation and temperature (Figures 3c and 3f). The contour line
marks the region where the topography exceeds 1500 m elevation.

reanalysis data. This comparison is presented in Mutz et al. [2016] using the same resolution ECHAM5-wiso
model outputs as this study. Thus, the model resolution used in this study agrees with reanalysis data and
the different reanalysis data sets agree with each other [Mutz et al., 2016]. Furthermore, our study uses a
T63 resolution ECHAM5 model. A lower resolution (T42) version of ECHAM has already been used and validated for climate studies [Battisti et al., 2014; Roe et al., 2016]. More speciﬁcally, Battisti et al. [2014] provide
a comparison of simulated and observed precipitation and also report a good agreement with stalagmite
proxy records. Roe et al. [2016] conducted a limited set of simulations at higher resolution but found no
signiﬁcant differences from the lower resolution analysis. Finally, Werner et al. [2011] and Yao et al. [2013]
suggested that a higher model resolution provides better results on smaller scale (mainly due to a better
resolved topography) but does not result in large changes of the general temperature, precipitation, and
δ18Op patterns such as we interpret from the model results in this manuscript.
Figure 3 shows the 30 year climatologies of the winter (deﬁned as December-January-February, DJF) and
summer (deﬁned as July-August-September, JAS) seasons and the difference between summer and winter
seasons (JAS  DJF). In the winter, there is small amount (<4 mm/d) of precipitation across the Tibetan
LI ET AL.
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Figure 4. Simulated (a and d) DJF, (b and e) JAS, and (c and f) the seasonal difference (JAS  DJF) for the precipitation-weighted mean δ Op (Figures 4a–4c) and its
18
standard deviation (σ) (Figures 4d–4f) for the Tibetan Plateau. White lines in Figures 4a and 4b represent the analyzed δ Op cross sections shown in Figures 8 and 12,
longitude of the north-south cross section P-P′ at 87.5°E, latitude of the west-east cross section Q-Q′ at 33°N, and latitude of the second west-east cross section R-R′ at
18
30°N. The white dash lines in Figure 4c illustrate the separation of the three δ Op distribution zones. Numbers in Figure 4c represent the observational data locations
we compared in Figure 11. The locations represented by number are 1 (Altay), 2 (Urumqi), 3 (Hetian), 4 (Shiquanhe), 5 (Gaize), 6 (Nyatam), 7 (Lasha), and 8 (Yushu).
Black dots with letters in Figures 4d–4f represent the locations where bar-whisker plots in Figures 5–7 are from and the locations used for trajectory analysis shown in
Figures 9, 10, and 13. Those locations are A (Taro Co: 31.18°N, 84.17°E), B (Qang Co: 35.19°N, 89.15°E), C (Nam Co: 30.44°N, 90.47°E), D (Paiku Co: 28.49°N, 85.35°E), and
E (Donggi Cona: 35.25°N, 98.5°E).

Plateau (Figure 3a). In summer (Figure 3b) precipitation rates are <4 mm/d in NW Tibet but signiﬁcantly
higher over the Himalaya (~20 mm/d) and most of the SE Plateau (~10 mm/d). There is less precipitation
(0–4 mm/d) in NW Tibet but more precipitation (increasing from 0 to 4 mm/d in the middle of Tibet to
>10 mm/d over SE Tibet) in the summer than in winter (Figure 3c). The mean surface temperature is about
25°C in NW Tibet and 15°C in SE Tibet in the winter (Figure 3d) and increases to around 0°C across Tibet
in the summer (Figure 3e). The mean summer and winter temperature difference increases from south to north
across Tibet from around 0°C to 20°C (Figure 3f). Analysis of the seasonality of the Tibetan Plateau surface winds
also illustrates two distinct patterns. Strong westerly winds prevail in the winter (Figure 3g). In summer,
southeasterly winds associated with the Indian monsoon system arrive in the Himalaya (Figure 3h).
Summer and winter differences in δ18Op (precipitation-weighted mean) is also present. In the winter, spatial
variations in δ18Op are ~5‰ over the Tibetan Plateau (Figure 4a), whereas in the summer, the δ18Op distribution shows a distinct northwest-southeast spatial gradient decreasing from ~5‰ in NW Tibet to ~20‰ in
SE Tibet (Figure 4b). The seasonal difference (JAS  DJF) in δ18Op is >+6‰ in the NW Tibetan Plateau and
<6‰ in the SE Tibetan Plateau (Figure 4c). Different from the zonal distributions in δ18Op that are observed
in previous studies [e.g., Tian et al., 1997; Yao et al., 2013], the three zones extend from the SE to the NW (as
indicated with white dash lines in Figure 4c), rather than from south to north. This information is important
for paleoclimatology and paleoaltimetry studies when interpolating proxy data for the Tibetan Plateau. This
SE to the NW direction of δ18Op zones and the climate controls on it have been independent of this study
identiﬁed by a cluster analysis of δ18Op [Mutz et al., 2016]. The standard deviation (σ) in δ18Op was calculated
from 90 monthly means of predicted δ18Op (30 simulation years × 3 month in a season). The winter σ in δ18Op
values vary between ~2 and 4.5‰ in south central Tibet (Figure 4d). The σ of summer δ18Op is ~2 to 4.5‰ in
LI ET AL.
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Figure 5. (a and c) January and (b and d) August δ Op distribution at location A (Figures 5a and 5b) and the location B
18
(Figures 5c and 5d) in the middle zone. Maximum, mean + 1σ, mean, mean  1σ, and minimum of the daily δ Op values
18
18
are shown in the box plots. Seasonal trends show low δ Op in winter and high δ Op in summer, and the seasonal
18
difference in δ Op is ~10‰.

central Tibet (Figure 4e). The summer-winter difference (JAS  DJF) in the σ of δ18Op is most positive in
northern Tibet and most negative in southern Tibet (Figure 4f). In the following sections we simplify our presentation by focusing on January and August as representative months for the winter and summer. These
months were selected for the back trajectory analysis which requires high-resolution (20 min) wind velocities.
3.2. Thirty Year Spatial and Temporal Variations in δ18O
Spatial and temporal variations in δ18Op are presented for two proﬁles across the Tibetan Plateau (white lines
in Figures 4a and 4b) and for six selected locations (black dots and letters in Figures 4d and 4e which represent cities, signiﬁcant geographic features such as lakes, or published proxy data sample locations). In this
section, we focus on a statistical analysis of the daily time series for the six selected locations: location A
and B from the middle transition zone; location C, D, and E from the southeast zone, and location F from
the northwest zone (Figure 4d). The environmental controls of δ18Op are discussed in section 4.
Strong variations in mean daily δ18Op are observed in January and August over the 30 year simulation duration in all six selected locations on the Tibetan Plateau (Figures 5–7). In these ﬁgures, monthly values are presented and include the maximum and minimum daily δ18Op, mean daily δ18Op (dashed lines), and ±1σ
(standard deviation) from the mean δ18Op value (boxes). Two general patterns are evident. First, large variations in the daily mean δ18Op are present and range from ~25 to +5‰. These daily variations agree well
with the results of Liu et al. [2010] that reported a daily variation of 28.7‰ to 7.8‰ based on 70 daily measurements of δ18Op in the year 2000 at Nague (31.48°N, 92.06°E) in the central Tibetan Plateau. Second, large
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Figure 6. (a, c, and e) January and (b, d, and f) August δ Op distribution at location C (Figures 6a and 6b), location D (Figures 6c
and 6d) and location E (Figures 6e and 6f) in the southeast zone. Labels are the same as in Figure 5. A similar seasonal trend in
18
δ Op (low in winter and high in summer) is presented as in Figure 5 but with a smaller seasonal difference of ~0‰–5‰.

interannual variations are also present for each area; the standard deviation of the 30 year precipitationweighted annual δ18Op data is about 1.2–3.5‰ for all sites.
The different regions on the Tibetan Plateau demonstrate different seasonal trends in δ18Op. In the middle
zone of the Tibetan Plateau (locations A and B; Figures 4b and 5), low mean monthly δ18Op (~15‰) is present in the winter (Figures 5a and 5c) and higher δ18Op (~10‰) is found in summer (Figures 5b and 5d).
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Figure 7. (a) January and (b) August δ Op distribution at location F in the northwest zone. Labels are the same as in Figure 5.
18
18
18
Opposite δ Op seasonal trends are observed in this zone as in Figure 5. High δ Op is present in the winter and low δ Op
present in the summer with the seasonal difference of ~2‰–15‰ at different locations.

However, the seasonal differences in mean monthly δ18Op at each location are 5‰ (Figures 5a and 5b and 5c
and 5d). Daily δ18Op variations in the middle zone are much higher in the summer than in winter.
In the southeast zone (locations C, D, and E, Figures 4b and 6), there is more precipitation than the other
zones due to the stronger inﬂuence of the monsoon system (Figures 3a and 3b). The different precipitation
distribution in this zone results in the δ18Op having an opposite seasonality to that of the other zones. More
speciﬁcally, the precipitation events in the southeast zone (Figure 6) have higher δ18Op in the winter and
lower δ18Op in the summer compared to the other zones (Figures 5 and 7). This trend could be caused by
the high summer rainout amount. The seasonality of δ18Op across the southeast zone varies from 10‰ at
location C (Figures 6a and 6b) to 3‰ at location E (Figures 6e and 6f).
At location F, the mean daily δ18Op is about 16‰ in the winter and about 5‰ in the summer (Figure 7).
High δ18Op in summer and low δ18Op in winter are correlated with the high temperature in summer and low
temperature in winter, which reﬂects a “temperature effect” inﬂuence on the δ18Op variation.
North-south and west-east variations in δ18Op are presented along two proﬁles in Figure 8. The following
points are evident. First, seasonal differences in the spatial distribution of δ18Op are present. For example,
δ18Op values have a lower spatial variation (±5‰) in the winter on the Tibetan Plateau (Figures 8a–8c), but
a large spatial difference (±10‰) is seen in the August δ18Op values (Figures 8d–8f). Second, minimum
δ18Op occurs at different locations on the plateau for each season. The north-south cross section
(Figures 8b and 8e) indicates that the minimum in δ18Op (~ 19‰) is found on the north of the Tibetan
Plateau in January (Figure 8b) and migrates to the south of the Tibetan Plateau in August (~ 20‰)
(Figure 8e). The west-east cross section also shows a season shift in δ18Op values (Figures 8c and 8f).
Minimum δ18Op occurs on the west side of the Tibetan Plateau in January (~ 17‰) (Figure 8c) and migrates
to the east in August (~ 20‰) (Figure 8f). Third, similar δ18Op and isotopic lapse rates of ~ 3.1‰/km are
present in the Himalaya and southern Tibetan Plateau for both seasons (Figures 8b and 8e). In contrast, the
western side of the Tibetan Plateau has a lapse rate of ~ 3.4‰/km in the winter (Figure 8c) that decreases to
1.7‰/km in the summer (Figure 8f). These results indicate that seasonal variations in δ18Op are present but
spatially variable in their magnitude across the Himalaya and Tibetan Plateau.
3.3. Vapor Source Analysis Based on Trajectory Analysis
Results from the Lagrangian trajectory analysis are presented here to assess how seasonal variations in the
vapor source inﬂuence predicted δ18Op values. Trajectories were computed for 10 days prior to 15 January
and 15 August of the 30 simulation years (Figures 9 and 10). Location F in the northeast and location C in
the southeast are presented as representative examples for vapor transport at the three hybrid sigmapressure levels (section 2.3 and Figure 2, surface level, boundary level, and middle troposphere level).
Trajectories show localized circulation at the surface layer which represents an inversion that would tend
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Figure 8. Contour map of (a and d) δ Op and (b and e) west-east (cross section P-P′ at 33°N) and (c and f) north-south
18
(cross section Q-Q′ at 87.5°N) δ Op proﬁles for January (Figures 8a–8c) and August (Figures 8d–8f). Red line in contour
maps marks the region where the topography exceeds 1500 m. Red lines in cross-section proﬁles represent the long-term
18
18
18
mean δ Op value. Green lines represent ±1σ value of long-term δ Op. Squares show the monthly mean of δ Op for 30
simulation years. Blue lines show the topography cross-section proﬁles.

to prevent strong mixing from aloft and a prevailing westerly pathway in the boundary layer and midtroposphere in January (Figure 9). The trajectories for these locations track predominantly westerly winds from the
western arid region to the Tibetan Plateau.
August trajectories for the same locations on the Tibetan Plateau show a different pattern than for January
(Figure 10). Location C is strongly inﬂuenced by the monsoon system in August (Figures 10e and 10f) such
that most vapor originates from the Indian Ocean. In contrast, vapor at location F is more heavily inﬂuenced
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Figure 9. Calculated January backward trajectories at three atmosphere levels: (a and d) middle troposphere level, (b and e)
boundary level, and (c and f) surface level at location F (Figures 9a–9c) in the northwest zone and location C (Figures 9d–9f) in
the southeast zone. The trajectories are backward tracked for 10 days.

by the westerlies and back trajectories lead to either the NW or SW of the Tibetan Plateau (Figure 10c). A
second prominent feature of the rainy season is that dry air is sourced from the west in the middle troposphere (Figure 10d). These results are consistent with those of Hren et al. [2009], who found that the
monsoon-derived moisture is progressively mixed with central Asian air masses in the western and northern
parts of the Tibetan Plateau.

4. Discussion
In the following sections we discuss the results in the context of (1) a comparison of GCM predictions and
observations (precipitation and stream water δ18O), (2) the causes for the extreme values in δ18O, and (3)
application of the RDM at the Himalayan front.
4.1. Predicted and Observed Precipitation δ18O Comparison
The performance of the ECHAM5-wiso-predicted 30 year average δ18Op is compared to observations to evaluate the model performance. Two years of observational δ18Op data were available for comparison from Tian
et al. [2007]. A 30 year model-predicted average δ18Op was compared to individual years of observations to
assess if the individual observations occur within the range of model-predicted values. The locations of
observed δ18Op studies are shown in Figure 4c, and individual station locations were compared to simulations using a bilinear interpolation of model grid cells to each location (Figure 11). Overall, a good agreement
is present between predicted and observed values. Model predictions successfully produce seasonal variations in δ18Op at several locations (e.g., Figures 11a, 11b, and 11f–11h). However, differences between
predicted and observed values are present. Large (>2σ of the model 30 year outputs) differences between
the model and observation are found at Shiquanhe and Yushu (Figures 11c and 11e). For example, the model
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Figure 10. Calculated August backward trajectories at three atmosphere levels: (a and d) middle troposphere level, (b and
e) boundary level, and (c and f) surface level at the location F (Figures 10a–10c) in the northwest zone and at the location C
(Figures 10d–10f) in the southeast zone. The trajectories are backward tracked for 10 days.

δ18OP prediction for the northwestern Tibetan Plateau is higher than observations during the winter and
spring (Figures 11c, 11d, and 11f–11h). These differences could result from several factors. First, the differences might suggest an inﬂuence of topographic effects on δ18Op at Shiquanhe and Yushu that are not present in the model due to its resolution. Second, there is a model bias of overestimating of δ18OP during the
winter in the westerly region. And third, the 2 years of δ18OP observational data used in this comparison deviate by two to three standard deviations from the 30 year climatological averages thereby allowing for the
possibility that extreme variations from the mean were measured in those years (Figures 11c–11e). More
observations from these locations are needed to differentiate between the above explanations.
4.2. Predicted and Observed Stream Water δ18O Comparison
Previous work by Hren et al. [2009] presented δ18O from stream waters (δ18Owater) at ~30°N and ~86°E that
were intermittently measured from 1998 to 1999. Stream water can reﬂect mean annual precipitationweighted variations in δ18Op [Yurtsever and Gat, 1981] and motivates presentation of the GCM-predicted
mean annual δ18Op (Figure 12). Simulated δ18Op was plotted at the same observational cross section
(Figures 12c and 12d). Simulated and observed δ18O agree well along both the west-east cross section R-R'
(Figure 12c) and the north-south cross section P-P' (Figure 12d). The north-south cross section shows that
δ18Op decreases from south to north across the Himalaya and increases on the Tibetan Plateau from south
to north (Figure 12d; see also August results in Figure 8e). ECHAM5-wiso δ18Op is higher than the δ18Owater
at the west end of Himalaya by about 4‰. Although this difference is comparable to the model-simulated
interannual variability of ~4–6‰ (Figure 12), the observations at the west end of the Himalaya are more
negative than the model-predicted values. Possible causes for the remaining disagreement could include
the following: (1) there is a mixing of surface waters with more isotopically depleted sources such as a stream
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Figure 11. Simulated (dash line) δ Op and observational (solid line) δ Op [Tian et al., 2007] comparison. The error bar of
18
the simulated δ Op represents the ±1σ value.

source from a higher altitude that ﬂows down to the sample site; (2) the west-east δ18Owater at the west of the
Himalaya represents a local signal inﬂuenced by the catchment topography that cannot be reproduced by
the GCM due to the coarser model resolution (e.g., Figure 1); (3) the observational duration of Hren et al.
[2009] is relatively short (1 year) compared to the 30 year climatological values predicted; and (4) a systematic
west to east bias in model predictions. Concerning the last point, comparisons of model results to other δ18Op
data (see section 4.1) are in agreement and suggest that the ﬁrst three points are the more likely explanation.
4.3. Causes for Extreme Values in δ18Op
Our results indicate that the range of daily δ18Op values is as large as 25–30‰ (Figures 5–7) [see also Liu et al.,
2010]. To investigate possible explanations for the range of daily δ18Op, values in the 30 simulation years
(total number of days analyzed = 30 years × 31 days = 930) for each month are characterized into three
groups: (1) days with extreme highs in δ18Op values (daily value > 95 percentile of the δ18Op), (2) days with
extreme low δ18Op values (daily value <5 percentile of the δ18Op), and (3) days with mean δ18Op values (average δ18Op value ± 0.5‰) as a reference. The conditions (temperature, precipitation, and vapor sources) of
those days in the three groups are analyzed for January and August at representative locations.
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Figure 12. (a) Annual mean δ Op contour map and three δ Op cross-section proﬁles at (b) north-south cross section Q-Q′,
(c) west-east cross section R-R′, and (d) west-east cross section P-P′. Labels are the same as in Figure 8. Grey lines show the
18
observational stream water δ O value published in Hren et al. [2009]. Triangles show the precipitation-weighted mean annual
18
(abbreviated to mean annual afterward) δ Op for the 30 simulation years. Red lines and green lines in cross-section proﬁles
18
represent the mean and ±1σ value of the 30 year mean annual δ Op.

The average temperature and precipitation for the three groups and their standard deviations are summarized
in Table 1. An increase in the precipitation amount corresponds with a decrease in δ18Op at most of the locations
for both January and August, but there is no systematic correlation between the changes in δ18Op and changes
in the precipitation amount. For example, daily extreme precipitation ranges from 6.9 mm/d in January to
54.5 mm/d at location D during August, corresponding to values for δ18Op of 2.0‰ and 21.5‰. In contrast,
daily extreme precipitation range from 0.57 to 2.78 mm/d at location F during January, corresponding to values
for δ18Op of 6.2‰ and 30.0‰. We ﬁnd that the temperature differences between the groups are small, with
a maximum of 3°C and minimum of 0.1°C between the days with extreme high δ18Op values and extreme low
δ18Op values. For the three groups, there is no signiﬁcant correlation between temperature and δ18Op. Finally,
large daily variations in temperature and precipitation exist within the same extreme δ18Op group. Extreme
δ18Op values do not systematically correspond with either precipitation or temperature extremes.
Apart from temperature and precipitation, vapor source can also signiﬁcantly inﬂuence δ18Op. Backward
trajectory analyses were conducted to determine changes in the vapor source for the extreme event days
in the above three groups at location C and location F during the months of January and August
(Figure 13). Orange, blue, and green lines in Figure 13 represent backward trajectories for days with
extreme high, mean, and extreme low δ18Op values. The surface layer is not relevant for diagnosing the
vapor sources outside the Tibetan region in January for the northwest region of the Tibetan Plateau
(Figure 9). Given this, the surface layer trajectories for January are not shown here. Results show a clear
vapor source variance for the extreme events (Figure 13). For example, at location C during August the
northeast and southwest vapor sources (orange color) correspond with the extreme high δ18Op values,
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Table 1. The Average and Standard Deviation of Temperature, Precipitation, and δ Op for Days With Extreme Low δ Op Value, Mean δ Op Value, and Extreme
18
δ Op Value at Six Locations for January and August, Analyzed From Model Daily Outputs of 30 Simulation Years. Bold numbers in Table 1 demonstrates the nona
18
systematic correlation between the changes in δ Op and changes in the precipitation amount
January
18

18

August
18

Location

δ Op Daily Percentile

δ Op (σ) (‰)

T (σ) (°C)

P (σ) (mm/d)

δ Op (σ) (‰)

T (σ) (°C)

P (σ) (mm/d)

NW

F

Middle

A

>95%
= Mean
<05%
>95%
= Mean
<05%
>95%
= Mean
<05%
>95%
= Mean
<05%
>95%
= Mean
<05%
>95%
= Mean
<05%

6.23 (1.92)
16.71 (0.29)
29.90 (2.57)
2.92 (3.40)
11.72 (0.30)
21.64 (1.93)
8.57 (2.37)
18.14 (0.28)
27.33 (1.85)
1.35 (0.48)
5.88 (0.25)
18.38 (2.80)
0.79 (1.62)
10.18 (0.31)
21.92 (1.41)
5.88 (1.03)
14.92 (0.28)
23.9 (1.70)

24.03 (4.23)
22.51 (4.05)
22.53 (5.03)
21.46 (5.49)
21.62 (4.90)
18.44 (4.68)
19.88 (2.72)
19.80 (2.53)
21.19 (3.12)
6.35 (2.68)
6.52 (1.86)
5.10 (3.46)
16.92 (2.03)
15.66 (1.52)
13.81 (3.64)
13.48 (2.31)
12.13 (2.35)
13.23 (3.23)

0.57 (0.57)
2.21 (2.00)
2.78 (2.10)
0.20 (0.28)
1.23 (1.52)
3.64 (3.43)
0.35 (0.26)
0.81 (0.63)
0.65 (0.63)
0.24 (0.16)
3.02 (3.85)
7.16 (9.46)
0.08 (0.03)
1.14 (0.74)
3.15 (2.79)
0.30 (0.22)
1.36 (1.44)
2.50 (3.07)

0.68 (0.72)
5.30 (0.27)
16.08 (1.88)
0.16 (0.60)
9.90 (0.30)
28.2 (1.95)
0.64 (2.17)
10.00 (0.30)
23.08 (1.58)
1.97 (0.91)
11.48 (0.28)
21.54 (1.71)
7.31 (1.14)
19.53 (0.28)
30.88 (1.67)
5.98 (1.52)
16.42 (0.26)
26.96 (1.10)

0.55 (1.54)
0.39 (1.29)
0.63 (1.28)
2.10 (1.37)
1.98 (1.37)
2.22 (1.12)
0.50 (2.0)
1.08 (1.86)
2.27 (1.56)
10.08 (0.84)
9.72 (0.75)
9.06 (0.70)
2.11 (2.45)
3.12 (1.13)
2.10 (1.00)
4.83 (2.06)
6.21 (1.90)
6.19 (1.33)

0.42 (0.64)
2.23 (1.83)
3.32 (3.23)
1.41 (2.32)
5.91 (5.32)
16.32 (5.88)
0.98 (1.23)
3.49 (3.73)
8.32 (5.27)
6.94 (7.30)
26.01 (18.35)
54.65 (27.06)
3.82 (3.36)
10.84 (7.42)
19.14 (7.26)
0.95 (1.80)
2.73 (4.26)
8.45 (9.87)

Zone

B

SE

D

C

E

a

18

Bold numbers in Table 1 demonstrate the nonsystematic correlation between the changes in δ Op and changes in the precipitation amount

and vapor from the Indian Ocean (blue and green color) corresponds with mean and extreme low in δ18Op
(Figures 13e and 13f). The difference in the δ18Op values within a group could be a result of the rainout
from persistent precipitation. Vapor originating from west of the Arabian Sea in August corresponds with
extreme high δ18Op values (Figures 13b and 13e). The reasons could be that vapor sources from the ocean
in the tropical region have a higher δ18O value than the continental sources in the midlatitude.
Furthermore, a clear difference in the vapor source is found during January for location F (Figure 13a).
The extreme low and mean δ18Op values at location F originate from the west, and the vapor for extreme
high δ18Op values at location F originates from the Indian continent. Different from the above results,
there are also rare cases in which a northwest vapor source coincides with extreme low δ18Op, and the
Indian Ocean vapor source coincides with extreme high δ18Op (e.g., Figure 13d). In these cases, other factors other than the vapor source play a more important role.
4.4. Comparisons of the Rayleigh Distillation Model (RDM) to the Tibetan Region GCM Simulations
The surface elevation history of the Himalaya-Tibet region is widely studied due to its importance as the largest orogenic plateau on Earth and allows for the study of climate and tectonic interactions. Applications of
the RDM in paleoaltimetry studies [e.g., Rowley and Garzione, 2007] have been preferred and widely used for
interpreting modern and paleo δ18OP observations because of the complexity and time-consuming nature of
conducting GCM simulations. In this section, GCM-simulated δ18Op and δ18Op predicted by a RDM (forced
with GCM output) was compared along one proﬁle up the Himalaya front (averaged between 86 and 94°E)
during the monsoon season (JAS). The initial conditions for the RDM are prescribed based on the GCM.
The GCM-derived initial conditions for the RDM include the initial vapor temperature (Ts) 28.4°C, initial vapor
speciﬁc humidity (qs)16.8 g/kg, and initial vapor δ18Ov of 13.0‰ (Figure 14a).
The two modeling approaches show an agreement whereby GCM δ18Op differs from the RDM predictions
near the surface and at ~2 km and >4 km elevation. The maximum difference between the two approaches
in Figure 14a is <1‰, which is notably less than the difference of >3‰ observed in the North American
Cordillera region [Feng et al., 2013]. Feng et al. [2013] evaluated the non-Rayleigh inﬂuences on the δ18Op in
and around the North American Cordillera and demonstrated the signiﬁcant inﬂuence of atmosphere processes on δ18Op including shifts in local precipitation types (e.g., from precipitation to snow or from largescale precipitation to convective precipitation), development of air mixing, low-level vapor recycling
(deﬁned as the ratio of the evaporation to the precipitation), and changes in the vapor source. Among
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Figure 13. Backward trajectories for the extreme δ Op condition at (a–c) location F and (d–f) location C during January for
the boundary layer (Figures 13a and 13d) and August for the surface layer (Figures 13b and 13e) and boundary layer
18
(Figures 13c and 13f). Orange color shows the trajectories for the days with extreme high δ Op values, blue color shows
18
18
that for the days with mean δ Op values, and green color represents that for the days with extreme low δ Op values.

these atmosphere processes, the low-level vapor recycling south of the Himalaya is about 10–30% which
has no signiﬁcant inﬂuence on the RDM calculation. The precipitation type is assumed to not change during
the monsoon season. The difference between the Himalaya and North American Cordillera is likely due to
the weaker upslope ﬂow in Tibet and the higher speciﬁc humidity of monsoonal air parcels compared to air
parcels over North America. As seen in Figure 14b, the airﬂow is blocked at the Himalaya front, forming a
vertical cell. This amount of upslope ﬂow cannot contribute to high-altitude mixing along the ﬂanks
[Galewsky, 2009]. Analyses of the upper limits of the mixing rate support this conclusion (Figure 14b). For
example, the δ18Op mixing rate exchange of an air parcel with the surrounding environment is <0.2‰
across the Himalaya (Figure 14b), which suggests that the parcels undergo less mixing when convection
is strong. The comparison between the RDM and GCM in this study suggests that the adiabatic process
is the main control on δ18Op at the Himalaya topographic front during the monsoon season. Our ﬁndings
support the use of the RDM for modern conditions across the Himalaya front. However, this result may
not be applicable to other regions neighboring Tibet and evaluation of the RDM approach for other locations and for paleoconditions when topography or wind trajectories may signiﬁcantly differ requires additional veriﬁcation.
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Figure 14. (a) Comparison of δ Op simulated by the GCM (triangle) and RDM (circle) approaches. GCM-derived moisture
18
was used for the RDM start up. (b) Estimated δ Op mixing for monsoon season (JAS) perpendicular to the Himalaya (86°E–
94°E). The Tibetan Plateau is shaded in gray. The vectors show zonally averaged meridional and vertical wind.

5. Conclusions
The main conclusions drawn from this study are the following.
1. Agreement exists between model-simulated δ18Op and 2 years of observations on the Tibetan Plateau
[Tian et al., 2007]. This conclusion conﬁrms the overall good performance of the ECHAM5-wiso for the
Tibetan Plateau region. The simulations also successfully predicted simulated seasonal trends in δ18Op
for different zones. Disagreements are noticeable in the model's overestimation of δ18OP during the
winter in the western Tibetan Plateau.
2. Large daily δ18Op variations of 25 to +5‰ are documented for the 30 simulations years across the
region as well as seasonal variation of 5 to 10‰ and interannual variation of 1.2 to 3.5‰. This result
suggests that caution should be taken when interpreting short-term (from season to season or between
years) δ18Op observations as representative of climatic conditions (> = 30 years).
3. Our results are at odds with previous studies that deﬁne north-to-south δ18Op distribution zones
[Tian et al., 2007; Yao et al., 2013] in that the zones are best divided along the direction of northeast
to southwest. In the northwest zone, winter δ18Op is low and summer δ18Op is high. The seasonal
variation in δ18Op is about ±10‰. The vapor originates from the arid western region of the Tibetan
LI ET AL.

TIBETAN MODERN PRECIPITATION δ18O

10,450

Journal of Geophysical Research: Atmospheres

4.

5.

6.

7.

Acknowledgments
This work was supported by a German
Science Foundation grant (DFG-EH329/
2-1) to T. Ehlers through the German
Science Foundation (DFG) Priority
Program 1372 (Tibetan Plateau:
Formation, Climate, Ecosystems). We
thank the DKRZ computing center in
Hamburg, Germany, for cluster
computing time used for this study. The
data are available from the authors
upon request (todd.ehlers@uni-tuebingen.de). Two anonymous reviewers are
thanked for their constructive reviews
of the manuscript.

LI ET AL.

10.1002/2016JD024818

Plateau, the low vapor content in the source region results in low precipitation on the Tibetan Plateau.
In the southeast zone of the Tibetan Plateau, the seasonal δ18Op signal is the opposite of that in the
northeast zone. δ18Op is low in the summer and high in the winter with a difference of ±15‰. This
region is under the inﬂuence of the Indian and East Asian monsoon system and receives large
amounts of precipitation in summer. In the transition zone (middle zone), δ18Op is low in the winter
and higher in the summer but the difference is smaller with about ±5‰.
Spatial and temporal variation of δ18Op and isotopic lapse rates were analyzed. δ18Op lapse rates of
~ 3.1‰/km are present in both the winter and summer season at the Himalayan front of the
Tibetan Plateau. At the western side of the Tibetan Plateau a lapse rate of ~ 3.4‰/km was
observed in the winter, and the lapse rate decreases to 1.7‰/km in the summer.
Zonal wind patterns and trajectories indicate a seasonal difference of δ18Op vapor sources. Vapor
originates from the western arid region in the winter and is delivered across most the Tibetan Plateau.
The middle and southeast zones of the Tibetan Plateau receive summer vapor from the Indian Ocean.
The vapor source inﬂuences δ18Op because air masses with different vapor sources have different starting
isotope fractions that have an inﬂuence on the isotope composition at a target region [e.g., Bowen and
Revenaugh, 2003].
Our analysis for the causes of extreme δ18OP shows that extreme high δ18Op values correspond with lower
precipitation rates for speciﬁc locations. Furthermore, there is no relationship between temperature and
extreme low or high δ18OP values. Vapor source has been shown to be an important control on the δ18OP
during the Indian monsoon season for the monsoon-inﬂuenced regions. Vapor from the north and southwest (especially from west of the Arabian Sea) generally coincides with extreme high δ18Op daily values,
while vapor from the Indian Ocean results in mean to extreme low δ18Op values. Therefore, variations in
vapor source are interpreted to be one important cause of the spatial-temporal differences in δ18Op.
The agreement between the RDM- and ECHAM5-wiso-simulated δ18Op at the Himalaya front (86°E–94°E)
during the monsoon season suggests that the simpliﬁed RDM approach for estimating lapse rates is
appropriate at this location under modern-day conditions. GCM δ18Op differs from the RDM results at
the near surface (~2 km) and at >4 km elevation with a maximum difference of <1‰. The changes in
δ18Op due to the exchange of an air parcel with the surrounding environment at the Himalaya front are
not signiﬁcant, and the mixing rate is less than 0.2‰/h.
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