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Permeable sediments are found wide spread in river beds and on continental shelves. The
transport of these sediments is forced by bottom water currents and leads to the formation of bedforms
such as ripples and dunes. The bottom water ﬂow across the bedforms results in pressure gradients that
drive pore water ﬂow within the permeable sediment and enhance the supply of reactive substrates for
biogeochemical processes. This transport-reaction system has been extensively studied for the case of
stationary bedforms, whereas bedform migration—the most ubiquitous form of sediment transport—has
been often ignored. To study the impact of sediment transport on pore water ﬂow, we incorporated
an empirical model of bedform migration into a numerical transport-reaction model for porous media,
using oxygen as reactive solute. The modeled oxygen ﬂux changes signiﬁcantly as soon as the sediment
divides into an upper mobile layer (migrating bedform) and a stationary layer underneath. The bedform is
increasingly ﬂushed with oxic bottom water, whereas pressure gradients and pore water ﬂow reverse at
increasing rate underneath the bedform. This suppresses net pore water displacement and reduces the
oxygen penetration depth up to 90%. In eﬀect, the overall oxygen uptake decreases signiﬁcantly with
bedform migration although bottom water velocities increase. This counterintuitive eﬀect is systematically
described for a range of diﬀerent sediment types, current velocities, and respiration rates and should be
considered in future studies.

1. Introduction
Although the coastal ocean comprises less than 20% of the entire ocean area, it sustains more than 50% of
the global marine production [Wollast, 1991] and is thus a hot spot for nutrient and organic matter cycling.
In coastal areas, shallow water depths and enhanced mixing of the water column result in a tight coupling
between pelagic primary production and benthic degradation of organic matter and thus a fast recycling
of nutrients. Exposed to surface gravity waves, such as tides and wind-generated waves, coastal sediments
undergo frequent redistribution and sorting, leaving behind coarser grained (sandy) sediments, which cover
approximately 50–70% of coastal areas [Huettel et al., 2014; Emery, 1968]. The presence of various bedforms, such as dunes and ripples, is indicative of sediment transport and a continuously changing seabed
topography [Kösters and Winter, 2014]. The interaction of bottom water ﬂow and bedform topography in combination with the high permeability of sandy sediments leads to a pressure-driven advective pore water ﬂow
[Thibodeaux and Boyle, 1987] which is most widespread in coastal waters [Santos et al., 2012; Huettel et al.,
1996] and rivers [Thibodeaux and Boyle, 1987; Rutherford et al., 1993, 1995]. Solute ﬂuxes between the sediment
pore space and overlying water may be several orders of magnitude higher compared to diﬀusion-dominated
systems [Huettel et al., 2014]. Pore water advection enhances solute exchange but also the inﬂux of particulate organic matter which is retained in the sediment and fuels microbial activity [Huettel and Rusch, 2000].
Comprehensive in situ studies have shown that advective pore water ﬂow can cause a tenfold increase of net
oxygen uptake in intertidal sediments [de Beer et al., 2005; Precht et al., 2004]. Also, high-denitriﬁcation rates
in these sediments have been reported [Marchant et al., 2014; Gao et al., 2012; Rao et al., 2008; Gao et al., 2010]
which may counteract the increased riverine and atmospheric nitrogen input to coastal areas, emphasizing
the ecological importance of these sediments.
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Using either numerical and analytical models [Cardenas et al., 2008; Grant et al., 2014], ﬂume studies [Precht
and Huettel, 2003], or in situ studies [Reimers et al., 2004], the eﬀects of advective pore water ﬂow in permeable sediments have been studied almost exclusively for the case of stationary, i.e., nonmigrating bedforms.
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Although bedforms are known to undergo constant changes, only very few ﬂume experiments have considered the eﬀect of sediment transport and bedform evolution on benthic microbial processes [Precht et al.,
2004], and no systematic studies have been performed so far. Bedform migration needs to be considered to
fully address pore water transport but adds another level of complexity and another boundary condition in
mass transport modeling. In many model studies boundary conditions are handled independently from each
other [Bardini et al., 2012; Kessler et al., 2013, 2015] even though well established empirical models exist that
link for example bedform migration to bottom water velocity or sediment grain diameter to permeability
[Coleman and Melville, 1994; Gangi, 1985]. Applying these relations reduces the number of possible parameter
combinations and allows investigating the integrated response of the pore water ﬂow to changing boundary
conditions. To our knowledge, there are no systematic quantiﬁcations of net ﬂuxes that cover a wide range of
natural conditions.
In this model study the dynamic transport of solutes and sediments as found under realistic conditions is
simulated by introducing bedform migration to the transport-reaction equation. By non-dimensionalizing
transport-reaction equations, the range of parameter values is extended to cover a large variety of possible
in situ conditions. Empirical models are applied to relate bedform migration and permeability to the median
grain size of the sediment, so that the magnitude of the resulting net ﬂuxes are ﬁnally controlled by grain size,
bottom water velocity, and microbial activity (in terms of volumetric respiration rates), i.e., by parameters that
may easily be measured and quantiﬁed under ﬁeld conditions.

2. Methods
A multiphysical approach is used that couples a turbulence-resolving, large eddy simulation (LES)-type hydrodynamical model of the bottom water ﬂow with the pore water ﬂow in the porous Darcy domain. The LES
domain and the Darcy domain are separated by a single bedform (see Figure 1). Based on the bedform height
𝜂 , the dimensions in the water column are in longitudinal direction 10𝜂 and in transversal as well as vertical
direction 5𝜂 . The Darcy domain is two dimensional and extents 15𝜂 in vertical direction and 10𝜂 in longitudinal direction. Similar to previous studies [Cardenas and Wilson, 2007], a sequential approach couples the water
column—the upper domain—with the benthic domain below. The pressure distribution along the bedform
surface is extracted from the LES model and used as boundary condition for benthic pore water advection
which is solved following Darcy’s law. The bedform migration is considered in the transport-reaction equation
by using a frame of reference that moves at the speed and in direction of the migrating bedform, for which
a simple coordinate transformation is suﬃcient (Figure 3b). This approach simpliﬁes the calculations and is
physically identical to the use of a moving grid. The migration celerity is determined by an empirical model
based on sediment grain size and the bed shear stress, which is directly extracted from the LES model. Another
empirical model is used to relate grain size to permeability.
The model equations are used in non-dimensional formulation, and their derivation is presented in the
supporting information Text S2. In the following, most variables are shown as non-dimensional variables.
Dimensional variables are marked by bold characters.
2.1. Model Formulation
Large eddy simulations are used to resolve the turbulent ﬂow above the bedform, the larger energycontaining coherent structures are resolved, and the smaller scales at which energy dissipates are
parameterized. Mathematically, this is performed by the spatial ﬁltering of the Navier-Stokes and continuity
equation [see also Scalo et al., 2012a]:
𝜕 ū i
=0
𝜕xi

(1)

2
𝜕𝜏ij
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𝜕xj
𝝆U2

(2)

Here 𝛿ij is the Kronecker delta, Re = U𝜼∕𝝂 is the Reynolds number, where U is the bottom water velocity
(average velocity at the upper boundary), 𝜼 is the bedform height, and 𝝂 is the kinematic viscosity of sea
water. The spatial coordinates are represented by xi where x1 is the longitudinal direction, x2 is the wall-normal
direction, and x3 is the transversal direction. ū i is the ﬁltered velocity vector, and t is the time. The overbar
denotes spatially averaged quantities. Further, 𝝆 is the density, p is the pressure, and f is the forcing term
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which is a constant longitudinal pressure
gradient. 𝜏ij = uj uj − ū i ū j are the subgrid
stresses, not resolved by the grid. This subgrid scale is modeled by means of a dynamic
model using the Lagrangian averaging technique [Charles Meneveau and Cabot, 1996].
The Navier-Stokes equations are solved in
the OpenFoam® environment based on the
pisoFoam solver. The following equations are
implemented into the source code (see also
Text S1).

Figure 1. Instantaneous bottom water velocity (red to blue) and
pressure distribution (black to white) along the bedform for
Re = 2400. The LES domain is coupled to the Darcy domain via the
averaged pressure distribution. The pseudocolors in the Darcy
domain indicate the water age.

up,i = −Re
𝜕up,i
𝜕xi

The bottom water ﬂow ﬁeld causes a pressure gradient at the sediment-water interface which drives pore water advection in
the porous domain. The model solves Darcy’s
law in the porous domain and the continuity
equation [Cardenas and Wilson, 2007; Scalo
et al., 2012a]:

k 𝜕 < p>
𝜙 𝜕xi
=0

(3)

(4)

where k is the permeability and 𝜙 is the porosity and up,i is the pressure-driven pore water velocity. The
chevron brackets <> denote temporal averages of the dynamic pressure at the sediment-water interface.
Averaged over a period of 1 min, the pressure distribution was found to be stable. The sediment acts as a
low-pass ﬁlter for the mass transport, and therefore, temporal ﬂuctuations are neglected.
Above a critical bottom water velocity, the bed shear stress at the sediment-water interface will cause mobilization of sediment and thus sediment transport. For a given rippled seabed, sediment is continuously eroded
at the stoss side of the ripples and deposited at the lee side which causes a train-like bedform migration
(Figure 3b). Associated with sediment erosion and deposition is the release of pore water at the stoss side and
trapping of bottom water at the lee side, respectively. The exchange of pore and bottom water during bedform
migration is implemented into the transport-reaction equation below by means of a coordinate transformation (see supporting information Text S3). The result is an additional advection term in longitudinal direction.
The non-dimensional transport-reaction equation reads
[(
]
)
) ]
1
𝜕C
𝜕
𝜕 [(
𝜕C
up,i − cph 𝛿1j C = 𝜙
+𝜙
+ Dt
𝜙
(5)
− Rc
𝜕t
𝜕xi
𝜕xi
Pe
𝜕xi
where C is the solute concentration, cph the bedform celerity after the coordinate transformation, and
Pe = U𝜼∕D is the Péclet number, where D denotes the molecular diﬀusion. The dispersion coeﬃcient Dt is
implemented after Bear and Buchlin [1978] in tensorial formulation. Dt is a function of up,i multiplied with
factors for the longitudinal (𝛼L ) and transversal dispersion (𝛼T ). 𝛼T and 𝛼L control the smearing of solute concentration gradients in porous media, i.e., the diﬀusion like displacement of water parcels along the ﬂow
path. The longitudinal component 𝛼L is in the range of the sediment pore size, while the transversal component is at least 1 order of magnitude smaller [Bear and Buchlin, 1978]. The reaction term Rc depends on the
concentration and follows the Monod kinetic:
C
Rc = Dak
(6)
Km + C
where Dak = R ⋅ Re is the Damköhler Number (described below), R is the maximum reaction rate, and Km is
the half-saturation coeﬃcient. The transport-reaction equation and Darcy equation are non-dimensionalized
following Scalo et al. [2012b] and Higashino et al. [2004] (see supporting information Text S2). The parameter
values used in this study are shown in Table 1. As stated above, bold symbols denote dimensional quantities,
whereas normal style symbols denote dimensionless quantities.
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Table 1. Model Parameters and Sources
Scaled by

Natural Range

Values Adopted

Reference

0.02 m

Janssen et al. [2012]

𝜼 (m)

Bedform Height

0.005 m–0.1 m

H (m)

Half Channel Height

0.4

𝝂 (m2 /s)

Kinematic Viscosity

1.1⋅10−6 m2 s−1

1.1⋅10−6 m2 /s

Weast et al. [1988]

-

0.2 m

Janssen et al. [2012]

𝝀 (m)

Bedform Length

𝜙

𝜼

Janssen et al. [2012]

Porosity

0.3–0.6

0.4

Huettel et al. [2014]

U (m s−1 )

Bottom Water Velocity

0.1–1 m/s

0.1–0.9 m/s

Kösters and Winter [2014]

Up (m s−1 )

Pore Water Flow

U

10−4 – 10−5 m/s

10−3 – 10−7 m/sb

Reimers et al. [2004]

Intrinsic Permeability

𝜼2

10−10 – 10−12 m2

10−10 – 10−12

Pressure Head

𝝆U2

0.06–0.1

k (m2 )
Δp
𝜶 (m)
𝜶L

cph (m s−1 )
C0 (μmol l−1 )
R (μmol l−1

h−1 )

Km (μmol l−1 )

m2

Wilson et al. [2008]

0.1

Huettel et al. [1996]a
Bear and Buchlin [1978]

Relative Dispersion

𝜶 L ∕𝜶 T

8–24

10

Longitudinal Dispersion

𝜼

(1.4–7.3)⋅10−3 m

2⋅10−3 m

Rao et al. [2007]b

Bedform Migration

U

0.1–90 cm h−1

0–200 cm h−1

Miles and Thorpe [2015]

Oxygen Concentration

C

<350μmol l−1

Volumetric Consumption Rate

CU2 ∕𝝂

Half Saturation Constant

C

Dimensionless Numbers

Equation

Re

Reynolds Number

Up

Pore water Flowc

(10–100) μmol l−1

280 μmol l−1

Weast et al. [1988]

(10–180) μmol l−1 h−1

de Beer et al. [2005]

35μmol l−1

-

-

1000–15000

Δp
𝜆

-

10−2 – 10−6

U𝜼∕𝝂
2k Re
𝜙

h−1

Pe

Péclet Number

ReScUp

-

0.1–300

Sc

Schmidt Number

𝜈∕D

-

500

a The pressure data by Huettel et al. [1996] was non-dimensionalized using 𝝆U2 .

b The dispersion coeﬃcients calculated by Rao et al. [2007] where used to estimate 𝛼 (𝜶 = D U−1 , where U is the pore water velocity imposed in the core
L
L
t f
f
incubations).
c The values of U are calculated based on the model setup, but the range is shown for comparison.
p

2.2. Bedform Migration
The mechanistics of bedform initialization, development, and migration are still not fully understood. Thus,
migration velocities must be based on empirical relations, which predict either the sediment transport or
the bedform migration itself [Bhaganagar and Hsu, 2009]. For this investigation the migration is implemented using an empirical description after Coleman and Melville [1994], which has been derived from ﬂume
experiments:
)
(
cph =

𝜼
dg

1.3

− 3.5
40

⋅ (u𝜏 − u𝜏cr )(𝜃 − 𝜃cr )

(7)

where dg is a characteristic grain diameter, u𝜏 = (𝝉∕𝝆)0.5 and u𝝉cr = (𝝉 cr ∕𝝆)0.5 are the shear velocity and
critical shear velocity, respectively, where 𝝉 is the bed shear stress and 𝝆 the water density. Further, the bed
shear stress is non-dimensionalized and represented as the Shields parameter 𝜃 = 𝝉∕[(𝝆s − 𝝆)gdg ] and
critical Shields parameter 𝜃cr = 𝝉 cr ∕[(𝝆s − 𝝆)gdg ]. The critical shields parameter deﬁnes the threshold for
the initialization of motion. Here we use an empirical relation based on the non-dimensional grain size, i.e.,
Bonneville parameter, after Soulsby [1997].
Coleman and Melville [1994] determined the shear velocity by ﬁtting the logarithmic law of the wall [Karman,
1930] to the velocity proﬁle for ﬂat bed conditions. Coleman and Melville [1994] based the Reynolds
number on the half channel height (H) Rec = UH∕𝝂 . Using u𝜏 , the friction Reynolds number can be deﬁned as
Re𝜏 = u𝜏 𝜼∕𝝂 . The experimental data of Coleman and Melville [1994] suggests that Re𝜏 increases linearly with
Rec on a logarithmic scale and can be approximated by
Re𝜏 ≈ 0.02Re1.10
c

(8)

The ﬁt is shown in Figure 2a. This relationship has the advantage that it can be directly integrated into the
equations.
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Figure 2. (a) Linear scaling of the friction Reynolds number Re𝜏 with channel Reynolds Rec number including data from
various authors. The linear ﬁt is based on data by Coleman and Melville [1994]. (b) Bedform celerity (cph ) and
pressure-driven advective pore water ﬂow (Up ) for diﬀerent characteristic grain sizes as a function of the Reynolds
number. The quantities are scaled for a representative bedform height of 𝜼 = 0.02 m.

2.3. Governing Non-dimensional Numbers
The characteristics of the modeled system are described by non-dimensional numbers, representing the
relative dominance of diﬀerent forces, time scales, or transport processes. Besides the Reynolds number,
we introduce the velocity ratio Ur which relates the pressure-induced pore water velocity and the bedform
celerity cph :
cph
Ur =
(9)
Up
Up is the characteristic pore water velocity induced by the pressure gradient (derived from Darcy’s law) and
deﬁned as
Up = 2 k

U Δp
kRe Δp
=2
𝜙𝝂 𝝀
𝜙 𝜆

(10)

where 𝜆 is the ripple length and Δp the non-dimensional characteristic pressure diﬀerence, which is the
pressure induced by the hydraulic head. From a pressure distribution Δp can be calculated as the diﬀerence
between pressure maximum and pressure minimum or 2 times the amplitude of the main harmonic signal.
Therefore, Up can be seen as the maximum pore water velocity induced by the characteristic pressure along
half the bedform length 𝜆∕2. The ﬂow ﬁeld induced by the pressure gradient is two dimensional, with varying
pore water velocities along diﬀerent pathlines. A concise description is diﬃcult, and therefore, the deﬁnition
of a characteristic pore water ﬂow is useful.
Using Up , the Péclet number for the porous media can be determined as
Pep =

𝜼U
U = Pe Up
D p

(11)

which deﬁnes the ratio of advective to diﬀusive timescales.
Due to the two dimensional velocity ﬁeld, fast and slow pathlines co-occur in the sediment with highest
velocities generally found in the vicinity of the sediment surface. The competition between the transport rate
and the reaction rate, here oxygen respiration, is expressed by the ﬁrst-order Damköhler number (henceforth
Damköhler number):
Dakp =

AHMERKAMP ET AL.
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where C0 is the concentration of oxygen in the bottom water. The Damköhler number compares the relative
rates of advective transport to reaction. If Dakp > 1, the oxygen respiration dominates and controls the distribution and fate of oxygen. Most of the oxygen is consumed close to the sediment-water interface. If Dakp < 1,
the system is transport dominated and oxygen penetrates deep into the bedform and is partially recirculated
back to the overlying water.
2.4. Model Setup and Parametrization
All parameter values used in this study are shown in Table 1. The bedform geometry of Janssen et al. [2012]
(bedform height and length: 𝜼 = 0.02 m and 𝝀 = 0.2 m) was adopted as a reference for this investigation. Janssen et al. [2012] performed experiments in a ﬂume with permeable bedforms that were exposed to
unidirectional ﬂow in 0.1 m water depth to study advective pore water ﬂow and its forcing by the current
velocity. The bedform geometry controls the pore water ﬂow and thus the residence time of a solute in the
sediment [Rutherford et al., 1993] and therefore determines—in combination with reaction rates—the solute
ﬂux between pore water and bottom water. It is known that the bedform wavelength scales with the grain
size: 1000 dg with an aspect ratio 𝜂∕𝜆 of approximately 7–10 [Soulsby, 1997; Van Rijn et al., 1993; Yalin, 1972],
which encompasses the here presented geometry. Testing diﬀerent bedform geometries exceeds the scope
of this investigation.
Preceding publications focusing on biogeochemical processes inside the sediment have often neglected dispersion eﬀects. However, the transversal dispersion does strongly enhance the retention time of solutes in
pore water [Elliott and Brooks, 1997a; Bottacin-Busolin and Marion, 2010]. The longitudinal dispersion adopted
in the present work is based on measurements for continental shelf sediments [𝜶 L = 2⋅10−3 m Rao et al., 2007],
whereas the transversal dispersion is calculated based on experimental data where a ratio of 𝛼T ∕𝛼L between
8 and 24 was found [Bear and Buchlin, 1978].
This study focusses on oxygen ﬂuxes, with oxygen being the energetically most favorable electron acceptor which often governs the distribution of other electron acceptors such as nitrate, iron and manganese
oxides. Three typical pore water reaction rates are tested: low respiration (10 μmol l−1 h−1 ), medium respiration (90 μmol l−1 h−1 ), and high respiration (180 μmol l−1 h−1 ). The grain size distribution determines the
permeability and the bedform celerity (see above). On continental shelves characteristic grain diameters of
permeable sediments typically vary between dg = 150 μm and dg = 500 μm [Kösters and Winter, 2014]. Here
grain sizes of 174 μm, 265 μm, 405 μm were considered. Diﬀerent empirical relations exist linking permeabilities to grain sizes. Here we used k = Da ⋅ 735 ⋅ 106 ⋅ dg2 (where Da is the conversion factor for unit Darcy
into m2 (= 9.869 ⋅ 10−13 )), which resulted in permeabilities of 2.2⋅10−11 m2 , 5.1⋅10−11 m2 , and 1.5 ⋅ 10−10 m2
[Gangi, 1985].
The following diﬀerent model experiments were carried out: The LES-derived pressure distribution along the
bedform surface and the wall shear were extracted for six diﬀerent Reynolds numbers (Re = 1500–10,000,
with corresponding bottom water velocities of U = 5 –80 cm s−1 ). As a validation of the LES model, the pressure distribution along the bedform was compared to measurements of Janssen et al. [2012] (U = 12 cm s−1 ,
Re = 2200). Then the transport-reaction equation for the porous domain was solved, including oxygen
respiration and bedform migration. The Reynolds number, i.e., the bottom water velocity, was increased subsequently from Re = 1000 –15,000 in intervals of 250. This procedure was repeated for three diﬀerent grain
sizes, three respiration rates, and two dispersion factors (with/ without dispersion) which sums up to a total
of approximately 1000 model experiments.

3. Results
3.1. Model Validation
The pressure distribution on the bedform surface drives the advective pore water ﬂow inside permeable sediments. In Figure 3a the pressure distribution derived from the LES model is presented. Along the upstream
slope of the ripple the time-averaged (1 min interval) pressure increases to a maximum in the middle of the
stoss side. The global minimum is found close to the crest, whereas at the lee side a low pressure plateau
is found.
The pressure distribution is in strong agreement with the measurements of Janssen et al. [2012] suggesting
that the LES model is capable to reproduce realistic conditions. Compared to the modeled pressure distribution obtained using a Reynolds-averaged Navier-Stokes (RANS) approach [Janssen et al., 2012], deviations to
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Figure 3. (a) LES-derived pressure distribution along the bedform surface in comparison to measurements and a
preceding RANS approach. (b) Schematics of the moving frame are shown. The yellow bullets represent sediment grains,
which get mobilized when the critical Shields parameter is exceeded. At the lee side of the bedform the blue contours
around the grains illustrate the trapping of pore water accompanied with grain deposition. (c–f ) Eﬀect of bedform
migration for increasing Reynolds numbers. The corresponding grain size is dg = 174 μm, and the bedform height is
scaled by 𝜼 = 0.02 m. Therefore, the Reynolds numbers correspond to bottom water velocities of U = 22, 33, 39, and
50 cm s−1 as indicated by the grey arrows. The color denotes the age of water after entering the sediment. The dashed
line indicates the oxygen penetration depth for a reaction rate of R = 10 μmol l−1 h−1 . The black circle indicates the
point of stagnation, where the advective pore water ﬂow and bedform migration are the same in magnitude and
direction. Solid grey lines indicate the streamlines.

the measured pressure distribution were considerably smaller for the LES. This becomes especially visible for
the local pressure in the region at the stoss side where the ﬂow reattaches. Here the LES model shows strong
ﬂuctuations of the instantaneous pressure distribution due to the turbulent structures that encounter the
bedform stoss side. The averaged pressure distribution itself is also similar to dunes where 𝜼 is of (10 cm)
[Fehlman, 1985].
By extracting the pressure from the LES model, a characteristic pressure diﬀerence (spacial pressure head variation) can be estimated as Δp√≈ 0.1 (2 times the amplitude of the pressure distribution in Figure 3a which can
be approximated as Δp = 2 2𝜎 where 𝜎 is the standard deviation of the pressure). For Reynolds numbers
varying between Re = 2000 and Re = 10,000 only minimal deviations are found between the non-dimensional
pressure distributions, as well as the characteristic diﬀerence Δp. Therefore, the distribution presented can
be scaled by 𝜌U2 . This is in agreement with prior investigations [Cardenas and Wilson, 2007], which found
that the location of eddy reattachment and the pressure distribution barely change for varying ﬂow conditions. In previous laboratory experiments with bedform heights ranging from 1 cm ripples to 20 cm dunes the
AHMERKAMP ET AL.
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characteristic pressure head was found to vary between Δp = 0.06 and Δp = 0.1 [Huettel et al., 1996; Fehlman,
1985; Elliott and Brooks, 1997a] (recalculated values).
To estimate the bedform celerity, the bed shear stress can directly be calculated from the LES model. Insertion
of the spacial averaged bed shear stress in equation (7) would underestimate the shear stress that is actually
responsible for the sediment erosion at the stoss side, because the average value is lowered by the values in
the trough [Bhaganagar and Hsu, 2009]. Therefore, 𝜏90 the 90th percentile of the bed shear stress is extracted
and used as the governing shear stress, which is in good agreement with measurements [Coleman and Melville,
1994; Bennett and Best, 1995; Bridge and Best, 1988] as shown in Figure 2a. The increase of the friction Reynolds
number with the channel Reynolds number is well presented by equation (8). Henceforth, equation (8) is
used for varying Reynolds numbers to determine the bed shear and subsequently the migration celerity. In
Figure 2b typical migration celerities are shown for the considered grain sizes. In continental shelve regions
migration celerities were measured and found to vary in similar ranges cph = 0.1 –4 cm h−1 [Traykovski et al.,
1999] and in intertidal systems up to cph = 90 cm h−1 [Miles and Thorpe, 2015].
3.2. Solute Transport for Migrating Bedforms
With the resolved pressure distribution at the sediment surface, the advective pore water ﬂow inside the sediment is calculated and inserted into the transport-reaction equation (5). To simulate the range of natural
environmental conditions, the transport-reaction equations were solved stationary ( 𝜕C
= 0, i.e., no changes
𝜕t
over time) for diﬀerent bottom water velocities, grain sizes, and oxygen respiration rates, which includes
a corresponding range of permeabilites and bedform migration velocities derived from the empirical relations. As an example, the patterns of solute transport are shown for a grain size of dg = 174 μm, a reaction
rate of R = 10 μmol l−1 h−1 and for four diﬀerent current velocities, i.e., four diﬀerent Reynolds numbers
(Figures 3c–3f and Movie S1).
The bedform migration is directly coupled to the shear velocity; therefore, the bottom water ﬂow determines if
and how fast the bedform migrates. In Figure 3c the water age (age of a water parcel following the streamlines)
under a bedform is shown for Re = 4000, U = 0.22 m s−1 , where no migration is predicted. The distribution
of the pore water age and the oxygen penetration depth (i.e., the isoline where 99% of oxygen is consumed)
is in agreement with patterns observed [Ziebis et al., 1996; Elliott and Brooks, 1997b] and modeled before
[Cardenas et al., 2008]. The solute penetrates from the stoss side into the bedform and is consumed along the
pathline. The water age distribution indicates that old pore water is released at the lee side of the bedform
along a chimney-like structure. The penetration depth reaches down to 6 cm (based on 𝜼 = 0.02 m), which is
distinctly deeper than for pure diﬀusion [Glud, 2008]. The streamlines start and end at the sediment surface.
At the onset of bedform migration (Figure 3d), the porous matrix of the sediment divides into an upper mobile
layer and a stationary layer underneath. The deposition of sand grains at the lee side of the bedform traps
bottom water, while sediment erosion at the stoss side causes the release of pore water. Thus, an exchange of
bottom and pore water takes place due to the moving porous matrix. However, it does not cause a ﬂow within
the porous matrix. True pore water ﬂow is driven only by pressure gradients from current-bedform interactions. Nevertheless, bedform migration is highly eﬀective because it leads to oscillating pressure gradients
and ﬂow reversals in the sediment layers below the bedform. At certain depths, pressure gradients reverse too
fast and pore water ﬂow is too slow to allow for a substantial net vertical displacement. At these depths solute
transport is driven only by dispersion and diﬀusion. Although dispersion increases with pore water velocity, it
cannot compensate the hindered advective transport. As a result, the two interfering transport processes of
bedform migration and pressure-driven pore water ﬂow cause the separation of a ﬂushed upper layer from a
sealed lower layer.
In Figure 3d, the layer separation is visualized by the diﬀerent orientation of the streamlines, which reﬂect the
sum of the pressure-driven pore water ﬂow and the longitudinal movement of the reference frame. Streamlines that start and end at the sediment surface denote the layer where pressure-driven pore water ﬂow from
surface to surface takes less time than it takes the bedform to migrate over a full bedform length. Thus, an
exchange with bottom water still takes place. In contrast, the horizontal streamlines at depth denote the layer
where pore water ﬂow reverses before reaching the sediment surface. The streamlines start and end in the
sediment, and their vertical deﬂection shows the amplitude of the vertical pore water oscillation.
Another emerging feature is the point of stagnation (circle in Figures 3d–3e) which occurs where the
velocities of pressure-driven pore water ﬂow and bedform migration are equal in magnitude and direction
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Figure 4. Net ﬂuxes for diﬀerent reaction rates (a) R = 10 μmol l−1 h−1 , (b) R = 90 μmol l−1 h−1 , and (c)
R = 180 μmol l−1 h−1 and grain sizes dg = 174, 265, and 405, μm along increasing Reynolds numbers. The second
abscissa shows the bottom water velocity for a corresponding bedform height of 𝜼 = 0.02 m. The red line indicates the
oxygen net ﬂux for a fully ﬂushed bedform.

[Bottacin-Busolin and Marion, 2010]. It is the upper most point of the sealed layer and moves upward as
bedform migration is further increased (see Movie S1). At the arrival of the point of stagnation at the
sediment-water interface (see also Figure 3e), bedform migration starts dominating over the characteristic
pore water ﬂow (Ur = 6) (Figure 3e). Here the shape of the oxygen distribution changes distinctly. Most of the
oxygen enters the bedform at the lower stoss side where pressure is highest and close to the crest at the lee
side due to bedform migration and pore water trapping. The oxygen penetration depth is strongly reduced,
but the ﬂushed regions have high pore water velocities which lead to very low pore water ages.
When bedform migration is further increased (Ur > 6) (Figure 3f ), the bedform celerity fully dominates over
the pressure-driven pore water ﬂow, and hence, no point of stagnation is found anymore. The solute penetration from the stoss side is mostly hindered, and the bedform is fully ﬂushed due to the combined sediment
deposition and pore water trapping at the lee side. In summary, with increasing bedform migration, gradients of pore water age and oxygen change from a two-dimensional to a one-dimensional vertical orientation,
i.e., anoxic pore water, is always found underneath oxic pore water but not in the same layer. Because the
pressure distribution is tied to the fast migrating bedform, frequent vertical reversal of the pore water ﬂow
suppresses any net vertical advective transport underneath the bedforms. However, pore water is still moving
upward and downward, and this movement in combination with dispersion and diﬀusion controls the solute
transport at greater depth.

3.3. Impact of Bedform Migration on Net Oxygen Fluxes
The net ﬂux of oxygen across the sediment-water interface is estimated for three exemplary grain sizes, three
oxygen respiration rates, and for bottom water velocities ranging from U = 5 –80 cm s−1 (Re = 1000–15,000,
𝜼 = 0.02 m) both with and without dispersion. These parameters cover typical ranges for North Sea sediments
as summarized in Table 1. Evolutions of the associated net oxygen ﬂuxes with increasing Reynolds number
are summarized in Figure 4.
The net oxygen ﬂuxes for diﬀerent grain sizes and oxygen respiration rates vary in magnitude but react in similar ways to increasing bottom water velocities. For stationary bedforms (no migration) the net oxygen ﬂuxes
strongly increase with bottom water velocity. As soon as the shear stress and Shields parameter exceed their
critical value, the bedform starts to migrate (Ur > 0). For increasing bottom water velocities the net oxygen
ﬂuxes are aﬀected by the increasing migration celerity and start to drop oﬀ at Ur > 0.01 (cph = 0.01, 0.1, and
0.5 cm h−1 ). The ascending Ur indicates that the migration celerity increases faster than the advective pore
water ﬂow (compare Figure 2b).
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oxygen net ﬂuxes (in mmol m−2 d−1 ) for a reaction rate of
R = 180 μmol l−1 h−1 . The migration celerities for Ur = 0.01 are
cph = 0.01, 0.1, and 0.5 cm h−1 and cph = 10, 55, and 200 cm h−1 for
Ur = 6.

10.1002/2015JG003106

The net oxygen ﬂuxes decrease further
until the ratio of migration celerity to characteristic pore water ﬂow is well above
unity (Ur ≈ 6). In Figure 4 this equilibrium
is visible as a local minimum (see also
Figure 3e). The point of stagnation arrives
at the sediment-water interface. A further
increase of the bottom water velocity leads
to domination of bedform migration (Ur > 6,
cph = 10, 55, and 200 cm h−1 ). The net ﬂuxes
approach a saturation plateau, which is
deﬁned by the theoretical net ﬂux calculated
for a fully ﬂushed bedform. At the plateau
the role of dispersion for the solute supply
to deeper sediment layers becomes clearly
visible. Without dispersion, the ﬂuxes converge fast toward the theoretical net ﬂux. For
cases with dispersion the net ﬂuxes do not
converge. They slowly drop oﬀ and remain
clearly above the theoretical net ﬂux. This
behavior becomes more pronounced for
higher respiration rates (R = 90 μmol l−1 h−1
and R = 180 μmol l−1 h−1 ).

With increasing respiration rates, the oxygen ﬂuxes increase strongly. For the smallest respiration rate
R = 10 μmol l−1 h−1 (Figure 4a) the ﬂuxes vary in between 1 and 50 mmol m−2 d−1 . The transport rates are
dominating the respiration rates as reﬂected in an average Damköhler number (average for all bottom water
velocities) smaller than unity. The penetrating front reaches deep into the bedform, and a substantial amount
of oxic pore water is released without being consumed. For higher respiration rates R = 90 μmol l−1 h−1 and
R = 180 μ mol l−1 h−1 (Figures 4b and 4c) the respiration rates dominate over transport rates yielding average
Damköhler numbers larger than unity. Most of the oxygen that enters the bedform is consumed close to the
surface leading to increased net ﬂuxes between 20 and 190 mmol m−2 d−1 .
Considering that the bed shear stress, responsible for the bedform migration, is a function of the bottom
water velocity, the net ﬂux is controlled by three parameters, namely, grain size, bottom water velocity, and
respiration rate. This relationship is summarized in the phase space of grain size and bottom water velocity
(Figure 5) for a respiration rate R = 180 μmol l−1 h−1 . Larger grain sizes shift the onset of bedform migration towards higher bottom water velocities. In combination with the enhanced permeability the ﬂuxes are
strongly increased. For example, for the largest grain size dg = 405μm the twofold increased permeability,
compared to dg = 265μm, leads to a net ﬂux diﬀerence of approximately 50 mmol m−2 d−1 for U = 0.25 m s−1 .
On the other hand, the increase of the Ur = 0.01 line—bedform migration occurs at higher bottom water
velocities for larger grain sizes—leads to a total diﬀerence of 90 mmol m−2 d−1 between the two maxima for
dg = 405 μm and dg = 275 μm, emphasizing the importance of the grain size.

4. Discussion and Environmental Implications
This study investigates the eﬀect of bedform migration on benthic exchange ﬂuxes using an interlinked and
thus realistic forcing of pressure-driven pore water ﬂow and bedform migration.
Similar to many previous studies [e.g., Kessler et al., 2013; Cardenas and Wilson, 2007; Kessler et al., 2015] and for
the sake of computational eﬃciency the model was based on a few simplifying assumptions. We neglected
microscale transport processes at the very sediment surface such as shear-driven ﬂow in the Brinkman layer
[Brinkman, 1949] and turbulent pressure ﬂuctuations [Scalo et al., 2012b; Higashino et al., 2004]. These processes aﬀect the upper 100 μm to mm of the sediment [Goharzadeh et al., 2005; Kaviany, 2012] which is
negligible compared to the shift of penetration depths of a few centimeters found in this study (see Figure 3).
Further, bedform migration is implemented by using a moving frame of reference, which assumes a stable
bedform geometry that does not change over the range of applied bottom water velocities (U = 5–80 cm s−1 ).
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This is a valid assumption for unidirectional ﬂow in the absence of waves [e.g., Baas, 1994; Richards, 1980] and
was also used in previous model studies [Bottacin-Busolin and Marion, 2010; Elliott and Brooks, 1997a; Kessler
et al., 2015]. The maximum applied bottom water velocity (80 cm s−1 ) was within the range of velocities (up to
90 cm s−1 ) used by Coleman and Melville [1994] to establish the empirical relation for bedform migration. However, bottom water velocities beyond the upper range (75–80 cm s−1 ), as found in, e.g., fast ﬂowing rivers, can
cause a change in bedform geometry and a subsequent wash out of the bedform [Raudkivi, 1997], which is not
reﬂected by the model. At such velocities much of the upper sediment layer is mobilized and gets hypersaturated. This layer would behave like a ﬂuid with strongly altered permeabilities. For the here applied conditions
the bedforms are quasi-static with respect to the bottom water velocity and the extent of the mobile sheet
layer is negligible. Fast ﬂowing rivers with high bed permeability may exhibit a signiﬁcant underﬂow velocity of the pore water induced by stream gradients [e.g., Bottacin-Busolin and Marion, 2010]. However, this is
not considered here because stream gradients are not present in continental shelf sediments. Even for river
sediments in the permeability range used in this study and typical stream gradients of order centimeter per
kilometer, the underﬂow velocity is an order of magnitude smaller than the smallest characteristic pore water
ﬂow in this study and can thus be neglected.
The model results indicate that bedform migration should not be ignored and may strongly attenuate ﬂux
estimates based on models assuming stationary bedforms or plain beds. The empirical coupling of the governing transport parameters, i.e., the dependence of permeability and migration celerity on grain size and
bottom water velocity, allows for the distinction of three diﬀerent modi of pore water transport in permeable
sediments (Figure 5):
Mode 1. The bedform is stationary, and pressure-driven advective pore water ﬂow is dominant (Ur ≪1),
resulting in a deep solute penetration and high oxygen uptake rates.
Mode 2. The competition of bedform migration and advective-driven pore water ﬂow leads to the formation
of a redox seal. The deeper sediment layer shows suppressed vertical net transport which decreases with
increasing bottom water velocities (Ur = 0.01 –6).
Mode 3. Bedform migration is dominant, and only the bedform itself is well ﬂushed (Ur > 6). The transport
in the sediment below is controlled by diﬀusion and dispersion and ﬂuxes stagnate at low values,
independent of further acceleration of the bottom water velocity.
The general patterns of solute distributions (Figure 3) were previously observed in ﬂume experiments [Precht
et al., 2004] for a narrow range of boundary conditions. The here presented model is capable of simulating
oxygen ﬂuxes based on a few parameters, i.e., grain size, bottom water velocity, and respiration rate, as
summarized in Figure 5.
In a semianalytical approach Elliott and Brooks [1997a] investigated the residence time of a conservative solute
in the sediment for the simpliﬁed case of a constant sinusoidal pressure head over a ﬂat bed. By introducing
solute reactivity and after reformulation of the model (see equations S.21–S.28 in the supporting information of Text S4), we found that the ﬂuxes for stationary bedforms are determined by the bedform length and
Damköhler number, which can be estimated from experiments and in situ measurements. Despite the simplifying assumptions of the traditional Elliot model, it compares well with our model (10% maximum deviation)
for the case of stationary bedforms (Figure 4). However, at migrating bedforms, the pressure-driven advective
pore water ﬂow is deteriorated by bedform migration and our model strongly deviates from the Elliot model,
because the latter do not consider bedform migration. Fast bedform migration and the resulting fast vertical
ﬂow reversal lead to a suppression of net pore water displacement and the formation of a redox seal [Huettel
et al., 2014] which separates deeper anoxic regions from the oxic bedform above. The strength of the concentration gradient and the oxygen ﬂux between these two layers depends on the dispersive transport. While no
dispersion and no diﬀusion would lead to a step change of oxygen concentrations, the up and down movement of water parcels in combination with dispersion enhances the gradient-driven downward transport
[Bottacin-Busolin and Marion, 2010]. The eﬀect can be signiﬁcant as shown for the case of high oxygen respiration rates in ﬁne sand, i.e., high Damköhler numbers, where increasing bedform migration even enhances
the oxygen ﬂuxes at moderate and high reaction rates (Figure 4). This setting may be found on intertidal ﬂats
where respiration rates in ﬁne sand are in the range of 100 μmol l−1 h−1 and larger [de Beer et al., 2005; Gao
et al., 2012].
In contrast to our ﬁnding, negligible eﬀect of bedform migration on oxygen uptake and denitriﬁcation was
reported in a recent model study that simulated migrating bedforms using a travelling sinusoidal pressure
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distribution over a ﬂat bed [Kessler et al., 2015]. The travelling speed (i.e., bedform migration) was coupled
neither to bottom water velocity nor to sediment grain size, and results were presented only for a single
reaction rate (100 μmol l−1 h−1 ) and a single permeability (4⋅10−11 m2 ). However, such a reduced parameter
combination cannot thoroughly capture the eﬀect of bedform migration but reﬂects a rather speciﬁc solution. Even in our study there are speciﬁc parameter combinations that, taken separately, could lead to biased
conclusions. In Figure 4b, for example, the eﬀect of bedform migration seems negligible for a reaction rate of
90 μmol l−1 h−1 and a grain size of 174 μm (permeability of 2.2⋅10−11 m2 )—parameter values that are comparable to those used by [Kessler et al., 2015]—whereas for the majority of parameter combinations the eﬀect is
clearly visible. The high dispersion coeﬃcient is another possible reason why the eﬀect of bedform migration
was not observed in Kessler et al. [2015]. The dispersivity controls the vertical solute transport across the established redox seal. Especially for a ﬂat bed model in which bedform elevation is neglected, dispersion is the only
way to exchange solutes between sediment and water column when bedform migration is fast. The eﬀect of
bedform migration can be strongly reduced by an increased dispersivity, and indeed, a dispersion coeﬃcient
of 1 cm used in Kessler et al. [2015] is rather high of (𝜂) and not of pore scale magnitude.
The modeled oxygen ﬂuxes as a function of bottom water velocity, grain size, and reaction rates vary widely
between 3 and 190 mmol m−2 d−1 which is comparable to the range of measured oxygen uptake rates.
Eddy correlation measurements, which may provide the most realistic oxygen uptake rates for permeable
sediments [Berg et al., 2003], revealed that oxygen uptake of marine subtidal sands can vary between 3 and
30 mmol m−2 d−1 [Reimers et al., 2012; Berg et al., 2013; McGinnis et al., 2014], whereas for intertidal systems,
where nutrient availability and organic matter input is high, net oxygen ﬂuxes were found to range between
F↓O2 = 105 mmol m−2 d−1 and F↓O2 = 170 mmol m−2 d−1 [de Beer et al., 2005].
In this study, the complex pore water transport was investigated as the main controlling variable for benthic
oxygen uptake. However, the oxygen sink within the sediment, i.e., the distribution of the maximum oxygen
reaction rate (R), was assumed to be similar throughout the porous domain. The maximum reaction rate
usually depends on the availability of labile particulate organic matter. Diﬀerent from solutes, particles can be
retained in the pore space and its accumulation depends largely on the ﬁltration capacity of the sands [Rusch
et al., 2001]. In contrast, bedform migration and the accompanied sediment erosion may remove particulate
organic matter and thus may counteract the accumulation by ﬁltration. It is likely that reaction rates are regulated by the transport dynamics of particulate organic matter and may show considerable diﬀerences with
sediment depth. Further, the here presented oxygen uptake is simpliﬁed since it does not consider the oxidation of reduced substrates that diﬀuse upward from deeper sediment layers. However, the implementation of
empirical or mechanistic models to parameterize the reaction rate, and abiotic oxidation is a task for future
studies.
In conclusion, the integrated model approach allows for investigating complex transport processes that
control sediment biogeochemistry and benthic exchange rates. The results strongly suggest that sediment
transport such as bedform migration has a signiﬁcant impact on pore water transport, solute distributions,
and benthic net ﬂuxes. This has to be considered in order to understand the dynamic processes in sandy
sediments and especially their function as natural ﬁlter systems in coastal waters.
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